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ABSTRACT
The distribution of strain in continents is of primary importance in determining Earth’s
topography, the distribution of Earth resources, and hazards. This dissertation explores
several records of continental deformation on timescales from thousands to millions of
years and spatial scales from single faults to whole orogens. Many of these records are
influenced by a complex set of factors and have limited sampling, so I develop and use
new Bayesian statistical approaches in order to rigorously quantify uncertainties in data
and interpretations. The dissertation work is broadly centered on three themes.
First, a novel Bayesian statistical method for modeling and comparing detrital zircon
U-Pb age distributions is developed (Chapters 2, 3). It is shown that this method can be
used to accurately infer uncertainties on population age distributions inferred from samples,
leading to more robust interpretations of geologic processes from detrital geochronology
datasets. In addition, the new method is shown to permit robust quantitative inferences of
mixing and dilution between detrital zircon populations.
Second, the potential to infer paleoseismic slip histories from bedrock fault scarp rock
properties including strength and roughness is explored using bedrock scarps of the Hebgen
Fault, Montana, and the Pleasant Valley Fault, Nevada (Chapters 4, 5). It is demonstrated
that on bedrock normal fault scarps, Schmidt hammer strength measurements and micro-
topographic roughness are distributed in a stepwise pattern up-scarp, suggesting that these
physical properties reflect exposure of patches of the scarp during successive earthquakes.
The number and timing of paleoseismic events inferred from bedrock scarp strength and
microtopography are consistent with available independent constraints on paleoseismic slip
history for the analyzed scarps.
xiv
Third, the structural and stratigraphic effects of the transition from subduction to conti-
nental collision are investigated using the Greater Caucasus as a natural laboratory (Chap-
ters 6, 7). A structural and thermochronometric investigation of the Eastern Greater Cau-
casus, where subduction is active, reveals that pervasive out-of-sequence folding in the
core of the range plays a significant role in thickening the accretionary wedge as it grows
in order to maintain a critical taper. Detrital zircon provenance of three foreland basin
stratigraphic sections distributed along strike of the orogen reveals a detailed picture of the
changes in source exposure and sediment routing that accompany the transition from sub-
duction to collision. Initial entrance of tapered lower plate continental lithosphere into the
subduction zone occurred between 15 and 8 Ma in the Caucasus, 3 - 10 Myrs before plate
kinematic and exhumational effects of collision began at 5 Ma. Inferred collision-related
slowing of plate convergence and acceleration of exhumation in the Caucasus coincided
with the development of erosive conditions in the foreland basin between the two collid-
ing continents and the concomitant formation of an axial drainage network that transported
sediment laterally within the foreland basin.
The chapters of the dissertation are unified in their exploration of how continental defor-
mation at different temporal and spatial scales is preserved in the geologic record. Because
of the complexity of many of these records and the uncertainties inherent in their inter-
pretation, Bayesian statistical methods offer a promising way to increase the reliability of
quantitative geological interpretations, as documented in several of the chapters. In addi-
tion, the dissertation makes a significant contribution to our understanding of the transition




1.1 Dissertation focus and contribution
Tectonic deformation of Earth’s continents drives the formation of topography (e.g., Eng-
land and Houseman, 1986), regional and global changes in climate (e.g., Edmond, 1992;
Molnar et al., 2010; Jagoutz et al., 2016), and the distribution of Earth resources. Unlike
oceanic lithosphere, deformation of continental lithosphere is not restricted to plate bound-
aries, but can be distributed over small or large regions (e.g., Oldow et al., 1990; Wernicke
et al., 2008). Understanding how strain is distributed in continental tectonic systems is key
to assessing hazards, interpreting the geologic record of continental deformation (van Hins-
bergen et al., 2012; Cowgill et al., 2016), and understanding the structure and rheology of
continental lithosphere.
This dissertation makes new contributions to our understanding of strain accommoda-
tion within continents on temporal scales from thousands to millions of years and spatial
scales from single faults to orogens. The contributions include new characterizations of
the structural and sedimentary effects of geologic processes such as subduction and colli-
sion, as well as new tools and techniques for determining fault slip histories and changes in
sediment routing. Many of the available datasets that constrain continental deformation on
timescales of thousands to millions of years are affected by a complex set of tectonic and
surface processes and sampling is often limited. Thus, rigorous quantification of the un-
certainties associated with measurements and the resulting interpretation is essential. This
dissertation makes several contributions to quantifying uncertainty and confidence in ge-
ologic datasets using a Bayesian statistical framework. Bayesian methods are well-suited
to inference problems in Earth science where sampling is limited, solutions are often non-
unique, and assumptions may significantly affect the outcome. The common threads of
the chapters of the dissertation are a focus on exploiting connections between tectonic and
surface processes to understand tectonic systems, use of multiple relative and absolute dat-
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ing techniques to characterize the timing and pace of deformation processes, and the use of
Bayesian statistics to interpret complex datasets. In this introduction, I discuss the influence
of surface processes on the records investigated in the dissertation, review the relative and
absolute dating methods employed in the dissertation, and discuss the Bayesian statistical
framework and why it is useful in an Earth science context. I then provide a brief outline
of the individual chapters.
1.2 Influence of surface processes
The processes of weathering, erosion, and sediment transport act to reduce the overall
gravitational potential energy of Earth’s landscapes, and therefore they have a dynamic
relationship with tectonic processes that alter topography in the course of translating and
deforming lithosphere (e.g., Montgomery et al., 2001; Wobus et al., 2006; Molnar et al.,
2007). The tectonic conclusions made in this dissertation rely in large part on records of
weathering, erosion, and sediment transport from which changes in topography and expo-
sure are inferred and related to tectonism. Several chapters deal with sediment provenance
as a means to constrain tectonically-driven changes to topography, sedimentary basin ge-
ometry, and the exposure of sediment source areas. Two chapters use the intensity of
weathering across bedrock fault scarps as a means to constrain their exposure history. Fi-
nally, one chapter uses thermochronometric measurements, which are influenced primarily
by erosion on million-year timescales, in order to understand the history of deformation
within an orogen. In these chapters, surface processes influence the relative and absolute
age data that serve as a basis for the tectonic investigations presented here. Thus, attention
is paid to the potential for climate (e.g., Soreghan et al., 2002; Litty et al., 2017), stochastic
erosion events (e.g., Ivanov et al., 2016), and autogenic processes (Jerolmack and Paola,
2010) to influence the investigated records, in addition to tectonic processes.
1.3 Relative and absolute dating
Relative and absolute dating methods permit the determination of the timing and pace of
Earth processes. Several chapters of this dissertation use geo- and thermochronological
methods that exploit the decay of radiogenic isotopes in order to constrain the history
of mineral crystallization and cooling (Faure, 1977; Reiners and Brandon, 2006; Dickin,
2018). In addition, two chapters use rock strength and microtopography in order to de-
termine relative ages of exposure at the outcrop scale (e.g., Matthews and Shakesby, 1984;
Goudie, 2006; Wei et al., 2013; Wiatr et al., 2015; He et al., 2016). Here, we briefly discuss
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these methods, leaving more substantive discussions to the chapters where these techniques
are used.
1.3.1 Geo- and thermochronology
Geochronology is the geologic age interpretation of measured radiogenic isotopes in rock
and mineral systems, as well as paleomagnetic data and fossil assemblages. Techniques
used in this dissertation are related to radiogenic isotope decay. Unstable radiogenic iso-
topes spontaneously decay at known rates in geologic materials, yielding daughter prod-
ucts. Measured concentrations of radioactive parents and daughters can be used to calcu-
late the duration of time over which the daughter products have accumulated (Faure, 1977;
Dickin, 2018). In this section, I discuss the basic mathematics of radioactive decay and the
mineral and isotope systems that are radiometrically dated in this dissertation.
1.3.1.1 Radioactive decay
Radioactive decay is a chemical reaction in which an unstable, radioactive isotope decays
to a different isotope by emission of radiation from its nucleus. The emitted radiation could
take the form of an alpha particle, which is composed of two protons and two neutrons, or
a beta particle, which is an electron or a positron (Faure, 1977; Dickin, 2018). The rate of
decay of an unstable isotope, which equals the rate of production of daughter products, is




where N is the concentration (number) of a particular unstable isotope and λ is a constant
of proportionality known as the decay constant (Faure, 1977; Dickin, 2018). Thus, the
concentration of the unstable isotope decreases exponentially over time:
N(t) = N0e
−λt, (1.2)
where N0 is the initial concentration of the unstable isotope and N(t) is the concentration







where D(t) is the amount of daughter product after time t. Experiments have determined
λ for many decay reactions. N0 can often be assumed to be equal to the sum of N(t) and
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D(t), so Eqns. (1.2, 1.3) can be solved to find t, the time since the accumulation of the
daughter began (Faure, 1977; Dickin, 2018).
1.3.1.2 Application of radioactive decay to geo- and thermochronology
Geo- and thermochronology differ in the retentivity of the daughter product of interest in
a geologic material. For instance, if a given daughter product is retained in a mineral at
all temperatures beneath the melting temperature of the mineral, then the time t inferred
from Eqns. (1.2, 1.3) reflects the duration of time since the mineral crystallized. This is
the case with the U-Pb system in zircon under typical conditions (Cherniak and Watson,
2001), a system used for geochronology. On the other hand, many daughter products of
radioactive decay can more readily diffuse out of a mineral than Pb can diffuse out of
zircon. Diffusion is temperature and time dependent, and in such systems a measured
radiometric age depends on the particularities of the time-temperature history of a given
sample (Wolf et al., 1998). Thermochronology is the use of radiometric ages measured from
these systems to constrain the time-temperature history of a given sample. The behavior
of a thermochronometric system can be characterized by a nominal ‘closure temperature,’
the temperature or range of temperatures that correspond to a measured radiometric age for
a set of prescribed time-temperature histories (Dodson, 1973). The closure temperatures
of common thermochronometers range from 60◦ C to >500◦ C (Reiners and Brandon,
2006). In this dissertation, I use a variety of geo- and thermochronometric systems. In
this introduction, I provide a brief summary of the use of U-Pb ages of detrital zircons as
a sediment provenance indicator because of the use of this technique in several chapters,
and I leave discussions of other geo- and thermochronometric systems to their respective
chapters.
1.3.1.3 Detrital zircon U-Pb geochronology
Because zircon U-Pb ages are robust to Earth surface conditions (Cherniak and Watson,
2001; Gehrels, 2012), the ages of detrital zircons are commonly used as a tracer of sedi-
ment transport in modern and ancient depositional systems (summarized in Gehrels, 2012).
Populations of detrital zircon ages are determined by a combination of factors including the
ages of zircons present in source areas, the zircon concentration within source areas, spa-
tial and temporal variations in erosion, and sediment transport and storage processes (e.g.,
Amidon et al., 2005; Dickinson, 2008; Tranel et al., 2011; Gehrels, 2012; Satkoski et al.,
2013; Garçon and Chauvel, 2014). Detrital zircon age populations are often multi-peaked





10s - 100s of ages
?
How accurately can we infer the population from the sample?




0 1000 2000 3000 4000
Age (Ma)
0 1000 2000 3000 4000
Figure 1.1: Detrital zircon populations are shaped by geologic processes and detrital zircon
samples are influenced both by these geologic processes and by sampling effects. A sample
age distribution can deviate significantly from its parent population distribution, though
it is the unknown parent population that is relevant for geological interpretation. Thus,
the choice of how to infer parent population characteristics from samples is critical. The
population shown is a large detrital zircon dataset (Pullen et al., 2014) and the sample is a
random subsample (n = 60) of the dataset. Plots use the kernel density estimation method
of Botev et al. (2010). Reproduced from Chapter 2.
2.1). Because of the complexity of these population age distributions, detrital zircon U-Pb
age samples are subject to significant sampling effects such that sample age distributions
differ significantly from population age distributions (Fig. 2.1; e.g., Dodson et al., 1988;
Vermeesch, 2004; Andersen, 2005).
If characteristics such as the relative proportions of different U-Pb age peaks can be
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Figure 1.2: If two detrital zircon U-Pb age samples come from two different positions
within the same depositional system, then the dilution of ages between the two samples
carries information about zircon fertility, sediment storage, and/or spatial differences in
erosion. The figure shows a schematic diagram of a catchment in which two samples were
collected, and the zircon age distributions of the two sampled populations are shown below.
The red portion of the catchment corresponds to the area upstream of sample 1 whereas the
blue portion of the catchment corresponds to the area upstream of sample 2, but not sample
1. Reproduced from Chapter 3.
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ferences about erosion, zircon fertility, and other factors that influence the zircon U-Pb age
populations in a sedimentary environment (Fig. 3.1; e.g., Niemi, 2013). However, given
typical sample sizes of detrital zircon U-Pb age studies (n ∼ 100; Sharman et al., 2018),
the effects of limited sampling typically inhibit reliable inference of U-Pb age population
characteristics from detrital zircon samples (Andersen, 2005). The inability to accurately
infer U-Pb age population characteristics from samples is evidenced by sample size bias-
ing exhibited by most quantitative comparative metrics for detrital zircon datasets, where
at typical sample sizes, two samples randomly drawn from the same population are not
recognized as having potentially identical parent populations (Satkoski et al., 2013; Saylor
and Sundell, 2016; Tye et al., 2019). In this dissertation, I develop a statistical method that
is capable of accurately inferring candidate parent populations and their uncertainties from
detrital zircon U-Pb age samples. This method has the potential to significantly enhance
the interpretation of tectonic and surface processes from detrital zircon U-Pb ages and other
quantitative sediment provenance tracers. I employ a Bayesian statistical framework for the
new method because of the ease with which uncertainties in inferred detrital zircon U-Pb
age populations can be assessed.
1.3.2 Relative dating methods
The use of relative dating techniques is common in geomorphology, and where relative ages
are correlated with absolute ages they can yield important information about the timing and
pace of landscape evolution (Birkeland, 1982; Matthews and Shakesby, 1984; Shiraiwa and
Watanabe, 1991; Nishiizumi et al., 1993; Gosse and Phillips, 2001; Goudie, 2006; Shakesby
et al., 2006). In this dissertation, I use Schmidt hammer rock strength measurements and
microtopographic roughness as means of relative dating. The use of both of these tech-
niques is briefly discussed here.
The Schmidt hammer is a handheld strength testing device originally designed for use
on concrete that has been applied to studies of rock weathering in many contexts (Matthews
and Shakesby, 1984; Goudie, 2006). Though several types of Schmidt hammers exist, the
most commonly used by geomorphologists is the N type (Goudie, 2006). The Schmidt
hammer measures rock strength on a unitless scale from 0 to 100, the value of which is
referred to as the R value. R values are correlated with uniaxial compressive strength and
Young’s modulus (see review in Goudie, 2006). Schmidt hammer R values have been
shown to vary with the intensity of weathering on a rock surface, permitting their use as
an indicator of relative exposure ages of these surfaces (Matthews and Shakesby, 1984;
Aydin and Basu, 2005; Stahl et al., 2013; Matthews et al., 2016). Different authors have
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explored different methods of quantifying weathering intensity using individual R values
or differences between R values measured from successive impacts at a single location
(Aydin and Basu, 2005; Shakesby et al., 2006; Matthews et al., 2016). R values are also
sensitive to lithology (e.g., Matthews et al., 2016), making relative exposure dating difficult
when multiple lithologic types are involved. In this dissertation, I present Schmidt hammer
results from two bedrock fault scarps in the western U.S. from which relative exposure ages
are inferred.
I also make use of topographic roughness as a measure of weathering intensity, a proxy
for relative exposure age. Relationships between topography and landform age have been
explored across a variety of spatial scales including whole-orogen scales (e.g., Baldwin
et al., 2003), landform scale (Andrews and Hanks, 1985; Andrews and Bucknam, 1987), and
the scale of microtopography of bedrock outcrops (Wei et al., 2013; Wiatr et al., 2015; He
et al., 2016). This dissertation makes use of millimeter-scale microtopography of bedrock
fault scarp outcrops, measured using terrestrial lidar, as a means of relative exposure age
dating. Previous studies indicate that surface roughness increases over time due to weather-
ing, particularly on spatial scales of several centimeters and smaller (Wei et al., 2013; Wiatr
et al., 2015; He et al., 2016). In the dissertation, I use this expected roughening as a proxy
for relative exposure age of large patches of bedrock fault scarps inferred to have been ex-
posed during successive earthquakes. Existing studies of microtopography as a proxy for
relative exposure age (Wei et al., 2013; Wiatr et al., 2015; He et al., 2016), including those
within this dissertation, are confined to carbonate lithologies, and the utility of this method
on non-carbonate lithologies is unknown.
1.4 Bayesian inference
Many problems in Earth science are undersampled, have non-unique solutions, and are
strongly influenced by assumptions. Bayesian methods are useful for such problems be-
cause they require an explicit statement of the assumptions used for parameter estimation
and permit the rigorous quantification of uncertainty (Raftery, 1995; Kruschke, 2013). Be-
cause of their utility, Bayesian methods have found use in many branches of Earth science,
including geochronology, geodesy, and paleoseismology (Bronk Ramsey, 2009; Gallagher,
2012; Cowie et al., 2017; Hines and Hetland, 2017; Tye and Stahl, 2018; Tye et al., 2019).
Bayesian inference is based on Bayes’ Therem, which arises from the definition of
conditional probability:




where A and B are two events. Bayes’ theorem can be used in model selection to quantify
the acceptable distribution of model parameters θ given the distribution of data d (Raftery,
1995):
P(θ|d) = P(d|θ) P(θ)
P(d)
(1.5)
Because a given dataset d does not change as a function of model parameters θ, P(d) can
be ignored for model parameter estimation for a given dataset. P(θ|d) is referred to as
the posterior and represents the statistical support the data provide for a given set of model
parameters. P(d|θ) is referred to as the likelihood and is the probability of observing the
dataset for a given set of model parameters. P(θ) is referred to as the prior and reflects
foreknowledge or assumptions about the model parameters that are independent of the
observed data (Raftery, 1995; Kruschke, 2013). Eqn. 1.5 can be used with random draws of
candidate model parameters θ, referred to as Monte Carlo sampling, in order to characterize
the distribution of P(θ|d), which describes the permissible model parameters θ given the
data d and prior assumptions about the model parameters P(θ). The shape and width of
the distribution of P(θ|d) indicate the uncertainties on inferred model parameters and the
covariance structure.
An important aspect of Bayesian inference is the expression of foreknowledge or as-
sumptions about the model using the prior term P(θ). What type of prior distribution to use
is determined by an investigator and depends on the availability of independent constraints
on the model parameters θ that the investigator seeks to infer. Prior distributions can range
from uniform distributions, which signify minimal foreknowledge of the model parameters,
to narrow probability distributions where parameters are well constrained, for instance by
previous study (e.g., Kruschke, 2013). Thus, prior distributions provide a transparent and
explicit statement of assumptions about a given system.
This dissertation includes a new Bayesian approach to modeling the probability dis-
tributions of detrital zircon U-Pb age samples. The Bayesian approach uses a set of pa-
rameters θ to represent a U-Pb age distribution and uses Eqn. 1.5, together with random
generation of candidate model parameters, to infer the set of U-Pb age distributions that
are consistent with an observed set of zircon ages d. This new approach permits analysis
of the uncertainty inherent in inferring a population distribution from a sample.
1.4.1 Selection between multiple model forms
In instances where the functional form of a model is not known, it can be desirable to
compare the probabilistic support for two different hypothesized model forms. A Bayesian








where θ1 and θ2 represent sets of model parameters that correspond to two different func-
tional forms that are being compared to one another. Thus, the Bayes factor integrates the
posteriors of two different model forms over their respective parameter spaces and then
uses the ratio of one integrated posterior to the other as a measure of which model form has
greater statistical support.
In cases where it is impossible or impractical to calculate the integral of the posterior
for two different model forms, different metrics can be used to compare the statistical
support for two different model forms. These metrics include the Bayesian Information
Criterion (BIC; Schwarz et al., 1978), and the Akaike Information Criterion (AIC; Akaike,
1981, 1998). BIC and AIC are functions of the maximum likelihood of a given model
form, the number of model parameters, and the sample size (Schwarz et al., 1978; Akaike,
1981, 1998). Both metrics seek to determine which of two model forms yields the most
appropriate fit by maximizing likelihood but also penalizing models that overfit the data
(Burnham and Anderson, 2004). BIC was derived as an approximation to the Bayes factor
(Schwarz et al., 1978; Burnham and Anderson, 2004), and AIC can be formulated as an
approximation to the Bayes factor given certain priors (Burnham and Anderson, 2004).
Burnham and Anderson (2004) argue that if the data can be modeled by a set of many
effects of variable influence and the model is intended to capture all of these effects, then
AIC is the most appropriate selection criterion, and BIC may favor models that are too
simple and do not account for some of the subtler effects. However, if the data can be
modeled by a small number of major effects, then BIC is the most appropriate selection
criterion (Burnham and Anderson, 2004).
As part of this dissertation, I use these techniques to determine the most appropriate
model of the distribution of rock strength and microtopographic roughness on bedrock
fault scarps. The purpose of the analysis is to recover the broad trends of rock strength and
topographic roughness that may yield insight into the exposure history of an entire outcrop.
Modeling smaller magnitude effects such as minor lithologic heterogeneities is not desired.




This dissertation consists of this introduction, six content chapters, and a conclusion. Here,
I briefly introduce the remaining chapters, mentioning the major topics and aims of each
chapter.
Chapter 2 introduces a Bayesian statistical framework to address a longstanding issue
with detrital zircon U-Pb geochronology sediment provenance studies. U-Pb ages of de-
trital zircons are commonly used as a tracer of sediment provenance. The distributions of
these ages in a given sample can be highly complex, and previous methods for modeling
and comparing these datasets are biased with respect to sample size, potentially affect-
ing the validity and reliability of tectonic and sedimentological interpretations that could
be made from the data. The Bayesian method introduced in the chapter, called Bayesian
Population Correlation (BPC), quantifies sampling-related uncertainties and permits more
robust quantitative tectonic and sedimentological interpretations of detrital zircon U-Pb
datasets.
Chapter 3 presents a series of applications of BPC to published detrital zircon U-Pb
age datasets. The applications demonstrate the utility of BPC for quantifying the effects of
sedimentary processes such as sorting, dilution, and storage on detrital zircon populations.
The chapter develops a series of equations that can easily be applied in combination with
BPC analysis to test for the effects of these sedimentary processes in other detrital zircon
U-Pb age datasets.
Chapter 4 presents a new method for inferring paleoseismic slip histories on faults with
exposed bedrock fault scarps. The chapter explores the use of the distribution of rock
strength on a bedrock fault scarp as an indicator of the boundaries of paleoseismic slip
patches that were exposed in successive earthquake events. We use a Bayesian model se-
lection technique, the Bayesian Information Criterion (Schwarz et al., 1978), to assess the
structure of the distribution of rock strength on the Hebgen Lake fault surface in Montana,
as measured by a Schmidt hammer, a standard strength testing device. We find that the dis-
tribution of rock strength on the Hebgen Lake fault is best fit by a step function, consistent
with the effects of instantaneous exposure of slip patches during successive earthquakes.
Chapter 5 builds on the rock strength paleoseismic method presented in chapter 4, ap-
plying the method to the Pleasant Valley fault scarp in Nevada, where the paleoseismic
history is well-constrained and there is space to conduct multiple Schmidt hammer rock
strength surveys. We compare the results of the strength testing to other techniques such
as measurement of fault scarp surface roughness, finding that available observational and
quantitative methods agree on a single paleoseismic slip history for the scarp. This study
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provides additional support for rock strength testing as a method for assessing paleoseis-
mic slip histories. Together, Chapters 4 and 5 provide new data that constrain the spatial
and temporal distribution of strain in the Basin and Range province, a region of extensional
deformation distributed throughout a broad section of western North American lithosphere.
Chapter 6 explores the sedimentary record of the initiation of continental collision in
the Greater Caucasus orogen, in which continental collision is inferred to have begun ∼5
Ma. The chapter combines a comprehensive detrital zircon U-Pb age dataset from the
region with a compilation of published stratigraphic interpretations to characterize the evo-
lution of foreland basin sedimentation, sediment sources, and drainage networks during the
initiation of collision. The study yields a set of specific observable criteria for the begin-
ning of continental collision that may clarify the timing of initial collision in more mature
collisional orogens. In this way, the study provides a basis for testing hypotheses about
the climatic and tectonic effects of the initiation of continental collision in Earth’s largest
orogens.
Chapter 7 uses a new structural and thermochronometric dataset to characterize the
crustal structure and deformation history of an active accretionary prism, the Eastern Greater
Caucasus. Structural geologic mapping from across the range is used to constrain the
crustal architecture of the accretionary prism. Thermochronometry data are used in order to
characterize how strain is accommodated within the prism over time. The study increases
our understanding of how convergent tectonic deformation is accommodated along plate
boundaries.
Chapter 8 briefly summarizes the findings of the chapters and discusses the overall
contributions of the dissertation.
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CHAPTER 2
Bayesian Population Correlation: A
Probabilistic Approach to Inferring and
Comparing Population Distributions for Detrital
Zircon Ages *
Abstract
Populations of detrital zircons are shaped by geologic factors such as sediment transport,
erosion mechanisms, and the zircon fertility of source areas. Zircon U-Pb age datasets are
influenced both by these geologic factors and by the statistical effects of sampling. Such
statistical effects introduce significant uncertainty into the inference of parent population
age distributions from detrital zircon samples. This uncertainty must be accounted for
in order to understand which features of sample age distributions are attributable to earth
processes and which are sampling effects. Sampling effects are likely to be significant at a
range of common detrital zircon sample sizes (particularly when n . 300).
In order to more accurately account for the uncertainty in estimating parent population
age distributions, we introduce a new method to infer probability model ensembles (PMEs)
from detrital zircon samples. Each PME represents a set of the potential parent popula-
tions that are likely to have produced a given zircon age sample. PMEs form the basis of
a new metric of correspondence between two detrital zircon samples, Bayesian Population
Correlation (BPC), which is shown in a suite of numerical experiments to be unbiased with
respect to sample size. BPC uncertainties can be directly estimated for a specific sample
comparison, and BPC results conform to analytical predictions when comparing popula-
*Chapter 2 is published in Chemical Geology: Tye, A. R., Wolf, A. S., & Niemi, N. A. (2019). Bayesian
population correlation: A probabilistic approach to inferring and comparing population distributions for detri-
tal zircon ages. Chemical Geology, 518, 67-78. Supplemental material is available in Appendix A. Software
that facilitates our analysis can be found at https://github.com/alextye/BPC
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tions with known proportions of shared ages. We implement all of these features in a set
of MATLAB® scripts made freely available as open-source code and as a standalone ap-
plication. The robust uncertainties, lack of sample size bias, and predictability of BPC are
desirable features that differentiate it from existing detrital zircon correspondence metrics.
Additionally, analysis of other sample limited datasets with complex probability distribu-
tions may also benefit from our approach.
2.1 Introduction
Detrital zircon U-Pb ages can provide a robust indicator of the provenance of sedimentary
rocks or modern sediment through comparison with the ages of potential source rocks.
The population of zircon ages in a sedimentary rock or modern sedimentary environment
depends on source ages, zircon fertility of source areas, spatial and temporal variations
in erosion, and sediment transport processes in the catchment (e.g., Amidon et al., 2005;
Dickinson, 2008; Tranel et al., 2011; Gehrels, 2012; Satkoski et al., 2013; Garçon and
Chauvel, 2014). Often, these zircon age populations are multi-modal, with the number and
distribution of peaks unknown. A set of detrital zircon U-Pb age measurements thus reflects
the influence of earth processes, operator choices about which part of a grain to analyze
(e.g., Hanchar and Miller, 1993), and the statistical effects of random sampling. Given the
complexity of many detrital zircon age distributions, sampling effects can be significant
and it is important to consider the method by which parent population characteristics are
inferred from samples (Fig. 2.1).
Historically, detrital zircon sample sizes have been chosen based on the probability of
detecting the presence or absence of particular zircon age groups (Dodson et al., 1988;
Vermeesch, 2004, suggest sample sizes of 60 and 117, respectively). Unfortunately, these
sample sizes have been found to be inadequate for representing the relative proportions of
age groups in the parent population (Andersen, 2005). Recent analytical advances facilitate
the acquisition of larger samples (n = 300 - 4000) that more fully represent the underlying
parent population (Fedo et al., 2003; Gehrels et al., 2008; Pullen et al., 2014), but a sig-
nificant portion of published samples, even in recent studies, are characterized by smaller
sample sizes (n ∼ 80 - 120; Sharman et al., 2018).
The dominant tool for detrital zircon interpretation has traditionally been visual com-
parison of probability density plots (Hurford et al., 1984) or age histograms. With the
widespread recognition that visual inspection is prone to analyst bias (e.g., Sircombe, 2000;
Satkoski et al., 2013), several workers have proposed quantitative metrics for assessing the
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Figure 2.1: Detrital zircon populations are shaped by geologic processes and detrital zircon
samples are influenced both by these geologic processes and by sampling effects. A sample
age distribution can deviate significantly from its parent population distribution, though
it is the unknown parent population that is relevant for geological interpretation. Thus,
the choice of how to infer parent population characteristics from samples is critical. The
population shown is a large detrital zircon dataset (Pullen et al., 2014) and the sample is a
random subsample (n = 60) of the dataset. Plots use the kernel density estimation method
of Botev et al. (2010).
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et al., 2003; Saylor et al., 2012, 2013; Satkoski et al., 2013; Vermeesch, 2013). The in-
troduction of such quantitative metrics has greatly enhanced the interpretation of detrital
zircon age data, facilitating comparison of greater numbers of samples.
Many metrics are used, including quantities associated with the Kolmogorov-Smirnov
(K-S) and Kuiper statistical tests (DeGraaff-Surpless et al., 2003; Lawrence et al., 2011;
Vermeesch, 2013; Saylor and Sundell, 2016), and several metrics developed specifically
for detrital zircon age distributions, including Similarity (Gehrels, 2000), Cross Correla-
tion (Saylor et al., 2012, 2013) and Likeness (Satkoski et al., 2013). Quantitative metrics
of correspondence also permit the application of tools such as multi-dimensional scaling
(Vermeesch, 2013; Spencer and Kirkland, 2016) and mixture modeling (e.g., Amidon et al.,
2005; Kimbrough et al., 2015; Sharman and Johnstone, 2017; Sundell and Saylor, 2017)
to detrital zircon datasets. However, geological interpretations made from these quantita-
tive metrics are limited by the degree to which detrital zircon samples accurately represent
sampled parent populations, and there is reason to believe many samples may not be very
representative (e.g., Andersen, 2005; Pullen et al., 2014; Ibañez-Mejia et al., 2018). This
limitation of existing quantitative metrics is evident in the sample size biasing observed in
metric values (Satkoski et al., 2013; Saylor and Sundell, 2016). Relatedly, existing metrics
do not provide ways to estimate confidence intervals on metric values, and metric behavior
is not well understood beyond indicating that some sample pairs are relatively more alike
or less alike than other pairs. Given the complexity of detrital zircon age distributions and
the limited sampling that characterizes many datasets, there is an ongoing need for new
metrics of correspondence that behave in stable and predictable ways and permit robust
estimation of metric uncertainty.
Here, we introduce a new method of inferring and comparing zircon age population
distributions that formally incorporates the uncertainty inherent in inferring population dis-
tributions from detrital zircon samples. Accounting for this uncertainty is important for
detrital zircon studies because most parent populations are too complex to be adequately
represented by typical sample sizes, and such accounting may also result in a more stable
and predictable correspondence metric. Our method infers sets of potential parent popu-
lations that are likely to have produced a given sample, which we refer to as probability
model ensembles (PMEs; Fig. 2.2). We use a Bayesian framework for this inference be-
cause such a framework allows the rigorous quantification of how well any candidate parent
population is statistically supported by a given sample. Within this framework, a Markov
Chain Monte Carlo (MCMC) procedure is used to aggregate the potential parent popula-
tions contained in each PME. PMEs can be plotted to visually assess the level of constraint
that a given zircon age sample places on its parent population. PMEs also form the basis
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for a new correspondence metric, Bayesian Population Correlation (BPC), which reflects
the likelihood that two samples were drawn from the same parent population, as opposed
to two distinct parent populations. BPC is the first detrital zircon correspondence metric to
display near-complete freedom from sample size bias. In addition, BPC uncertainties can
be directly estimated for a specific dataset comparison and BPC results can be predicted
from population characteristics using an analytical expression we derive from probability
theory. Such predictability permits quantitative interpretations about processes affecting
parent populations (e.g., dilution in a sedimentary system). In order to facilitate the use of
our methods, we provide MATLAB® scripts (also available as a standalone application)
for inferring PMEs and calculating BPC (https://github.com/alextye/BPC).
2.2 A Bayesian method for inferring ensembles of detrital
zircon age populations
Earth processes act on populations of detrital zircons, of which measured age samples
are subsets (Fig. 2.1). Therefore, making geological interpretations from detrital zircon
age data requires using age samples to infer the characteristics of parent population age
distributions. Such inference is uncertain because many different parent population age
distributions may have produced a given sample set. However, some potential parent pop-
ulations are far more likely than others. Identifying the set of potential parent populations
that are likely to have produced a sample set of observed ages could thus permit more ro-
bust geological interpretations of detrital zircon age samples. Here, we present a Bayesian
approach for inferring sets of detrital zircon parent populations that are consistent with a
set of observed ages. This approach is quantitative and internally consistent, and may lead
to more robust interpretation of detrital zircon age samples.
Our method uses Bayes’ Theorem to quantify the level of statistical support that a set
of zircon ages provides for a candidate parent population. Bayes’ Theorem expresses the
probability that a particular model, defined by parameters θ, fits a dataset d (Raftery, 1995):
P(θ|d) ∝ P(d|θ) P(θ) (2.1)
with bold symbols indicating vectors. P(θ|d) is the posterior probability that model θ
accurately describes the process that produced dataset d, P(d|θ) is the likelihood of ob-
serving data d given probability model θ, and P(θ) is the prior probability of θ based on
a priori assumptions about the distribution of the model parameters (see Section 2.2.3).
For a given dataset d, P(θ|d), P(d|θ), and P(θ) are distributions of probability over all
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Figure 2.2: The variability of random samples drawn from a population is accurately cap-
tured by Probability Model Ensembles (PMEs) inferred from a single sample. (a) Kernel
density estimate curves (KDEs, inferred using the method of Botev et al., 2010) of random
samples (n = 60, 100, 300) of a population. Samples were drawn directly from the KDE
inferred for the complete dataset of Pullen et al. (2014). (b) Probability model ensembles
(PMEs) inferred for a single sample of varying sample size show an excellent match to the
values and variability observed in the subsample KDEs. The KDE curve calculated for each
sample is also shown in red, indicating that PMEs capture all major age peaks captured by
the KDE. Dot plots underneath each panel show the ages of the single random subsample
used to infer each PME (vertical scatter used for visual clarity).
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possible model parameters θ. The posterior distribution P(θ|d) is particularly useful be-
cause it quantifies the support that the data provide for various models as parameters vary.
Thus, the distribution of P(θ|d) indicates how tightly or loosely the data constrain each
model parameter θk, whether the parameters covary, etc. In the detrital zircon application,
d is the set of ages and analytical uncertainties of one detrital zircon sample and each model
is a potential parent population of the observed sample, defined by parameters θ. Sampling
the posterior distribution P(θ|d) yields a representative set of the potential parent popu-
lations likely to have produced the observed sample, which we call a Probability Model
Ensemble (PME). Some detrital zircon samples may support a wide variety of candidate
population probability models, whereas others support a more constrained set of models
(Fig. 2.2). Permissible model variability is reflected in the distribution of inferred model
parameters in a PME. This information is lost when only a single kernel density estimator
(KDE) curve or probability density plot is used for a given detrital zircon sample.
2.2.1 Representation of detrital zircon age distributions using b-splines
Inferring ensembles of potential parent populations in a Bayesian framework requires an
efficient method of representing probability density functions (PDFs) using a set of model
parameters θ. Efficient representation is provided by basis-spline or b-spline functions
(Fig. 2.3). In b-splining, model curves are generated by summing a series of basis functions
b1...bn. Each basis function bk is a piecewise function with non-zero value over a limited
portion of the x axis (Fig. 2.3a), and each basis function has a coefficient θk that controls
its height. The piecewise function boundaries are called knots, and the shape of each basis
function depends on the number of model parameters compared to the number of knots
(De Boor, 1978). To generate a model curve s(x|θ), the basis functions are multiplied
by their respective coefficients and summed (Fig. 2.3b, c). In our method, many basis
functions are distributed at fixed, regular intervals over an x axis that corresponds to zircon
U-Pb age and basis functions correspond candidate parent population PDFs for a given
sample (similar to Eilers and Marx, 1996). In order to simplify our modeling, we use
splining to model natural log-transformed probabilities, such that each spline curve s(x|θ)
is a natural log-transformed probability model (see discussion of the advantages of our
approach in Section A.2). Each spline curve s(x|θ) corresponds with a PDF that we define
g(x|θ) = exp[s(x|θ)] (2.2)
Each candidate parent population PDF, g(x|θ), is uniquely identified by its set of basis




























































































Figure 2.3: Third order basis splines provide an efficient way to represent probability den-
sity functions (PDFs) using a finite number of model parameters. (a) Each spline basis
function bk is a piecewise function (boundaries, called knots, shown by dashed lines) that
is composed of quadratic pieces and is smooth and differentiable (De Boor, 1978). Im-
portantly, each basis function is defined such that it has non-zero value over only a limited
region. A coefficient θk is multiplied by the basis function to control its height. (b) In our
application, third order basis splines, shown in color, are distributed at regular intervals
along the x axis, which corresponds to zircon U-Pb age. The resulting modeled curve, s(x),
is the sum of all basis functions multiplied by their respective coefficients. This example
shows the effect of having the coefficient for each basis function equal to one. (c) This
example shows a modeled curve when spline coefficients are varied, with these particular
values generated randomly and shown beneath the basis functions. To simplify compu-
tation, our application uses these modeled curves as natural log-transformed probability
density functions, as discussed in Sections 2.2.1, A.2.
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indicate the range of permissible basis function coefficients warranted by a given zircon
age dataset, providing a direct estimate of the uncertainty of age peak heights.
The fact that each basis function has non-zero value over a fixed and localized area
means that each parameter θk has highly localized influence. The localized influence of
each θk means that the probability of observing a grain of a certain age is a function of a
small subset of the model parameters, greatly simplifying the response of model likelihood
P(d|θ) to changes in each model parameter θk (see Section A.3 for further discussion).
Note that the probability model curves g(x|θ) generated by this b-spline method could
potentially have integrated areas that diverge from unity, meaning they are not true PDFs,
and we correct for this divergence in the calculation of likelihood P(d|θ) below. Prior to
being plotted or returned to the user, probability model curves g(x|θ) are normalized to
integrate to unity for ease of use.
The specifics of our implementation of this spline method are chosen to simplify com-
putation and make efficient use of limited computational resources. Our implementation
uses 100 spline basis functions, distributed in a mixed log and linear scheme over zircon
U-Pb age space (see further discussion in Section A.2). Our use of a mixed linear and
log basis function arrangement is motivated by the systematics of the U-Pb system and the
mass ratios measured to calculate U-Pb ages (see Gehrels, 2000; Gehrels et al., 2008, for
further discussion). For ages <1 Ga, the 238U/206Pb ratio generally yields the most precise
age, and the analytical uncertainty of these ages increases proportional to the measured age
(Gehrels, 2000). The proportionality of analytical uncertainty to age in the <1 Ga range
suggests that a logarithmic age scale is appropriate in order to capture more precise age
peaks at younger ages. For ages >1 Ga, the 207Pb/206Pb ratio generally yields the most
precise ages, and analytical uncertainties associated with these ages show an extremely
slight, poor negative correlation with age (Gehrels, 2000), such that they are effectively
uncorrelated. Because of the effective lack of correlation between ages and uncertainties
for ages >1 Ga, basis functions are deployed on a linear age scale at ages >1 Ga, such that
basis function width does not change with age. For further discussion of our choice of age
scale, see Sections 2.4.4 and A.2.
2.2.2 Quantifying the likelihood
Likelihood indicates the probability of drawing the observed sample from a candidate par-
ent population. The likelihood of a single age, P(di|θ) is determined by evaluating the PDF
that corresponds to the coefficients θ for datapoint di (Fig. 2.4). As mentioned above, we
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Figure 2.4: Likelihood P(di|θ) is calculated for a candidate parent population model g(x|θ)
from the function values of g(x|θ) corresponding to observed zircon U-Pb ages in a sample.
Likelihoods are calculated by marginalizing (integrating) over the analytical uncertainty of
each observed grain age. See discussion in Section 2.2.2 for more detail.
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simplifies our calculations (see further discussion in Section A.2). Thus, each spline curve
must be exponentiated to evaluate likelihood. As mentioned above, the curves g(x|θ) that
correspond to model parameters θ may not integrate to 1 (a requirement for a true PDF), so
we normalize the likelihood we infer from these curves by the integrated area of the curve.
We account for the analytical uncertainties in each measured age by marginalization: rather
than evaluate g(x|θ) at a single x value for each datapoint di, we evaluate the surrounding
area and weigh the function values g(x|θ) by the Gaussian distribution that describes the





g(x|θ) · ai(x) dx (2.3)
where g(x|θ) is the spline function that corresponds to model parameters θ, and ai(x) is a
Gaussian distribution representing the age and analytical uncertainty of di. In our imple-
mentation, the integration in Eqn. (2.3) is solved numerically using Riemann summation,
and the area under g(x|θ) is also calculated by Riemann summation.
Because each zircon age measurement represents an independent draw from its parent
population, the likelihood of observing an entire sample d given model θ is the product of





where n is the sample size.
2.2.3 Prior assumptions
Bayesian methods require the explicit statement of prior assumptions, in the form of the
probability distribution P(θ) incorporated into Bayes’ Theorem (Eqn. 2.1). Though it may
seem generally desirable to make no assumptions, all methods of estimating population
probability distributions from finite samples rely on a set of assumptions. Our method uses
the prior to enforce the assumption that a distribution should be smooth and uniform in the
absence of evidence to the contrary, with peak heights that scale appropriately given the
sample size. Such an assumption is an integral part of previous methods to estimate PDFs
from finite samples, including kernel density estimation (Silverman, 1986; Botev et al.,
2010; Shimazaki and Shinomoto, 2010), as well as previous use of b-splines for density
estimation (Eilers and Marx, 1996). We tested three prior distributions to enforce this
assumption, including multivariate Gaussian, multivariate Cauchy (Ferguson, 1962), and
multivariate Student t distributions. Ultimately, we decided to use the multivariate Student
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t distribution because of its ease of use and the reasonable behavior of resulting PDFs, as
discussed below.
Our first prior assumption is that in the absence of data, any zircon age is as likely as any
other within the modeled domain. This assumption is quantified by treating the expected
value of each model parameter θk as the height of a uniform probability distribution over





where range(Zircon U-Pb age) here refers to the log-age range over which modeling is
conducted, 1 - 4000 Ma in our application. The expected value shown here will yield a
uniform distribution over x that integrates to 1. This expected value is the peak of the prior
distribution for each parameter.
The second assumption we can reasonably make about a PDF inferred from a finite
sample is that if the sample size increases, the height of the age peaks should increase
reflecting the increased confidence gained from a larger sample. To form a rough guideline
for how much peak height should increase with added sampling, we use the example of a
unimodal age distribution. If a unimodal age distribution contains n ages, then the total
integrated probability mass away from the lone age peak should equal ∼ 1
2n
. This is so
because if a second age peak existed in the sampled population and constituted a share of
the population of> 1
2n
, then a sample of size n is more likely than not to include at least one
zircon age from this second age peak. Conversely, a sample of size n does not provide the
statistical power to determine the existence and relative height of age peaks that constitute
a share of < 1
2n
of the population because those peaks are not likely to be included in
a sample of size n. Thus, ∼ 1
2n
is a conservative rough estimate of the total probability
mass in a given distribution that is not assigned to recognized age peaks in the distribution.
The heavy tailed prior distributions that we tested, the Cauchy and multivariate Student t
distributions, were able to achieve this desired scaling, whereas the multivariate Gaussian
distribution was not. A more detailed and rigorous discussion of this scaling can be found
in Section A.4.
Our third consideration for the choice of prior distribution is the ability to choose the
degree to which a distribution is smoothed, or equivalently stated, the covariance between
adjacent basis functions. The multivariate Student t distribution incorporates a covariance
matrix, which makes it easy to specify the covariance between adjacent basis functions,
while the multivariate Cauchy distribution does not.
The multivariate Student t prior enforces norms that are common to all methods of in-
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ferring continuous PDFs from finite datasets of which we are aware, including those that
are commonly used with detrital zircon U-Pb data (e.g., Botev et al., 2010). We parame-
terize the multivariate Student t distribution using the expected parameter values described
by Eqn. (2.5). The covariance matrix we use to parameterize the Student t distribution
defines the variability of each basis function coefficient as well as the covariance between
the coefficients. Coefficient variance is defined by the diagonal elements of the covariance
matrix. Coefficient covariance, which controls the smoothness of modeled PDFs, is defined
by the off-diagonal elements of the covariance matrix. The covariance matrix values we use
to achieve the desired behavior discussed above are diagonal element values of 13.52 and
off-diagonal element values that decay away from the diagonal, following the expression
13.52 e
−| i−j |
100 , where i and j are the row and column index of the respective element. The
distribution has 5 degrees of freedom (Lange et al., 1989). Despite the performance differ-
ences between the multivariate Student t distribution and multivariate Gaussian described
here, we found that calculated BPC values (discussed below) were minimally affected by
the choice of whether to use a multivariate Gaussian or multivariate Student t prior distri-
bution.
2.2.4 Aggregation of probability model ensembles (PMEs)
Representative PMEs are aggregated for a given sample using a Markov Chain Monte Carlo
(MCMC) method, with the Metropolis-Hastings algorithm used to determine whether a po-
tential parent population is added to the PME. In an MCMC method, the unknown poste-
rior distribution P(θ|d) is explored by a random walker moving through an m-dimensional
space, where m is the number of model parameters and each dimension corresponds to a
single parameter. In our case, the movement of the walker and the resulting Markov chain
(the record of the walker’s path through the space) are governed by the Metropolis-Hastings
algorithm, resulting in a Markov chain that is a representative sample of the posterior dis-
tribution P(θ|d) (Gelman et al., 2013). In our implementation, the random walker begins
at the maximum likelihood model (found by inversion; Shanno, 1970) so the walker wastes
no steps in reaching the region of high posterior probability. In order to ensure adequate
sampling of the posterior distribution P(θ|d), we require the random walker to run for a
greater number of steps if parameter values are highly autocorrelated from one step to the
next (Geyer, 1992). MCMC convergence is discussed further in Section A.3. The typical
number of steps in the Markov chain is 104 to 105.
Because the Metropolis-Hastings method generates representative samples of the pos-
terior P(θ|d), models θ are represented in a PME to the degree that they are supported by
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the data. Thus, the permissible variability in models (in this case, parent population PDFs)
is represented in this sample of the posterior. Posterior distributions become more tightly
clustered the greater the level of constraint the data provide on the model parameters. For
instance, when the size of a detrital zircon U-Pb age sample increases, the permissible
variability in potential parent populations shrinks (Fig. 2.2).
2.3 Estimating correspondence between PMEs: Bayesian
Population Correlation (BPC)
In order to assess the correspondence of two zircon age populations using the robust con-
straints contained in PMEs, we develop a new comparative metric called Bayesian Popula-
tion Correlation (BPC). BPC incorporates the uncertainties in parent population inference
that are reflected in PMEs. Specifically, BPC compares the probabilistic support for two
alternative hypotheses: the joint hypothesis (HJ ), in which two observed samples are from
one joint parent population, and the separate hypothesis (HS), in which each sample is
drawn from its own, separate parent population. BPC depends on the relative likelihood
of the two hypotheses, HJ and HS , which can vary over many orders of magnitude, so we














= 〈ln P(dJ |{θJ})〉 − 〈ln P(d1|{θ1})〉 − 〈ln P(d2|{θ2})〉
(2.6)
where d1 and d2 are the age data of sample 1 and sample 2, and dJ is the union of d1 and
d2, representing the combined data of samples 1 and 2. We refer to dJ as the hypothetical
joint sample. {θ1}, {θ2}, and {θJ} are the PMEs of samples 1 and 2 and the hypothetical
joint sample, inferred using the MCMC method described above. Here and in subsequent
expressions, angular brackets indicate the mean ensemble natural log likelihood, which is
calculated by taking the mean of natural log likelihood values of the full PME. In general,
P(dJ |{θJ}) = P(d1|{θJ}) ·P(d2|{θJ}) because dJ is composed of d1 and d2 and zircon
ages di are independent draws from a population so their probabilities are multiplicative.






































Figure 2.5: Two idealized end member scenarios (perfectly corresponding populations
and perfectly non-overlapping populations) assist with the calculation of upper and lower
bounds of the relative likelihood magnitude Λ. Scale bar shows h0, the height of the age
peak of the unimodal samples (see Section 2.3).
Λ = 〈ln P(d1|{θJ})〉 + 〈ln P(d2|{θJ})〉 − 〈ln P(d1|{θ1})〉 − 〈ln P(d2|{θ2})〉 (2.7)
For ease of interpretation, we seek to scale Λ to occupy the range between 0 and 1.
Such scaling can be accomplished by normalizing Λ with respect to two end member sce-
narios: (1) identical parent populations, which will produce the maximum Λ value and (2)
parent populations with no shared ages, which will produce the minimum Λ value. Here,
we calculate these end member results analytically, making the simplifying assumption
that samples are large enough to accurately represent parent population PDFs (Fig. 2.5).












where F1, F2, and FJ are well characterized parent population PDFs and the data are as-
sumed to be independent observations such that P(dJ) = P(d1) · P(d2). In the first end-
member case, where samples are drawn from identical parent populations, F1 = F2 = FJ , so
Eqn. (2.8) shows that Λideal = 0. In the second endmember case, where parent populations
are perfectly non-overlapping, the probability mass of FJ must be spread out in order to
accommodate samples from both populations. In this case, FJ is the sum of F1 and F2 each
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where n1 and n2 are the sample sizes of the two samples. This definition of FJ maximizes
the likelihood of observing dJ , which is the union of d1 and d2. In order to find the
minimum Λ value using Eqn. (2.8), we must relate the likelihood of observing a given
zircon age di under FJ , P(di|FJ), to the likelihood of observing the same age under F1 and
F2, P(di|F1) and P(di|F2). Eqn. (2.3) shows that multiplying F by a constant will also
scale P(di|F ) by the same constant. Therefore, P(di|FJ) can be calculated from P(di|F1)








Considering first the case of di taken from sample 1, we assert that because populations
1 and 2 are perfectly non-overlapping, P(di,1|F2) = 0, which allows eliminating the second
term of Eqn. (2.10). Because the likelihood of observing sample d1 is the product of the
likelihood of each individual age in the sample di,1 (Eqn. 2.4) and because P(di,1|F2) = 0,







By the same reasoning presented above, P(di,2|F1) = 0, so Eqn. (2.11) applies when the
subscripts 1 and 2 are swapped, as well. When this result is substituted into Eqn. (2.8),
numerator and denominator terms cancel, revealing the expression for Λideal when there is









We define Bayesian Population Correlation as a remapping of Λ onto the range of 0 to







Because Λmin accounts for the sizes of each sample, expected BPC values should remain
insensitive to sample size, (though BPC uncertainties vary with sample size, see Section
2.5). Two samples drawn from identical parent populations should produce a BPC value
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of 1, whereas two samples drawn from completely distinct populations should yield a BPC
value of 0. The variation of this metric between 0 and 1, with higher values indicating
increasingly similar populations, motivates our use of the word ‘correlation’ in its name.
We note that BPC is similar to the Bayes factor of Jeffreys (1998), though the Bayes factor
is based on comparison of posterior values rather than likelihood values.
We note that BPC occasionally exceeds 1 for two very similar samples, which can be
explained by the fact that both priors and likelihood influence the construction of PMEs,
but BPC is based solely on likelihood. Consider the example of a sample being compared
against itself, such that to construct the hypothetical joint PME, all observed zircon ages in
the sample are doubled. Our priors are tuned such that larger sample sizes will increase age
peak heights (see discussion in Section 2.2.3). Thus, in the case of two identical samples,
the joint PME will have taller age peaks than the two identical separate PMEs. These taller
peaks result in higher likelihoods for each zircon age than the age peaks of the PME inferred
for the sample by itself. The higher likelihood of each sample age under the joint PME
results in a BPC value slightly greater than 1 (Eqns. 2.6, 2.13). This same phenomenon
can occur for two nearly identical samples. Despite this undesired behavior, we believe the
use of a likelihood ratio is justified because of its well understood behavior. When BPC is
greater than 1, estimated uncertainty (see Section 2.5) typically includes 1.
2.4 Testing the behavior of BPC
We conduct a suite of resampling experiments to test the behavior of BPC. First, a simple
experiment involving unimodal populations with variable overlap tests the basic function-
ing of BPC. Then, the effect of changing sample size on BPC is tested using resampling
experiments conducted with published detrital zircon datasets. Finally, we also conduct
experiments to assess the effect on BPC of varying the proportion of shared ages in two
compared parent populations.
2.4.1 BPC behavior in a simple case
In order to verify that BPC behaves as intended in a simple case, BPC was evaluated for
samples of two synthetic, Gaussian parent populations that are systematically displaced
relative to one another (Fig. 2.6). For this experiment, PMEs were modeled over an x
value domain of 0 to 6.9, which corresponds to the natural logarithmic transformation of
the age range 1 - 1000 Ma, thus paralleling our modeling procedure for zircon U-Pb age
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Figure 2.6: Experiments with a range of partially overlapping Gaussian parent populations
show that BPC inhabits the full metric range between 0 and 1 and returns consistent values
for all tested sample sizes. Two Gaussian parent populations are systematically displaced
from one another (expressed in terms of peak-width units σ) and sampled randomly at
sample sizes n = 60, 117, 300. Resulting samples are compared using BPC. Each symbol
represents the mean and standard deviation of metric values across twenty experiments and
symbols are plotted with small horizontal offsets for visual clarity.
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width is defined with its center located at 3, 3.5, 4, etc. The standard deviation of each
Gaussian parent population is 0.5. Random values are drawn from these Gaussian parent
populations and compared to one another using BPC (Fig. 2.6). The analytical uncertainty
ascribed to each log-age was ∼0.01, which equates to 1% of its value in linear space. The
results of this experiment show that BPC varies smoothly between 0 and 1 with increasing
population overlap independent of sample size, as expected.
2.4.2 Independence from sample size bias
To assess the effects of sample size on BPC for realistic samples, BPC is tested on samples
drawn from existing detrital zircon datasets (Pullen et al., 2014; Thomson et al., 2017) with
variable sample size (Fig. 2.7). The synthetic subsamples used for testing are drawn di-
rectly from the KDEs inferred for the large datasets of (Pullen et al., 2014; Thomson et al.,
2017), which mirrors the process of sampling a population. Cases of identical parent pop-
ulations (two samples drawn from the dataset of Pullen et al. (2014)) and different parent
populations (one sample drawn from the dataset of Pullen et al. (2014), one sample drawn
from the dataset of Thomson et al. (2017)) are both tested, and in each case sample sizes
between n = 60 and n = 400 are used. BPC values calculated between random subsamples
of identical populations cluster around 1, with decreasing scatter as sample size increases
(Fig. 2.7b). When BPC is calculated between random subsamples of two different parent
populations, it demonstrates a consistent value across a range of tested sample sizes (Fig.
2.7c), again with decreasing scatter as sample size increases.
The consistent behavior of BPC and lack of sample size biasing contrasts with the
behavior of published metrics for detrital zircon correspondence (Fig. 2.7) including Simi-
larity (Gehrels, 2000), Cross Correlation (Saylor et al., 2012, 2013) and Likeness (Satkoski
et al., 2013). These published metrics are functions of KDE curves inferred for samples,
and the values of these metrics are dependent on both sample size and KDE method chosen
(Saylor and Sundell, 2016, review and test these metrics). Both of these dependencies are
problematic because they indicate that metric value is not solely a function of differences
between detrital zircon populations, and therefore that these metrics do not solely reflect
geologic processes. For comparison with BPC, Figure 2.7 shows values of Similarity, Like-
ness, and Cross Correlation calculated using the KDE method of Botev et al. (2010), which
is widely used and implemented in the DensityPlotter software of Vermeesch (2012).
It can be seen that the mean values of Similarity, Likeness, and Cross Correlation are each
systematically related to sample size in at least one of the two cases. In addition, of these
three metrics, there is no single metric that minimizes sample size bias in the cases of both
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different parent populations
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Figure 2.7: BPC calculated from random subsamples of two large detrital zircon datasets
are unbiased with respect to sample size, in contrast to existing detrital zircon correspon-
dence metrics. (a) Datasets of Pullen et al. (2014); Thomson et al. (2017) were resampled
by drawing ages directly from the KDE (Botev et al., 2010) calculated for each dataset. (b)
Metric results are shown for when two subsamples of a single population (the dataset of
Pullen et al., 2014) are compared. (c) Results are shown for when subsamples are drawn
from two different populations (the datasets of Pullen et al., 2014; Thomson et al., 2017).
The key shows the plotted metrics, and previously published metrics were calculated using
KDE curves estimated using the method of Botev et al. (2010). BPC is not based on a KDE
method. In (c), note the broken vertical axis.
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identical and different parent populations. In the case of identical parent populations, Sim-
ilarity shows the smallest change in value from n = 60 to n = 400, whereas in the case
of different parent populations, Similarity shows a greater change in value than Likeness
or Cross Correlation. Additional testing using other KDE methods documents changes in
metric behavior when different KDE methods are used (see Section A.5, Fig. A.5). In
addition, we also find that the test statistics and p-values associated with the Kolmogorov-
Smirnov and Kuiper tests, which have been used to assess detrital zircon correspondence,
are biased according to sample size for our resampling experiments (Fig. A.4). The sample
size biasing and dependence on KDE method of these previously published metrics is ex-
plored in more detail elsewhere (Saylor and Sundell, 2016). BPC, which shows minimal or
no sample size biasing and is not based on kernel density estimation, avoids these issues.
2.4.3 Interpreting the meaning of BPC values
Quantitative interpretation of existing metrics is currently limited to determining whether
one pair of samples is more or less alike than another pair of samples. For a metric to
have direct implications for earth processes, the metric would need to directly constrain
parent population characteristics such as the proportion of ages in one population that are
shared with another population. If a metric were to display a robust functional relationship
between the shared proportions of populations and metric value, then the metric could be
used to provide novel quantitative constraints on processes that affect detrital zircon pop-
ulations. BPC has the potential to display such a functional relationship, in large part due
to its grounding in probability theory. We have already demonstrated the use of probability
theory to derive accurate expected BPC values for the cases of identical parent populations
and parent populations with no shared ages (Section 2.3). Therefore, it stands to reason
that expected BPC values derived analytically in a similar fashion could potentially predict
experimental BPC values for partially overlapping parent populations, as well.
We derive an equation for expected BPC value as a function of the proportion of shared
ages of two detrital zircon populations (Section A.6) and test it against BPC values from
resampling experiments (Fig. 2.8). If these expected values are accurate predictions of
BPC values calculated between pairs of detrital zircon samples, then BPC has a functional
relationship to the shared proportions of two populations. Such a relationship would permit
quantitative interpretations of the effects of earth processes on detrital zircon populations
directly from metric value. In order to test whether measured BPC values conform to the
predictions derived from probability theory, we devised additional resampling experiments
where the proportion of ages shared between two populations is systematically varied (Fig.
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0 0 0 0 0 0 0 0 0 0 0
0 0.11 0.14 0.17 0.19 0.21 0.23 0.24 0.25 0.26 0.27
0 0.14 0.2 0.24 0.27 0.3 0.33 0.34 0.36 0.38 0.39
0 0.16 0.22 0.29 0.34 0.37 0.41 0.43 0.46 0.48 0.5
0 0.18 0.26 0.34 0.39 0.44 0.48 0.51 0.54 0.57 0.59
0 0.18 0.28 0.37 0.43 0.49 0.55 0.58 0.63 0.67 0.7
0 0.21 0.31 0.41 0.49 0.56 0.61 0.66 0.71 0.75 0.78
0 0.2 0.32 0.43 0.5 0.58 0.64 0.69 0.75 0.79 0.83
0 0.21 0.34 0.45 0.54 0.62 0.68 0.74 0.8 0.85 0.9
0 0.22 0.35 0.47 0.57 0.66 0.73 0.79 0.86 0.91 0.95
0 0.23 0.37 0.5 0.59 0.69 0.76 0.83 0.9 0.96 1
Figure 2.8: Comparison of numerical experiments to analytical predictions indicates that
BPC is well described as a function of the proportions of zircon age groups that are shared
between two samples. To model the effects of partially overlapping zircon age samples, the
dataset of Pullen et al. (2014), is divided into three subgroups, 0-800 Ma, 800-1550 Ma, and
1550-4000 Ma (see upper left panel). These subgroups are used to generate synthetic zircon
parent populations with variable proportions of shared ages (see description in Section 2.4).
Upper and lefthand margins show typical samples drawn from synthetic populations so
generated. The greater the proportion of each synthetic population that lies in the shared
subgroup, the greater the expected correspondence. The shared fractions of each synthetic
parent population are represented by two independent variables, f1 and f2, which vary
between 0 and 1. f1 and f2 form the x and y axes of the table (note that f2 increases from
top to bottom). In the main plot, colors and black numbers correspond to mean BPC values
from four experiments for each coordinate pair (f1, f2). In each experiment, samples of size
n = 300 were drawn from parent populations 1 and 2. White contours show analytically
predicted BPCideal values, given by Eqn. A.10 in Section A.6, which show an excellent
match with observed results. The uncertainty of each experimental BPC value shown is
0.02.
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2.8). The dataset of Pullen et al. (2014) is divided into three broad subgroups (young, 0-
800 Ma; middle, 800-1550 Ma; and old, 1550-4000 Ma) and synthetic parent populations
are constructed using various mixtures of these subgroups. The subgroup boundaries are
chosen to fall between coherent age peaks in the data. For each experiment, two synthetic
parent populations are defined as follows: parent 1 includes grains of the young and middle
subgroups and parent 2 includes grains of the middle and old subgroups. Thus, a portion of
each synthetic parent population consists of grains of the shared middle age domain. The
proportion of each parent population that belongs to the shared domain is independently
varied from 0 (no middle aged grains) to 1 (entirely middle aged grains) and these propor-
tions are represented as f1 and f2. The synthetic parent populations are then sampled and
BPC is calculated; this procedure is repeated 4 times for each coordinate pair (f1, f2) with
sample size n = 300 and results are shown in black in Figure 2.8.
The results of these experimental results show that BPC varies smoothly between zero
and one as a function of the shared proportions of detrital zircon populations. BPC values
of zero indicate no shared ages between two detrital zircon populations, whereas values
of 1 indicate that the samples are likely to have been drawn from identical parent popula-
tions. BPC values between 0 and 1 indicate partial overlap of the ages contained in the two
populations. We also compare the results of these numerical experiments to expected BPC
values derived analytically for variable f1 and f2 (see Section A.6, Eqn. A.10). Expected
BPC values are shown in white contours in Figure 2.8. BPC results from the resampling
experiments conform almost perfectly to the expected values, indicating that BPC values
can be accurately predicted from probability theory.
In order to ensure this correspondence between measured and expected BPC values is
robust under a variety of realistic conditions, we performed two additional variants of the
experiment described above. First, we divide the Pullen et al. (2014) dataset into 20 natural
age peaks and then assign each of those age peaks to one of three subgroups such that the
age peaks of each subgroup are interspersed across the full range of ages present in the
dataset. Random subsamples are drawn with replacement from the subgroups and BPC
calculated as above. The results of this experimental scheme are indistinguishable from the
results when the three subgroups are defined as 0-800 Ma, 800-1550 Ma, and 1550-4000
Ma (Fig. 2.8). Thus, BPC values can be accurately predicted even when the shared and
unshared age peaks of two populations are dispersed throughout the range of age values
present. In order to test the effect of varying sample size on the predictability of BPC val-
ues, the sizes of compared samples were systematically varied for selected combinations of
(f1, f2). BPC values were within uncertainty of expected values (see below for estimation
of BPC uncertainties) for all tested cases, including when sample sizes differ by up to an
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order of magnitude. The results of these additional experiments show that BPC values can
be accurately predicted from (f1, f2) over a variety of sample sizes and in situations where
shared and unshared age peaks are interspersed in compared populations.
The functional relationship between BPC and shared population proportions can be in-
verted, meaning that a BPC value found for two real detrital zircon samples can be used
to constrain the shared proportions of the sampled parent populations, which are unknown
for natural samples. The shared proportions of two detrital zircon populations (f1, f2) are
directly affected by geologic processes such as sediment mixing (see Niemi, 2013, and
Section A.6 for further discussion). Thus, the ability to infer the shared proportions of two
detrital zircon populations permits quantitative interpretations of geologic processes from
detrital zircon age samples that were not previously possible. The near perfect conformity
of BPC values to theoretical expectations for partially overlapping parent populations sug-
gests that expected BPC values could be derived for other more complicated scenarios as
well, such as multiple partially overlapping age categories.
2.4.4 Limitations of our implementation of BPC
The fixed location and width of b-spline basis functions suggests that if age peaks are
narrow and closely spaced enough, then these age peaks might not be differentiated in
PMEs. To quantitatively assess the effect of resolution issues on PME inference and BPC,
we performed repeated experiments using synthetic Gaussian parent populations (similar to
Fig. 2.6) with variable widths. As might be expected, these experiments indicated that our
PME inference method cannot resolve age peaks that are narrower than a single spline basis
function. If the major differences between two populations are defined by small offsets
between such narrow age peaks, calculated BPC values may be too high. Our mixed log
and linear age scale (Section 2.2.1) results in the following minimum widths for age peaks
to be fully resolved by our method. Spline basis functions are distributed on a logarithmic
age scale at ages <1 Ga, and an age peak <1 Ga must have a standard deviation of at
least 3.5% of its age value to be fully resolved. For instance, a 100 Ma peak must have a
standard deviation of at least 3.5 Ma. An age peak>1 Ga must have a standard deviation of
at least 35 Ma to be fully resolved. We note that these required widths are somewhat greater
than the analytical uncertainty of a typical detrital zircon age measurement. However, we
suspect that they will be adequate for most detrital zircon age populations, and Figure 2.2
shows that our implementation completely recovers the age peaks revealed by a popular
KDE method (Botev et al., 2010).
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Figure 2.9: Resampling experiments show that the variation of models within PMEs per-
mits estimation of robust BPC uncertainties. (a) BPC with uncertainties for 20 experiments
with random subsamples drawn from identical parent populations (Pullen et al., 2014) and
compared against one another. Points show BPC values calculated for two synthetic detrital
zircon samples and error bars show uncertainty inferred for that particular pair of samples
using the method discussed in Section 2.5. (b) BPC with estimated uncertainties for 20
experiments where random subsamples were drawn from two different parent populations
(Pullen et al., 2014; Thomson et al., 2017). Black dashed line indicates mean BPC value
for each panel, taken as an estimate of the expected BPC value. Uncertainties are calculated
from the variation in PMEs (see Section 2.5).
method uses. The current default of 100 basis functions distributed on a hybrid log-linear
zircon U-Pb age axis results in manageable runtimes on a personal computer and resam-
pling experiments suggest that for realistically complex samples (drawn from Pullen et al.,
2014), PMEs are not affected by resolution issues. If additional computing power is avail-
able, our procedure can easily be altered to use more basis functions and thus resolve
narrower and more closely spaced age peaks.
2.5 Estimation of BPC uncertainties
Given the uncertainty inherent in inferring parent population age distributions from detrital
zircon samples (Figs. 2.1, 2.2), an ideal comparative metric would provide a robust esti-
mate of uncertainty of the metric itself. PMEs contain a large number of potential parent
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population PDFs, and the variation within PMEs provides a means to estimate BPC un-
certainty. In order to estimate BPC uncertainty, we randomly select models from the joint
and separate PMEs and compare their likelihood values following Eqn. (2.6) to calculate a
representative set of individual Λ values, which we refer to as Λi:
Λi = ln P(dJ |θJ,i) − ln P(d1|θ1,i) − ln P(d2|θ2,i) (2.14)
where θJ,i, θ1,i, and θ2,i are models randomly drawn from their respective PMEs. The set
of Λi values is then propagated through Eqn. (2.13) to yield a distribution of BPC values
for two samples. The 1σ confidence interval of this distribution is the BPC uncertainty
σBPC . A similar approach to uncertainty estimation in a Bayesian framework is taken by
Kruschke (2013).
In order to test the reliability of σBPC , we apply it to the synthetic samples used in
the previous section (Fig. 2.9). We calculate σBPC for random subsamples from two well
resolved, real detrital zircon age distributions (Pullen et al., 2014; Thomson et al., 2017)
at sample sizes of n = 60, 117, and 300 (the same subsamples as shown in Fig. 2.7).
For samples drawn from identical parent populations (Fig. 2.9a), σBPC proves to be a
conservative estimate of uncertainty, with calculated BPC values always lying well within
2σBPC of the mean value calculated for each sample size. For samples drawn from two
different parent populations (Fig. 2.9b), σBPC is a roughly appropriate estimate of scatter
of BPC values about the mean for a given sample size. In this case, for n = 60, all samples
fall within 2σBPC of the mean. For n = 117, 85% of BPC values fall within 2σBPC of the
mean. For n = 300, 75% of BPC values fall within 2σBPC of the mean. Even for those
samples further than 2σBPC from the mean, the mean is typically just beyond their 2σBPC
error envelope, and σBPC seems to provide a sensible estimate of the scatter in BPC values
for a given sample size. Therefore, we regard σBPC as a useful indicator of BPC uncertainty
that reflects the inherent uncertainty in sampling from an unknown parent population.
2.6 Implications of PMEs and BPC for analysis of detrital
geochronology data
We have shown that BPC is a correspondence metric that varies predictably between 0 and
1, shows minimal or no sample size biasing (Fig. 2.7), and for which uncertainties can be
readily estimated (Fig. 2.9). These features indicate that BPC is potentially a more reliable
metric of correspondence between detrital zircon populations than other metrics currently
available.
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We have shown that the functional relationship between BPC and the proportions (f1, f2)
of ages that are shared between two populations can be derived analytically from probabil-
ity theory (Fig. 2.8, also see Section A.6). This relationship between BPC and the shared
proportions of the two populations can be inverted, so that a BPC value calculated for a pair
of detrital zircon samples can be used to constrain the shared proportions of their respec-
tive parent populations. Because BPC is a function of two independent variables (f1, f2;
see Fig. 2.8), a BPC value produces nonunique solutions for f1 and f2. However, if the
value of f1 or f2 can be assumed, then a unique solution for the other is possible. Such an
assumption might be able to be made given prior knowledge of the sedimentary system in
which the zircons were deposited. For instance, if one sample is collected from a location
upstream of another sample, it can be assumed that the entirety of the upstream population
is shared with the downstream population, i.e., that it is theoretically possible for any age
present in the upstream population to also be present in the downstream population. In such
a case, f1 can be assumed to equal 1, permitting the BPC calculated for the two samples to
yield a unique solution for f2, which constrains the proportion of grains in the downstream
population that originated in the catchment of the upstream population. Such a constraint
could potentially be used, in combination with data on stream length, catchment area, and
erosion rate, and under a set of assumptions, to investigate dilution of zircon age popula-
tions in sedimentary systems (see, for example, Niemi, 2013, and Section A.6 for further
discussion).
We have also shown that a PME is a representative set of the possible parent populations
that are likely to have produced a given detrital zircon sample (Section 2.2). The diversity
of PMEs mirrors the diversity of samples of a certain size obtained from a population (Fig.
2.2). Thus, PMEs may prove useful for the visual assessment of statistical confidence in
a detrital zircon sample age distribution. In addition, other types of quantitative analyses
besides BPC may be made possible or made more robust through the use of PMEs.
2.7 Conclusions
We develop a metric for comparing two detrital zircon samples—Bayesian Population Cor-
relation (BPC)—that is unbiased with respect to sample size, permits robust estimation of
uncertainty, and behaves in a consistent and mathematically predictable manner. Much
of the success of this metric depends on the use of a probability model ensemble (PME),
rather than a single PDF, to characterize the age distribution of a detrital zircon population.
A PME is generated by a Markov Chain Monte Carlo algorithm and is a probabilistically
representative set of the potential parent populations consistent with an observed detrital
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zircon age sample.
Because of the grounding of BPC in probability theory, the shared proportions of two
detrital zircon populations can be directly inferred from calculated BPC values. Such infer-
ence, along with the ability to estimate robust uncertainties, may permit new quantitative
interpretations of detrital zircon age data. In addition, BPC may be applicable beyond detri-
tal zircon data, such as to other types of detrital geochronology or thermochronology data.
As shown here, multi-modal datasets with limited sample sizes may not be well-described
by existing widely-used statistical methods—in general, these datasets could benefit from
BPC analysis.
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CHAPTER 3
Quantifying the Effects of Sediment Sorting,
Transport, and Sequestration on Detrital Zircon
U-Pb Age Populations Using Bayesian
Population Correlation
Abstract
Bayesian Population Correlation (BPC) is a comparative metric for detrital geochronology
datasets that has quantifiable uncertainties, is insensitive to the variable sample sizes of
many detrital geochronology datasets, and has a functional relationship with the propor-
tion of zircon ages that are shared between two sampled populations. Here, we test the
potential of BPC as an interpretive tool for detrital geochronology. We apply the metric
to three previously published cases in which detrital geochronology data were used to in-
vestigate the effects of sedimentary sorting, transport, and sequestration on detrital mineral
age populations. The original authors of these three cases used statistical methods such
as the Kolmogorov-Smirnov (K-S) test and interpretive methods such as binning zircon
ages and calculating changes in bin concentrations between samples. In each case, we find
that the new BPC-based analysis yields results consistent with prior methods and statis-
tical techniques. BPC offers several advantages over the previously used methods, such
as quantification of the degree of correspondence between two detrital geochronology age
populations, rather than a binary test of whether two populations are the same or different.
In addition, BPC permits calculation of the proportion of shared ages between any two




The population of zircon ages in a sedimentary rock or modern sedimentary environment
depends on the ages and zircon concentration of sedimentary sources, spatial and temporal
variations in erosion, and sediment transport processes in the catchment (e.g., Gehrels,
2012; Satkoski et al., 2013; Dickinson, 2008; Tranel et al., 2011; Garçon and Chauvel,
2014). Because zircons are physically and chemically robust to Earth surface conditions
(e.g., Fedo et al., 2003), zircon ages are robust tracers of sediment transport in modern and
ancient depositional systems. Thus, detrital zircon age samples can be used to investigate
hydraulic sorting, dilution during downstream transport, differential erosion, and sediment
storage (Link et al., 2005; Lawrence et al., 2011; Hietpas et al., 2011; Niemi, 2013; Saylor
et al., 2013; Stevens et al., 2013; Kimbrough et al., 2015; Nie et al., 2015).
Previous authors have attempted to quantify sedimentary processes using multiple detri-
tal zircon samples arrayed within a single depositional system (e.g., Lawrence et al., 2011;
Hietpas et al., 2011; Niemi, 2013; Nie et al., 2015). However, these attempts were limited
due to the complex and multi-modal nature of detrital zircon U-Pb age datasets, which in-
hibits the inference of detrital zircon population characteristics from samples (Andersen,
2005; Tye et al., 2019). Detrital zircon U-Pb age datasets commonly consist of 100 - 300
U-Pb ages, with associated analytical uncertainties, that cluster around one to many age
peaks, the shapes of which are highly variable and not easily fit using standard probability
distributions (e.g., Fedo et al., 2003; Gehrels, 2012; Vermeesch, 2012). The complex nature
of these distributions has generated controversy about how to model and compare datasets,
with many comparisons limited to semiquantitative methods created especially for com-
paring detrital zircon U-Pb age distributions (Gehrels, 2000; Saylor et al., 2012; Satkoski
et al., 2013; Saylor et al., 2013), which are significantly biased by the size of compared
samples and have significant, but unquantifiable, uncertainties (Saylor and Sundell, 2016;
Tye et al., 2019). Other authors (e.g., DeGraaff-Surpless et al., 2003; Lawrence et al.,
2011) compare samples using general statistical tests such as the Kolmogorov-Smirnov
(K-S) test (Kolmogorov, 1933; Smirnov, 1948), which has been shown in some common
cases to yield spurious results for detrital zircon U-Pb age datasets (Saylor et al., 2013;
Vermeesch, 2013). Specifically, the K-S test is more sensitive to differences in some parts
of the range of possible detrital zircon U-Pb ages than others (Saylor et al., 2013). Thus,
authors using detrital zircons to analyze sediment transport processes have been limited
to qualitative interpretations of the data (e.g., Lawrence et al., 2011; Hietpas et al., 2011;
Nie et al., 2015), or quantitative analysis of binned data (Niemi, 2013), which loses some
information contained in these complicated age distributions.
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Tye et al. (2019) present a new quantitative comparative metric, Bayesian Population
Correlation (BPC), for which many of the problems associated with other comparative
metrics are eliminated or ameliorated. BPC allows the calculation of metric uncertainty
and is unbiased with respect to sample size. Of particular importance for investigating the
effects of erosion, sediment sorting, transport, and dilution in depositional systems is the
fact that BPC values show a predictable relationship to the proportion of shared ages in
two compared detrital zircon populations (Tye et al., 2019). Constraining the proportion of
shared ages between sampled detrital zircon age populations within a depositional system
is the key to quantifying the effects of sediment transport processes, and BPC permits the
straightforward calculation of this proportion.
In this paper, we use three published datasets to test the use of BPC for comparing de-
trital zircon U-Pb age samples and quantitatively inferring the effects of sediment sorting,
transport, and sequestration on detrital zircon U-Pb age populations. First, we derive a set
of relations between erosion, catchment area, zircon concentration, and the expected dilu-
tion of zircon age populations that are propagated downstream between two samples from
the same depositional system. We then discuss how BPC values calculated between two
samples can be used to infer the proportion of zircon ages in one population that are shared
with the other sampled population, which means that BPC values can be used to quantita-
tively assess zircon dilution in sedimentary systems (Tye et al., 2019). Finally, we use new
BPC analyses of three published sets of detrital zircon U-Pb age samples (Lawrence et al.,
2011; Niemi, 2013; Nie et al., 2015) to quantify the downstream dilution of zircon ages in
these datasets. We explore the constraints that these new analyses provide on the catch-
ment areas, sediment sequestration rates, and other parameters of the sampled depositional
systems. In doing so, we find that the new BPC analyses enhance the original interpreta-
tions of these datasets or broaden the set of circumstances in which similar studies could
be conducted.
3.2 Methods
Determining how zircon age populations change downstream in a modern or ancient sed-
imentary system can reveal where and how sediment from a particular source is sorted,
stored, and diluted by input from other sources. Detrital zircon U-Pb ages have become
widely used to assess the effects of sediment transport processes on zircon populations
moving through depositional systems, where zircon ages are used as fingerprints of source
regions found in different parts of the catchment (e.g., Link et al., 2005; Hietpas et al., 2011;
Niemi, 2013; Saylor et al., 2013; Stevens et al., 2013; Kimbrough et al., 2015; Nie et al.,
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2015). If two detrital zircon samples are collected such that the catchment of one com-
pletely includes the catchment of the other, then the portion of zircons in the downstream
sample that originated in the upstream sample’s catchment, here termed zrd, depends on
(1) the areas of the two catchments, (2) spatial variability in erosion rates, (3) the location
of any sediment traps and the rate at which they remove sediment from the system, and
(4) the zircon concentration of potential sources. Studies of other detrital heavy minerals
show that in many cases spatially uniform erosion and insignificant sediment storage can
be assumed (Stock et al., 2006; Avdeev et al., 2011; Duvall et al., 2012; Tranel et al., 2011),
leaving only factors (1) and (4) to influence the downstream evolution of a detrital zircon
population. Thus, estimates of zrd from detrital zircon ages yield constraints on these fac-
tors. Previous studies calculated zrd by evaluating the proportion of zircons in a specific age
bin for a given sample (Niemi, 2013). We demonstrate that zrd values can also be derived
through BPC, which provides a zrd estimate that is more sensitive to subtle differences in
zircon age distribution shape and can be used in a wider variety of circumstances than the
binned calculation method.
3.2.1 Relation of BPC to zrd
BPC can be related to the value of zrd via its relation to the shared portions of two detrital
zircon populations, f1 and f2 (Fig. 3.1; Eqn. A.10, A.11 of Tye et al., 2019). In the general
case of two detrital zircon age populations being compared, the populations can be divided
into age peaks that are shared in common between the two populations and age peaks that
are unique to their respective population (Fig. 3.1a). f1 is defined as the proportion of ages
in population 1 that fall within shared age peaks, such that if f1 equals 0, none of the age
peaks in population 1 are present in population 2 (Fig. 3.1a). At the opposite extreme, if f1
equals 1, then all of the age peaks in population 1 are present in population 2 (Fig. 3.1a). f2
is defined in the same way for population 2 (Fig. 3.1a). In this general case, BPC values can
be accurately modeled as a function of f1 and f2 (Tye et al., 2019) such that a BPC result
yields a set of permissible (f1, f2) pairs that characterize the two compared populations,
though neither f1 nor f2 can be uniquely identified using a single BPC value. However,
in the special case that the two compared populations are known to have been collected
from the same depositional system such that the catchment of the upstream population was
completely contained within the catchment of the downstream population, then additional
assumptions about the values of f1 and f2 can be made (Fig. 3.1b). Because the catchment
that contributes sediment to population 1, the upstream population, is entirely contained
within the catchment that contributes sediment to population 2, the downstream population
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Figure 3.1: Illustration of the shared proportions of two sampled populations, which BPC
can be used to estimate. (a) An example shows the general case, in which two detrital zir-
con age populations have some age peaks shared in common with one another (800-1550
Ma domain) and some age peaks unique to each population (ages <800 Ma for population
1, ages >1550 Ma for population 2). We define f1 and f2 as the respective proportions of
populations 1 and 2 that fall into the shared 800-1550 Ma domain. (b) In the special case
where two sampled populations are located within the same depositional system such that
the catchment of one of the two populations entirely contains the catchment of the other
sample, multiple assumptions can be made. The panel shows a cartoon map view of a
catchment with two sample locations indicated by black dots. The zircon age distributions
of the two sampled populations are shown below, and the red portion of the catchment
corresponds to the area upstream of population 1 whereas the blue portion of the catch-
ment corresponds to the area upstream of population 2, but not population 1. Because the
catchment of population 2 entirely contains the catchment of population 1, all sources that
contribute sediment to population 1 also contribute sediment to population 2 and all ages
in population 1 are shared with population 2, meaning that f1 equals 1. f2 is unknown.
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(Fig. 3.1b), all potential sources for population 1 are also potential sources for population 2,
meaning that f1 equals 1 (Fig. 3.1b). Because f1 can be assumed to be 1, then a BPC value
can be used to uniquely calculate f2, the portion of ages in the downstream population that
are shared with the upstream population (Eqn. A.10 of Tye et al., 2019).
In the case where two populations are compared using BPC and one population is lo-
cated downstream within the same depositional system as the other population (Fig. 3.1b),
f2 is equivalent to zrd, the proportion of zircons in the downstream population that origi-
nated in the catchment of the upstream population. If the catchment of the upstream popu-
lation contains a set of source zircon ages entirely unique from the downstream catchment,
then all zircon ages contained in the downstream population that match ages in the upstream
population must have originated within the upstream catchment, and f2 is therefore the pro-
portion of zircons in the downstream population that originated in the upstream catchment,
identical to zrd. More commonly, some source ages may be shared between the upstream
catchment and the downstream catchment, such that zircon ages in the downstream popu-
lation that match ages in the upstream population may not have originated in the upstream
catchment. In such a case, f2 is greater than the proportion of zircons in the downstream
population that originated in the upstream catchment (f2 > zrd). Thus, in general f2 ≥ zrd,
or equivalently stated, f2 is an upper bound on zrd.
3.2.2 Using BPC-derived zrd values to constrain catchment size, trans-
port distance, and sediment transport processes
Within a single depositional system, the transmission of zircon ages from populations lo-
cated upstream to populations located downstream depends on the relative size of the catch-
ments of the upstream and downstream populations, spatial and temporal variation in ero-
sion rates, sediment storage within the system, and zircon concentrations of sources. If
some of these parameters are known or can be assumed for a given depositional system,
then zrd values can be used to constrain others. As discussed above, detrital heavy mineral
studies have shown that for many catchments it can be assumed that erosion is uniform and
sediment is not stored (Stock et al., 2006; Avdeev et al., 2011; Duvall et al., 2012; Tranel
et al., 2011). If spatially uniform erosion rates and no sediment storage are assumed, then










where Au & At are the areas, and cu & ct are the average source zircon concentrations (per
unit area) of the upper and total catchments. Here the total catchment refers to the entire
catchment contributing sediment to the downstream sample. ct is itself a function of cu and











Under these assumptions, detrital zircon populations are proportionally representative of
their catchment areas. Deviation of observed zrd values (zrdobs; based on BPC) from their
predicted values (zrdpred; Eqn. 3.1) indicates that the sampled zircon populations are not
proportionally representative of their catchment areas, possibly resulting from spatially
variable erosion rates or sediment storage.
The relation between zrd and catchment area (Eqn. 3.1) can be combined with the
power-law relationship between catchment area and fluvial transport distance (Hack, 1957)
in order to relate zrd to fluvial transport distance (Niemi, 2013). Hack’s Law for the relation
between channel length and catchment area (Hack, 1957) states that
L = CAh, (3.3)
where L is channel length, C is an empirical constant with typical values near 1.5 (Hack,
1957; Montgomery and Dietrich, 1992), A is catchment area, and h is a constant with
typical values near 0.6 (Hack, 1957; Montgomery and Dietrich, 1992). For two sampled
detrital zircon populations within a depositional system with unknown transport distance
between them, the transport distance can be calculated by subtracting the length of the
upper catchment stream from the length of the lower catchment stream:
Lt = CA
h
t − CAhu, (3.4)
where At and Au are defined as above. Using Eqn. (3.1) to relate At to zrd reveals that










where cu and ct are defined as above (Niemi, 2013).
The equations presented in this section represent a small selection of relations between
zrd and parameters of depositional systems. Because of the relation between BPC and
zrd (see Section 3.2.1), comparison of detrital zircon U-Pb age distributions using BPC
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can provide new constraints on parameters such as stream length, catchment area, zircon
fertility, and relative erosion rates in different parts of a given catchment. The constraints
provided by BPC have the potential to facilitate new quantitative investigations of ancient
and modern sedimentary systems. In the next section, we apply BPC to several published
datasets from ancient and modern depositional systems to test the reliability and utility of
BPC interpretations.
3.3 BPC results and interpretation
Existing detrital zircon comparative metrics have been used with numerous detrital zircon
datasets to assess the effects of fluvial transport (e.g., Niemi, 2013), sediment storage (e.g.,
Nie et al., 2015), sediment sorting (e.g., Lawrence et al., 2011) and mixing (e.g., Sickmann
et al., 2016), as well as continent-scale provenance differences (e.g., Gehrels, 2000). Here,
we present BPC results from three examples that document how the metric is affected by
differences in detrital zircon age distributions and the advantages of BPC over other metrics
in quantifying the effects of sedimentary processes.
3.3.1 Hydraulic sorting of detrital zircon populations in river microen-
vironments
A persistent question in detrital geochronology is the degree to which populations of detri-
tal geochronology ages are affected by the energy level of their depositional microenviron-
ment (e.g., Lawrence et al., 2011; Malusa et al., 2016; Ibañez-Mejia et al., 2018). Because
greater hydraulic energy is required to move larger and denser sediment grains, sediment is
sorted by size and density in depositional microenvironments (e.g., the stoss and lee slopes
of a dune), such that grain-size distributions can vary significantly over small spatial scales
(Dietrich, 1982; Garzanti et al., 2008; Le Roux, 2005). If a relationship exists between
age and grain size of a mineral used for detrital geochronology in a given depositional
system, then geochronological age distributions may vary significantly between microen-
vironments. Because most applications of detrital geochronology assume that a detrital
geochronology dataset is a representative sample of the geochronological ages present in
the catchment from which it was collected, local sorting effects within the depositional
system are undesirable (e.g., Ibañez-Mejia et al., 2018).
Lawrence et al. (2011) investigate the effect of hydrodynamic fractionation on detrital
zircon populations of five depositional microenvironments associated with dunes in the
Amazon River (Fig. 3.2). Five sand samples were collected from a dune ∼1.25 m high
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Figure 3.2: BPC indicates that detrital zircon populations of sedimentary microenviron-
ments of a dune bedform (Lawrence et al., 2011) are statistically indistinguishable. (a)
Detrital zircon sample microenvironments and ages are shown, using probability density
plots (Hurford et al., 1984) for ages. (b) Kolmogorov-Smirnov (K-S) test p-values (taken
from Lawrence et al., 2011), (c) BPC (Tye et al., 2019), and (d) Similarity (Gehrels, 2000)
were calculated for all possible intersample comparisons of the five samples. BPC uncer-
tainties displayed are 1σ. The uncertainty of the other metrics is not readily quantifiable.
(Inset of (a) modified from Lawrence et al. (2011).)
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and ∼20 m long at the edge of a scroll-bar system (Lawrence et al., 2011). Lawrence
et al. (2011) demonstrate that an age-grain size relationship exists within their sample set
of zircons and use statistical methods to test whether the zircon age samples from different
dune microenvironments exhibit significant differences due to hydraulic sorting.
Lawrence et al. (2011) assess population differences between the microenvironments
using p-values of the Kolmogorov-Smirnov (K-S) test (Kolmogorov, 1933; Smirnov, 1948),
and we use BPC (Tye et al., 2019) and Similarity (Gehrels, 2000) to analyze the dune
samples they report. All three metrics were calculated for each possible intersample com-
parison of the five samples (Fig. 3.2). All p-values for sample comparisons reported by
Lawrence et al. (2011) are above 0.05, indicating that none of the five populations are dis-
tinguishable from one another at the 95% confidence level (Fig. 3.2b). The BPC metric
(Fig. 3.2c) yields a similar result: all intersample comparisons have BPC values within 2σ
uncertainty of 1, meaning that for each comparison the possibility that the sampled popu-
lations are identical cannot be rejected at the 95% confidence level. The Similarity values
for the sample pairs (Fig. 3.2c) yield the qualitative interpretation that all the samples are
quite similar to one another, but no further conclusions can be drawn regarding whether the
samples represent statistically distinct populations, or to what degree the populations differ
from one another.
The BPC values support the interpretation that hydrodynamic fractionation has not re-
sulted in statistically distinguishable age distributions of the zircon populations for these
microenvironments, in agreement with previous analysis using the K-S test. The agree-
ment of BPC with the results of the K-S test is promising because the K-S test is a standard
statistical test of equality of two nonparametric probability distributions and is commonly
used for detrital zircon data (DeGraaff-Surpless et al., 2003; Lawrence et al., 2011; Saylor
and Sundell, 2016).
3.3.2 Inferring sediment transport distance from zircon age group di-
lution
Niemi (2013) uses the sedimentary dilution of detrital zircon populations to constrain the
fluvial transport distance between two Miocene sandstones in the Death Valley region.
Much of the present distance between the two sampling locations (80 km) has been as-
cribed to tectonic extension after deposition of the sampled sandstones (Niemi et al., 2001;
McQuarrie and Wernicke, 2005). Inferring the fluvial transport distance between the sam-
ples yields a new constraint on the magnitude of tectonic transport required to achieve the
present distance between the samples. Niemi (2013) used Jurassic-aged zircons as a tracer
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Figure 3.3: Modern and sandstone samples were analyzed in order to understand sedi-
mentary dilution and fluvial transport in a Miocene depositional system in the region of
Death Valley, California. (a) location map with current extent of the Hunter Mountain
Batholith (HMB), a regionally unique source of Jurassic zircons, outlined in pink, mod-
ern sample locality Cottonwood Canyon (CC) marked in black, and locations of samples
from the Miocene Navadu Formation (NE) and the Miocene Eagle Mountain Formation
(EM) marked in green and purple, respectively. The present distance between the NE and
EM sampling localities is ∼80 km. The Miocene fluvial transport distance between the
sampling localities may have been less than the present distance, with the remainder due to
subsequent extension. (b) detrital zircon probability density plots and dot plots of one mod-
ern sample collected at CC and four Miocene sandstone samples collected from sites NE
and EM. Inset in light grey focuses on the 150 - 200 Ma age range. (c) BPC is calculated
for all possible sample pairs with labeling and color-coding as in Fig. 3.2.
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of sediment transport from the Hunter Mountain batholith (HMB) west of Death Valley,
which is a unique source of Jurassic zircons in the region (Niemi, 2013). Zircons of this
age are found in the middle Miocene Navadu Formation immediately adjacent to the HMB,
as well as in strata of the equivalently-aged Eagle Mountain Formation currently located
∼100 km ESE of the the batholith (Fig. 3.3). Sedimentologic arguments had previously
been put forward to argue that much of the present-day distance between the HMB and
the Eagle Mountain Formation is tectonic in origin (Niemi et al., 2001), but quantification
of the proportion of sedimentologic and tectonic transport of the Eagle Mountain Forma-
tion from its source is problematic (Renik et al., 2008). By measuring the dilution of the
diagnostic Jurassic age peak from the HMB, Niemi (2013) attempted to ascertain the flu-
vial transport distance between the Eagle Mountain Formation and the HMB in the middle
Miocene.
Detrital zircon samples were collected and analyzed from modern stream sediment that
drains the batholith, the middle Miocene Navadu Formation, which was deposited adjacent
to the batholith, and the middle Miocene Eagle Mountain Formation. The Navadu Forma-
tion has a nearly-identical detrital zircon age distribution to modern river sand sourced from
the HMB (Fig. 3.3). The Eagle Mountain Formation has a detrital zircon age distribution
similar to the Navadu Formation and modern sand, but with a greater diversity of both older
and younger zircon ages. Niemi (2013)’s postulate is that the Jurassic detrital zircon age
peak in sediment derived from the HMB can be treated as a unique point source that de-
creases in magnitude with increasing distance of sedimentary transport as the drainage area
supplying sediment to the fluvial system increases (Hack, 1957). This postulate assumes
that both erosion rates and zircon concentrations in eroding bedrock sources throughout the
catchment are spatially and temporally uniform, or that variations in these parameters can
be quantified.
We review how Niemi (2013) calculates zrd, the dilution of a distinct zircon age pop-
ulation, and then demonstrate the application of BPC to this same problem. Niemi (2013)
calculates the value of zrd by binning the zircon ages from each sample and comparing
the proportion of Early Jurassic zircons in the upstream samples (NE-1, NE-2, from the
Navadu Formation) to the proportion of Early Jurassic zircons in the downstream sam-
ples (EM-1, EM-2, from the Eagle Mountain Formation) using Eqn. (3.5). The upstream
Navadu Formation samples have nearly unimodal zircon age distributions dominated by
ages associated with the Early Jurassic HMB (Fig. 3.3). The greater diversity of ages
present in the downstream Eagle Mountain Formation samples (Fig. 3.3) requires input
from non-HMB sources, which were likely located mostly outside the catchment area of
the Navadu Formation samples. Samples EM-1 and EM-2 are composed of 86% and 76%
52
Early Jurassic grains, respectively, equivalent to zrd estimates of 0.86 and 0.76. Niemi
treats the catchment area of the Navadu Formation as 400 km2, the present exposure area
of the HMB, and defines a cu
cl
ratio of 3.5, meaning that the HMB produces 3.5 times as
many zircons as other sources in the catchments of the Navadu and Eagle Mountain For-
mation samples. These values are chosen to be upper bounds for the respective parameters
in order to yield an upper bound on the fluvial transport distance between the Navadu and
Eagle Mountain Formation samples, resulting in a conservative estimate of the tectonic
transport distance between the samples. Using these parameter values, Niemi (2013) finds
the sedimentary transport distance between samples of the Navadu Formation and the Eagle
Mountain Formation to be ∼20 km, with 60 km of tectonic transport required to achieve
the present offset of 80 km between the Navadu Formation and Eagle Mountain Formation
samples, consistent with palinspastic reconstructions (McQuarrie and Wernicke, 2005).
Alternatively, instead of binning the zircon age populations, BPC can be applied to this
problem. BPC values (Fig. 3.3c) calculated between the EM samples and sample NE-
1, composed entirely of zircons from the HMB, are 0.84 ± 0.04 (NE-1 and EM-1) and
0.80 ± 0.04 (NE-1 and EM-2). By numerical solution of Eqn. A.11 of Tye et al. (2019)
for zrd, these BPC values indicate zrd values of 0.71 ± 0.07 and 0.66 ± 0.06, respec-
tively. The zrd values indicated by BPC are ∼2σ less than the original values calculated
by Niemi (2013). The differences between zrd values estimated from the BPC method and
the binned-calculation method of Niemi (2013) reflect the different sensitivities of the two
methods. The binning method employed by Niemi (2013) is insensitive to the distribution
of zircon ages within the Early Jurassic age bin. The BPC method, however, is sensitive
to such distributions and the lower zrd value resulting from the BPC approach reflects dif-
ferences of central age and shape of the Early Jurassic age peak of the Eagle Mountain
Formation and the equivalent peak in the Navadu Formation (Fig. 3.3b). The observed
differences in the Early Jurassic age peaks require greater dilution of the upstream Navadu
Formation population in the downstream Eagle Mountain population than is inferred from
the binning method of Niemi (2013), which treats all Early Jurassic zircon ages as equiv-
alent. The sensitivity of BPC to the observed differences in age peak shape cause the zrd
value calculated from BPC to be lower than the zrd value calculated from binning.
The differences between the Jurassic age peaks of the Navadu Formation and Eagle
Mountain Formation (Fig. 3.3b) have implications for the upstream catchment area and
therefore the fluvial transport distance inferred from BPC (Eqn. 3.5). Niemi (2013) as-
sumed the upstream catchment area to be the present exposure area of the Hunter Mountain
Batholith. If the entire HMB was within the catchment that included the Navadu Formation
and Eagle Mountain Formation sample locations, then the Early Jurassic age detrital zircon
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age peaks observed within the Navadu Formation and Eagle Mountain Formation should
mirror the distribution of ages present in the HMB. The Early Jurassic zircon age peak
of the upstream Navadu Formation is centered on ∼178 Ma and the equivalent age peak
in the downstream Eagle Mountain Formation is centered on ∼183 Ma (Fig. 3.3b). The
HMB has concentrically-zoned crystallization ages, ranging from ∼180 Ma at the edge to
∼155 Ma at the center (Niemi et al., 2001), so the fact that Early Jurassic zircons of the
Navadu Formation and the Eagle Mountain Formation are centered on∼178 Ma and∼183
Ma respectively indicates derivation primarily from the outer margin of the HMB. Thus,
it is unlikely that the catchment that included the Navadu Formation and Eagle Mountain
Formation samples contained the entire HMB. Based on the observed ages, it is likely that
this catchment included only a moderate portion of the HMB within its boundaries. If the
Navadu Formation and Eagle Mountain Formation sandstones only included ∼ 1
3
of the
HMB within their catchment areas, the inferred fluvial transport distance inferred between
the two formations would be 18 ± 4 km (Eqn. 3.5), requiring 58 - 66 km tectonic transport
between the two formations required to account for the present offset of 80 km (Niemi,
2013). Such a catchment area is reasonable given the inferred sourcing of Navadu Forma-
tion and Eagle Mountain Formation detrital zircons largely from the margin of the HMB,
and the resulting fluvial transport distance is also consistent with available constraints on
the magnitude of tectonic transport between the Navadu and Eagle Mountain Formations
(McQuarrie and Wernicke, 2005; Niemi, 2013). This example demonstrates that zrd values
derived from BPC more accurately reflect the differences in compared zircon age popula-
tions than zrd values calculated from binning detrital zircon samples.
A significant advantage of BPC over a binned calculation approach is that a binned
calculation approach depends on the presence of a unique age signal produced by a single
source in a depositional system, such as the HMB and the Jurassic zircons eroded from it
(Niemi, 2013). In contrast, BPC is generalizable and can be applied in situations where an
age signal of interest is more complex or overlaps with other detrital zircon ages present in
the system. In such cases, BPC presents a source of robust constraints on dilution that is
subject to fewer assumptions than a method similar to that of Niemi (2013).
3.3.3 Detrital zircon evidence for sediment sequestration in a fluvial
system
Nie et al. (2015) use detrital zircons from Quaternary to modern deposits of the Yellow
River, Mu Us Desert, and Chinese Loess Plateau to investigate sediment dispersal across
the Yellow River drainage and formation of the Chinese Loess Plateau. Based on the similar
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Figure 3.4: Effects of sediment storage and spatially variable erosion on modern detrital
zircon populations are assessed using BPC. (a) modern samples (Yang et al., 2009; Kong
et al., 2014; Stevens et al., 2013; Nie et al., 2015) were analyzed from along the Yellow
River. Outlines show the catchment areas of samples 11 and 12, which have the lowest
BPC value of any pair of adjacent samples. Samples are labeled with their number (as Nie
et al., 2015). (b) BPC is calculated between adjacent sample pairs, with the lowest value
occurring between samples 11 and 12, indicated by the black box, using the same color
scale as in Figure 3.2. Detrital zircon spectra are relatively uniform upstream of sample 11.
(c) probability density plots are shown for samples 11 and 12 and samples from modern
eastern Mu Us Desert sands and Cretaceous sandstones that overlie the Chinese craton.
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detrital zircon age spectra they find in the Yellow River, Mu Us Desert, and Loess Plateau
deposits, Nie et al. (2015) argue that sediment is sequestered in terrestrial basins along
the Yellow River and transported by wind to the western Mu Us Desert and the Chinese
Loess Plateau (Fig. 3.4). Here, we use BPC to quantitatively assess the effects of sedi-
ment sequestration on the downstream propagation of detrital zircon age spectra in modern
sediment along the Yellow River.
Eighteen modern detrital zircon samples (Yang et al., 2009; Kong et al., 2014; Stevens
et al., 2013; Nie et al., 2015) were examined from the Yellow River, which have been
interpreted as being dominated by input from the northeastern Tibetan Plateau and Qingling
Mountains (Nie et al., 2015, Fig. 3.4). The location of primary sediment sequestration is
determined by Nie et al. (2015) to be the Yinchuan-Hetao Graben (Fig. 3.4a).
If sediment storage in the Yinchuan-Hetao Graben significantly reduces the number of
zircons transported downstream, then such storage should be reflected in BPC-derived zrd
values. Specifically, Eqn. (3.1) describes the predicted portion of a downstream detrital
zircon population that originated in an upstream catchment, zrdpred, based on catchment
geometry and zircon concentration, assuming that sediment storage is negligible. In a case
where significant sediment storage occurs (Nie et al., 2015), a zrd value inferred from a
BPC comparison between two samples (here termed zrdobs) should be less than the zrdpred
value calculated for the given catchment geometry and zircon concentrations. Samples
11 and 12, which bracket the downstream extent of the Yinchuan-Hetao Graben, yield
the lowest BPC value of any pair of adjacent samples, 0.66 ± 0.04 (Fig. 3.4b), which
corresponds to a zrdobs of 0.39± 0.05 by Eqn. A.11 of Tye et al. (2019). This BPC-derived
zrd
obs value means that at least∼60% of the zircons in sample 12 originated from the lower
catchment area below sample 11. In contrast, measurement of the catchment areas of the
samples indicates that the total catchment of sample 12 is only ∼14% larger than sample
11. Solution of Eqn. (3.1) with Eqn. (3.2) reveals that a cl
cu
ratio of ∼11 ± 2 would be
required for zrdpred to equal zrdobs, given the assumptions of spatially constant erosion and
no sediment storage. Existing estimates of the range of zircon concentrations in igneous
and sedimentary rocks (e.g., Dickinson, 2008; Niemi, 2013) suggest that such a ratio is
unrealistically high, implying sediment storage in the system.
Two additional arguments support the hypothesis that sediment storage is significantly
altering the detrital zircon age populations of the modern Yellow River. First, the sources
for sample 12—the eastern Mu Us Desert and Cretaceous sandstones overlying the Chinese
craton—show significant detrital zircon age distribution overlap with upstream sources
(sample 11 in Fig. 3.4c), indicating that zrdobs values based on BPC derived from com-
paring samples 11 and 12 are overestimated. The overestimation of zrdobs indicates that
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fewer of the zircons present in sample 12 would have originated upstream of the sample 11
location than is indicated by our analysis above, lending further support to the hypothesis
that much sediment from upstream of sample 11 is sequestered upstream of the sample 12
location. Second, as discussed by Nie et al. (2015), at least one major age peak from sample
11 is absent in sample 12, implying extreme dilution or removal of many of those zircons
from sedimentary transport. More detailed knowledge of the spatial variability of zircon
concentrations and erosion rates in the Yellow River catchment would refine BPC-derived
estimates of the proportion of zircons propagated through the Yellow River depositional
system.
3.4 Conclusions
BPC is a comparative metric for detrital geochronology datasets which has readily quan-
tifiable uncertainties, no sample size biasing, and values that vary systematically with the
proportion of zircon ages shared between two parent populations (Tye et al., 2019). The
quantitative interpretation permitted by BPC is shown to support prior conclusions regard-
ing several existing detrital zircon datasets and offers a new method of investigation into
how sediment sorting, transport, and storage affect detrital zircon populations.
In one case, we use BPC to show that detrital zircon populations in several sedimentary
micro-environments of varying energy level (Lawrence et al., 2011) are indistinguishable
from one another. The interpretation from BPC matches the interpretation from the K-S test
(Lawrence et al., 2011). The compatible results from BPC and the K-S test are significant
because the K-S test is an established statistical test, and these results suggest that BPC
values are probabilistically meaningful.
One advantage of BPC over many statistical tests, including the K-S test, is that it
is not only a binary test of statistical equivalence of two populations, but it also reflects
the degree of correspondence between two populations (Tye et al., 2019). When applied
to two samples that are part of the same catchment with one located downstream of the
other, BPC can be used to estimate the proportion of the downstream detrital zircon popu-
lation that is likely to have been derived from the upstream population. In a case involving
Miocene sandstones in Death Valley, detrital zircon age population dilution inferred from
BPC constrains the fluvial transport distance of the sandstones and yields similar results to
an analysis of binned ages (Niemi, 2013). This case suggests that BPC may be generally
useful for analyzing zircon dilution in sedimentary systems, proving especially advanta-
geous in cases where complex age distributions prevent the use of binned calculations such
as that employed by Niemi (2013).
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BPC can also be used to estimate the effects of processes like sediment storage on
the detrital zircon age signal being propagated through a depositional system. BPC val-
ues provide constraints on the dilution of zircon populations in depositional systems, and
downstream rates of dilution can be compared against the rate of catchment addition in
order to assess where zircons are being disproportionately added or removed from the sys-
tem. In the case of the Yellow River, BPC results suggest the disproportionate dilution of a
signal associated with source areas in the upper reaches of the river, providing evidence to
support the hypothesis that sediment is sequestered along the course of the river (Nie et al.,
2015).
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CHAPTER 4
Field Estimate of Paleoseismic Slip on a Normal
Fault Using the Schmidt Hammer and
Terrestrial LiDAR: Methods and Application to
the Hebgen Fault (Montana, USA) *
Abstract
The weathering characteristics of bedrock fault scarps provide relative age constraints that
can be used to determine fault displacements. Here, we report Schmidt hammer rebound
values (R-values) for a limestone fault scarp that was last exposed in the 1959 Mw 7.3
Hebgen Lake, Montana earthquake. Results show that some R-value indices, related to
the difference between minimum and maximum R-values in repeated impacts at a point,
increase upward along the scarp, which we propose is due to progressive exposure of the
scarp in earthquakes. An objective method is developed for fitting slip histories to the
Schmidt hammer data and produces the best model fit (using the Bayesian Information
Criterion) of three earthquakes with single event displacements of≥ 1.20 m, 3.75 m, and c.
4.80 m. The same fitting method is also applied to new terrestrial LiDAR data of the scarp,
though the LiDAR results may be more influenced by macro-scale structure of the outcrop
than by differential weathering. We suggest the use of this fitting procedure to define
single event displacements on other bedrock fault scarps using other dating techniques. Our
preliminary findings demonstrate that the Schmidt hammer, combined with other methods,
may provide useful constraints on single event displacements on exposed bedrock fault
scarps.
*Chapter 4 is published in Earth Surface Processes and Landforms: Tye, A., and Stahl, T. (2018). Field
estimate of paleoseismic slip on a normal fault using the Schmidt hammer and terrestrial LiDAR: Methods
and application to the Hebgen fault. Earth Surface Processes and Landforms 43, 2397 - 2408.
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4.1 Introduction
Exposed rock surfaces weather via physical and chemical processes that change rock mass
and surface properties through time (cf. Birkeland and Noller, 2000). Depending on the
lithology and climate conditions, this weathering usually degrades the mechanical integrity
of the rock and increases surface roughness through time (Benedict, 1985; Crook and Gille-
spie, 1986; Maizels, 1989; McCarroll, 1991; Stewart, 1996). Relative exposure age dating
techniques were developed on the premise that these weathering-related changes can be
quantified and used to compare the ages of rocks and landforms, and are usually supported
empirically via calibration on surfaces of known age (Colman and Dethier, 1986, and ref-
erences cited therein). Relative and calibrated exposure dating techniques applied to rock
surfaces have been used to date moraines (Matthews and Shakesby, 1984; Winkler, 2005),
rock glaciers (Laustela et al., 2003; Aa et al., 2007), snow avalanche ramparts (Matthews
et al., 2015), bedrock surfaces (Gupta et al., 2009; Matthews and Owen, 2010), fluvial ter-
races (Stahl et al., 2013), patterned ground (Winkler et al., 2016), and erratic boulder trains
(Darvill et al., 2015), among others. They have also been used in the field of paleoseismol-
ogy to date coseismic rock avalanche deposits (e.g., Bull, 1996), correlate deformed river
terraces (Stahl et al., 2016), and identify displacement patterns on bedrock normal fault
scarps (Stewart, 1996; Tucker et al., 2011; He et al., 2016).
Bedrock scarps can be progressively exposed in repeated earthquakes along a normal-
slip fault (Bosi et al., 1993). If the scarp face is preserved over several earthquake cycles,
as is commonly the case in indurated limestones, several episodes of displacement may
be preserved along the face. Previous researchers have performed terrestrial cosmogenic
nuclide dating (TCND) transects along scarp faces, using chlorine-36 (36Cl) in limestone, to
date the timing of earthquakes and demarcate single event displacements (SEDs) that scale
with earthquake magnitudes (e.g., Wells and Coppersmith, 1994). Some have observed that
the different ‘slip patches’ have distinguishing weathering characteristics that can be used
to delineate SEDs independently of absolute ages (Stewart, 1996), or that could assist in
choosing sample locations for TCND and/or with the final interpretation of ages (Zreda and
Noller, 1998). For example, Terrestrial LiDAR scanning (TLS) has been used to investigate
the microtopographic expression of these slip patches (Giaccio et al., 2003; Wei et al., 2013;
Wiatr et al., 2015; He et al., 2016).
Here, we test the applicability of using TLS and the Schmidt hammer to quantitatively
distinguish weathering zones and slip patches on the Hebgen fault in Montana, USA. The
interpretation of this scarp as being related to progressive exposure in earthquakes has been
questioned due to discrepant paleoseismic histories in nearby records (e.g., Pierce et al.,
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2000). Therefore, we propose that our approach could be used to clarify the exposure
history of this scarp by assessing variations in time-dependent rock weathering properties
along the scarp face and estimate the SEDs of past earthquakes. In our analysis, we use
curve-fitting techniques that can be used to assess the appropriate form of the weathering
index versus scarp height curve, which could be used to objectively identify SEDs using
other relative-age dating techniques.
4.2 Background
4.2.1 Significance of single-event displacements in paleoseismology
Determining the surface displacements of past earthquakes on faults is an essential compo-
nent of paleoseismology. Fault SEDs scale with the magnitude of an earthquake (e.g., Wells
and Coppersmith, 1994), are used to define fault avoidance zones in seismic hazard assess-
ments (e.g., Boncio et al., 2012; Villamor et al., 2012), and can be used to estimate average
earthquake recurrence intervals if long-term fault slip rates are available. Paleoseismic
trenching can be used to determine SEDs where a fault has ruptured through unconsoli-
dated sediments, but is not typically feasible across bedrock scarps. TCND along normal-
slip bedrock scarps can be used to directly date and measure displacements of multiple
paleo-earthquakes (Benedetti et al., 2002; Benedetti and van Der Woerd, 2014; Carcaillet
et al., 2008; Mitchell et al., 2001; Zreda and Noller, 1998). Accurate reconstructions of slip
histories in these studies usually rely on several closely spaced samples from the scarp face,
numerical modeling (e.g., Schlagenhauf et al., 2010), and/or secondary scarp weathering
evidence to corroborate the interpretation of modeled ages.













































































































































































































































































































































































































































































































































































































































































































































































































































Surface-rupturing normal faults accumulate displacement episodically in earthquakes
or via continuous creep. In the absence of near-surface creep and significant erosion,
bedrock fault scarps can record several meters of cumulative displacement over many
earthquake cycles. Under ideal circumstances, each earthquake brings a previously unex-
posed, relatively unweathered, slip patch up to the surface and raises the previously exposed
patches from older earthquakes higher along the scarp. Thus, from the bottom to the top of
a normal fault scarp (i.e., moving up-dip), there should be progressively more weathered
slip patches. This framework assumes that (i) that fault colluvium does not bury the newly
exposed slip patch inhibiting subaerial weathering, and (ii) no external processes, besides
weathering, significantly alter the scarp after it is exposed (e.g., stream modification of the
base of the scarp, removal of rock mass via slope processes, biological weathering due
to lichen or vegetation cover, remineralization of calcite lower on limestone scarps) (e.g.,
Kastelic et al., 2017). These assumptions are not always valid and limit the applicability of
all scarp dating techniques at some sites.
Numerous studies have outlined methods for identifying SEDs independently of cos-
mogenic exposure ages on bedrock scarps and typically focus on differing degrees of rock
weathering. In the first TCND study of a bedrock scarp, Zreda and Noller (1998) used qual-
itative metrics of rock weathering (e.g., roughness, preservation of slickensides, pitting, and
discoloration) as corroborative evidence of their preferred slip history. Measurements of
surface roughness using a microroughness meter (Stewart, 1996) and TLS (Giaccio et al.,
2003; Wei et al., 2013; Wiatr et al., 2015), pit depth measurements (Tucker et al., 2011),
image analysis (Giaccio et al., 2003), and geochemical signature (Carcaillet et al., 2008;
Manighetti et al., 2010; Mouslopoulou et al., 2011) have yielded promising results that can
assist in interpreting scarp exposure and weathering histories. Other relative dating tech-
niques that measure rock weathering grade are useful in reconnassiance and assessment of
bedrock fault scarps (Table 4.1).
4.2.3 The Schmidt hammer in rock weathering and relative-age dat-
ing studies
The Schmidt hammer tests rock hardness by measuring the rebound of a spring-loaded
piston in a controlled impact against the rock surface, yielding a rebound value (R-value)
(Day, 1980). The technique has been used in geomorphology for over 40 years (Day and
Goudie, 1977; Goudie, 2006) and has been applied to rapidly assess rock strength in the
field and as a relative exposure-age dating tool to distinguish landforms of different ages
(Goudie, 2006; Shakesby et al., 2011). The latter application operates on the assumption
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that rock surface compressional strength and/or mechanical integrity decreases with time.
Calibration with rock surfaces of known age allows this assumption to be tested and in
some cases, enables researchers to establish chronofunctions that can be used to date rock
surfaces or landforms over 102 - 104 year timescales (e.g., Stahl et al., 2013).
In order to use the Schmidt hammer as a relative dating tool, controls must be em-
placed to ensure that exposure age is the dominant, if not the only, variable that affects
R-values. Previous researchers have investigated the relationship between R-value and
time-independent variables that affect R-values like lithology (e.g., Goudie, 2006; Török
et al., 2007), sample dimensions (Sumner and Nel, 2002; Aydin, 2008; Demirdag et al.,
2009), number of samples (Niedzielski et al., 2009), operator bias (Shakesby et al., 2006),
instrument degradation (McCarroll, 1987), biological weathering (Matthews and Owen,
2008), moisture content (Sumner and Nel, 2002), and spatially-variable weathering rates
(Stahl et al., 2013). If these variables are known and adequately controlled, the Schmidt
hammer can be used to distinguish rock surfaces with different exposure ages (Shakesby
et al., 2006, 2011; Stahl et al., 2013).
The difference between Schmidt hammer R-values in successive impacts at the same
location increases with increasing weathering grade (Aydin and Basu, 2005; Nicholson,
2009; Matthews et al., 2016). Using this differencing approach allows detection of and
control for small-scale lithologic, rock mass, or surface roughness variations that lead to
time-independent variability in single impact R-values. This effect is partially due to a
decrease in surface roughness after the first impact, and subsequent pulverization of the
outer weathered zone, leading to higher R-values in successive impacts. Matthews et al.
(2016) showed that this effect becomes insigificant after the fifth impact in a range of
metamorphic and igneous lithologies.
4.2.4 Identification of bedrock fault scarp slip patches using microto-
pography
Microtopography data acquired using TLS have been combined with surface roughness
metrics to investigate fault processes (e.g., Sagy et al., 2007; Candela et al., 2009) and to
investigate the weathering of bedrock fault scarps (Giaccio et al., 2003; Wei et al., 2013;
Wiatr et al., 2015; He et al., 2016). Most of these approaches use fractal parameters as
roughness proxies. Fractal parameter-based methods exploit the fact that on natural sur-
faces, the magnitude of relief is related to the interval over which it is measured by a power
law (e.g., Ahnert, 1984). The exponent of this power law reflects how relief changes with
scale. For instance, He et al. (2016) used the best-fit value of this exponent over the surface
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Figure 4.1: Location and fault trace map of the Hebgen and Red Canyon faults in south-
western Montana. Fault traces are from the US Geological Survey Quaternary Fault and
Fold database.
of a bedrock fault scarp to identify slip patches on limestone fault scarps. Wei et al. (2013)
use fractal-based methods to show that on limestone fault scarps, weathering effects are
typically expressed on scales of several centimeters and less.
4.2.5 Study site
The ideal study site for testing Schmidt hammer and TLS approaches should have (i) some
evidence of multiple slip events exposed along a bedrock fault scarp, (ii) homogenous
lithology along the scarp, and (iii) good scarp preservation with subaerial weathering being
the predominant mode of postexposure alteration. We selected a site along an exposed
section of the Hebgen fault on the northern shore of Hebgen Lake in Montana (Figure 4.1).
The lake has an elevation of c. 2000m above sea level. The region is cold and dry, with
mean annual temperature of 2.8 ◦C and mean annual precipitation of c. 500 mm. Mean
monthly temperatures range from 8 to 16 ◦C; monthly precipitation is relatively constant
at between 30 and 50 mm. The area of Hebgen Lake was periglacial during the last glacial
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maximum (LGM, ∼21 ka BP Pinedale Glaciation) but not occupied by ice and may have
been even drier than present day climate (Licciardi and Pierce, 2008). Terminal moraines
and glacial till from the penultimate Bull Lake glaciation (∼130-160 ka BP) indicate that
the valley was occupied by ice in earlier Pleistocene glaciations (Licciardi and Pierce,
2008; Pierce, 2003).
Hebgen Lake is manmade, created by damming the Madison River in 1914, and is lo-
cated within the intermontane Madison Valley. The region is currently undergoing northeast-
southwest (NE-SW) directed Basin and Range extension and is also at the western flank
of Yellowstone hotspot-related deformation (Wicks et al., 2006). The 1959 Mw 7.3 Heb-
gen Lake earthquake produced surface rupture along the Hebgen and Red Canyon faults
(Witkind et al., 1962) which led to NE-directed subsidence, lake-level rise on the northern
shore of Hebgen Lake, and subsequent inundation of the old route US-287 (Figure 4.1).
The new road was established ∼20m higher, at the base of the c. 250 m-long outcrop
considered in this study.
The limestone that comprises the scarp face is mapped as middle Cambrian Meagher
Formation (Zreda and Noller, 1998; O’Neill and Christiansen, 2004). It is finely crystalline
and appears massively bedded at the transect site though it is commonly thinly to medium
bedded and oolitic in other areas (O’Neill and Christiansen, 2004). Fresh faces of the
limestone appear grayish tan; weathered faces, in general, are light to dark gray, with some
darker staining and pitting evident on some faces. Meter-scale joints are present at some
locations along the cliff exposure. No obvious variability in limestone sedimentology was
observed along preserved sections of the scarp and no fault breccia or gouge was observed.
Our transect coincides with the study site of Zreda and Noller (1998), who used in situ
cosmogenic 36Cl to obtain exposure ages of sections of the limestone scarp and model
earthquake ages. The remainder of the roadside outcrop is unsuitable for absolute- or
relative-age dating as the limestone scarp above the 1959 slip patch has been subject to
rockfall and is therefore discontinuous up-dip. Zreda and Noller (1998) interpreted the
lowest portion of the scarp at our site to have been exposed in 1959 Mw 7.3 Hebgen Lake
earthquake, which caused up to c. 6m vertical displacement along the fault. They inferred
a total of six earthquakes at this site since 24 ka (four since 7 ka). Their data show that
SEDs vary from c. 1-2 m per event, with 2.1 m of slip at the study site in the 1959 earth-
quake. Nearby trenching studies and mapping of Hecker et al. (2000, 2002) and Pierce
et al. (2000) revealed similar >1.2-3.1 m SEDs, but found evidence of only one Holocene
earthquake prior to the 1959 event (c. 1-3 ka) and one latest Pleistocene earthquake (c. 10-
15 ka; Schwartz et al., 2009). The nearest trench to the study site revealed a cumulative 2-3
m vertical displacement in the 1959 and penultimate events, and 5-6 m cumulative vertical
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Figure 4.2: Expected relationships between Schmidt hammer R-value, cosmogenic nu-
clide content, Geologic Strength Index (GSI), surface roughness, scarp height, and relative
earthquake age (e.g., EQ1, EQ2, etc.). (A) The R-value range (∆R) and *I5 index should
increase in discrete steps along scarp height that correspond to single event displacements
(SEDs) in paleo-earthquakes. (B) SEDs are defined by the distance along scarp height that
∆R are constant, with the expectation that older earthquakes show more scatter in ∆R.
displacement over the last three events (Schwartz et al., 2009). The discord between slip
histories in TCND and paleoseismic trenching have led some to question the interpretation
of event ages from the cosmogenic transect (e.g., Pierce et al., 2000) or even that the scarp
was rejuvenated in the 1959 earthquake. Regarding the latter question, however, Johnson
(2017) has shown with airborne LiDAR that this trace did indeed rupture in the 1959 earth-
quake, supporting the interpretation of Zreda and Noller (1998) that this site is a bedrock
fault scarp.
4.3 Methods
4.3.1 Schmidt hammer framework and field protocol
We used a Proceq mechanical N-type Schmidt hammer with an impact energy of 2.207
Nm. For each sample location spaced 0.25m along the direction of slip on the scarp face
(Supporting Information, Figure B.1), we recorded both the first impact R-value and the
subsequent four values at the same point of impact. This sample spacing is considered
reasonable given the fault’s dip-slip motion and all previously reported values of SEDs
along the fault (Zreda and Noller, 1998; Hecker et al., 2000, 2002; Pierce et al., 2000;
Schwartz et al., 2009; Johnson, 2017), though centimeter-scale displacements in smaller
surface rupturing earthquakes would be unlikely to be detected at this resolution.
The approach of collecting five impacts at the same location allowed us to assess a
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‘time-series’ of R-values and examine various R-value metrics: first-impact (R1), R-value
range (∆R), *I5 index (after Matthews et al., 2016), and *Imax index (this study). The
latter three are defined as
∆R = Rmax − Rmin (4.1)
∗I5 = 100× (Ru5 − R1)/Ru5 (4.2)
∗Imax = 100× (Rumax − Rmin)/Rumax (4.3)
where Rmax and Rmin are the highest and lowest R-values of the five successive impacts
at a single location, respectively, Ru5 is the average fifth impact R-value of unweathered
rock, and R1 is the first impact at a single location, and Rumax is the average of maximum
R-values on unweathered rock. These unweathered rock R-values come from a single
impact site for each distinct rock type and are assumed to be uniform for a given rock type.
For application to fault scarps, the area of scarp exposed in the most recent earth-
quake should be the least weathered, and thus yield the smallest values for all indices
(Eqs. 4.1-4.3; Figure 4.2). In the absence of other modifying geomorphic processes
(e.g., scarp renewal by landsliding or by stream abrasion) and complicating variables (non-
uniform lithology or non-uniform weathering processes), R-value indices should increase
in discrete steps along the scarp with increasing weathering grade (Figure 4.2). Addition-
ally, we propose that older slip patches should display larger variance in R-value indices
(i.e., heteroscedasticity) due to small heterogeneities in weathering rates on older surfaces
(Shakesby et al., 2011) (Figure 4.2B).
During sampling, first return R-values were recorded if (i) the rock mass did not move
or chipwhile sampling and (ii) the sound was resonant rather than hollow, the latter of which
is indicative of a shallow discontinuity (e.g., Stahl et al., 2013). If these criteria were met,
four additional R-values were recorded at the same location. Lichen were avoided and all
measurements were taken in dry conditions over the course of one day by a single operator
to avoid operator bias. Sample locations were not abraded or otherwise prepared prior to
impacts so as to preserve the original surface roughness. Sampling was limited to a single
transect where the scarp was continuous along-dip; other transects along the outcrop were
not feasible because slope failures have made identification of the original, continuous
scarp face unreliable. Sample vertical locations were adjusted for fault dip (65◦). The R-
values were not corrected for angle of incidence as all tests were conducted in the same
orientation. The Schmidt hammer was calibrated on a test anvil before and after sampling
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to ensure no instrument degradation.
We also defined and recorded an Adjusted Geologic Strength Index (AGSI) (e.g., Mari-
nos et al., 2005) to semi-quantitatively describe variations in surface weathering and ensure
no major variability in the structural integrity of the limestone scarp. In doing so, we re-
defined some criteria from the original Geologic Strength Index (GSI) ‘surface quality’
scale specifically for quantifying the surface weathering of limestone fault scarps: more
weathered surfaces are rougher, more pitted, more stained/discolored, and have degraded
and poorly preserved slickensides (Stewart, 1996; Zreda and Noller, 1998).
4.3.2 Terrestrial LiDAR scanning (TLS) and roughness analysis
To supplement our Schmidt hammer data, we acquired TLS microtopography on a portion
of the bedrock fault scarp at Hebgen Lake at a resolution of 1 to 2 mm using a Riegl
VZ-2000. The scan area coincides with the scarp above the 1959 slip patch. Plants and
artifacts were removed from the dataset manually. Coordinates were transformed such that
one coordinate dimension represented the distance from the measured fault surface to the
best-fit plane for the entire scarp. As a measure of surface roughness at the scale of interest,
we calculated the variance of this fault plane normal distance in a square moving window
of size ∼20 cm × 20 cm. The mechanics of our moving window procedure are identical to
those in He et al. (2016) though the method of analysis of the data within each window is
different than their fractal-based method. Given the restricted scale over which weathering
effects are topographically expressed (Wei et al., 2013), the topographic variance within a
20 cm window should capture the scale over which the desired signal should exist. Wiatr
et al. (2015) use a similar window size.
4.3.3 Curve-fitting and SED determination
A determination of event-by-event SEDs depends on (i) assessing whether R-value indices
and surface roughness are adequately characterized by discrete steps along the scarp (e.g.,
Figure 4.2) and (ii) identifying the best-fit locations of those steps along the scarp. If
(i) is assumed, then (ii) needs to be conducted in such a way that avoids bias from user
input.We developed a maximum likelihood approach that determines the number of steps
(i.e., number of earthquakes) and their locations (SEDs) for the observed data. For between
n = 1 and n = 6 steps (full range of possible steps given previously reported earthquake
histories), a model fit is generated for every possible location of the step(s) along the scarp.
The mean (µ) and standard deviation (σ) of observed indices are calculated over all of
those steps and the output is the model that maximizes the likelihood function for the index
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relative to µ and σ. SEDs are then determined by the width of the steps along the x-
axis. Maximum likelihood models were calculated for different functions using the natural
logarithm of the R-value index, since a natural logarithmic transformation should reduce
the heteroscedasticity inherent in the indices (Figure 4.2). All errors were assumed to be
normally-distributed on the natural logarithmic scale.
The same fitting method was also conducted on the TLS-derived surface roughness
using microtopographic variance. We use the natural log transform of variance because it
eliminates heteroscedasticity and is consistent with previous approaches to the same data
(e.g., Sagy et al., 2007; Candela et al., 2009; Wei et al., 2013; He et al., 2016). Our moving
window approach results in a two-dimensional grid of topographic variance measurements
that covers the measured portion of the fault scarp. To analyze the topographic variance as
a function of scarp height, we use the mean log variance of each row of the grid (rows are
perpendicular to fault dip). In addition, we use the standard deviation of each row as an
independent estimate of uncertainty.
4.3.4 Model selection
If a stepwise fit is not assumed, then the model selection method must be able to accom-
modate the different functional forms of all candidate models. One such method is the
Bayesian Information Criterion (BIC; Schwarz et al., 1978), which quantifies the goodness-
of-fit with penalties imposed for additional model parameters:





where k is the number of free parameters to be estimated, n is the sample size, and L̂
is the maximized value of the log likelihood function of the model. Lower BIC values
indicate more preferable models. While the stepwise model fits our and others’ geologic
interpretation of the site as a scarp exposed in episodic earthquakes, we used the BIC to
determine if this model is statistically superior to linear and power law fits, and to determine
the optimal number of steps for the stepwise model (see Supporting Information).
For calculating the BIC, linear and power law models have three parameters each: two
corresponding to the function parameters (slope and intercept, and constant and exponent,
respectively) and one corresponding to the standard deviation of the model residuals (Burn-
ham and Anderson, 2004). Stepwise models have two parameters (for no steps, y = con-
stant), plus two more for each step. These parameters are the constant y value of each step
(e.g., R-value metric or topographic variance), the x values of the break points between
steps, and the standard deviation of the model residuals. Linear and power law maxi-
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Figure 4.3: (A) Photograph of the scarp in this study and that of Zreda and Noller (1998)
(location in Figure 4.1). (B) Photograph of slickensides near the top of the scarp in (A).
Slickensides become more poorly preserved up-fault. (C) Photograph of scarp section pro-
duced in the 1959 Hebgen Lake earthquake. The section is marked by a smooth, striated
plane with few weathering pits or staining. (D) Estimations of Adjusted Geologic Strength
Index (AGSI) for the scarp. Surface conditions degrade up-scarp (lower values and shifted
to the right on the top axis) while variability in structural integrity is less pronounced.
mum likelihood parameters were determined by pattern search (Hooke and Jeeves, 1961),
whereas stepwise maximum likelihood models were determined using brute force.
4.4 Results
4.4.1 Adjusted Geologic Strength Index (AGSI)
AGSI values generally decrease with increasing scarp height (Figure 4.3) and permit dis-
crimination of three loosely-defined weathering zones over the c. 10 m scarp height. The
limestone was observed to have only small variations in structural integrity along the scarp,
ranging from Blocky to Intact/Massive (Figure 4.3D). Larger variations were observed in
surface quality of the limestone (top axis, Figure 4.3D). Zone I (AGSI = 73-83, c. 0-1.25
m vertical) corresponds to the 1959 slip surface, which has well-preserved slickensides on
a smooth, planar and unstained surface (Figure 4.3C). Zone II (AGSI = 60-75; c. 1.25-
5 m vertical) is characterized by a slight decrease in structural integrity (Very Blocky to
Blocky) but marked decrease in smoothness, slickenside preservation, and increase in dis-
coloration/staining (Figure 4.3A). Zone III (AGSI = 65-75; c. 5-10 m vertical) has the
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Figure 4.4: Schmidt hammer R-value versus scarp height for all impacts. Adjusted Geo-
logic Strength Index (AGSI) results are shown for three weathering zones (Zones I-III) and
correspond to discrete changes in ∆R (the distance between lowest and highest R-values at
each point, colored series).
highest structural integrity of the three zones (Intact/Massive) but is again characterized
by a decrease in smoothness and slickenside preservation (Figure 4.3B) and an increase in
discoloration and pitting (Figure 4.3A) from Zone II. We demarcated one additional zone
Zone IV (AGSI = 30-60; > 10m vertical) above the transect that is marked by a decrease
in both structural integrity and surface quality, but it is not clear that this zone is a contin-
uation of the planar fault scarp from below (van der Woerd et al., 2000, Figures 4.3A and
4.3D) and is thus not included in further analyses.
4.4.2 Schmidt hammer R-values
The R-value minima (first or second impact in∼90% of sample locations, Figure 4.4) show
an overall decreasing trend with increasing scarp height, while R-value maxima (fourth or
fifth impact in ∼80% of sample locations, Figure 4.4) show less variability with scarp
height. From one sample location to the next (i.e., every 0.25m along the scarp) there can
be significant variability in R-values. These variations typically affect all of the impacts at
a given location, causing some alignment of ‘peaks’ and ‘troughs’ in the different impact
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Figure 4.5: Positive correlation of Schmidt hammer R-value range (∆R), *I5, and *Imax
with scarp height. See text for discussion.
series (Figure 4.4). Thus, ∆R remains relatively unchanged over short length scales despite
the large fluctuations in individual readings.
The R-value range (∆R) and *I indices (Eqs 4.2 and 4.3) increase with scarp height
(Figure 4.5). For our application, the ∆R metric is preferred over the *I5 and *Imax.
The *I metrics (Matthews et al., 2016, and this study) rely on an R-value measurement
of unweathered rock, which is then assumed to be constant for that rock type. The entire
Hebgen Lake fault scarp is limestone, and lithologic variations that might be expected to
affect R-values were not observed during visits to the site. Thus, the use of *I metrics would
assume a single, characteristic unweathered R-value for the entire dataset, which conflicts
with our data: R-values for repeated impacts at different sites on the 1959 slip patch (Zone
I in Figures 4.3 and 4.4) converge on values that differ by up to ∼10, more than a third of
the total spread in R-values observed across our dataset. This difference suggests that, at
the Hebgen Lake site, non-weathering factors besides general rock type have a significant
effect on the R-values of unweathered rock, invalidating the assumption of *I metrics. In
contrast, the ∆R values for these impact sites are relatively consistent (Figures 4.4 and 4.5).
As such, we conduct further analysis only on ∆R.
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Figure 4.6: Model fitting to Schmidt hammer data in ln(∆R) space. Using a natural loga-
rithmic ∆R scale reduces the heteroscedasticity observed in ∆R values simplifying model
fitting and selection. Only the best-fitting step model (blue, Table 4.2) is shown here, which
has a lower Bayesian Information Criterion (BIC) than linear (red) and power law (yellow)
model fits.
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4.4.3 Model comparison of ∆R
The maximum likelihood models for linear, power law, and stepwise relationships between
∆R and scarp height are shown in Figure 4.6. The values of BIC indicate that a stepwise
model with two break points is preferred, corresponding to three distinct patches of ∆R
moving up the scarp (Table 4.2, Figure 4.6). It can be seen that the support from BIC for
the stepwise model with two breaks over the linear model and stepwise models with more
breaks is not overwhelming; however, under the classification scheme of Kass and Raftery
(1995), the preference of the two-step model over the linear and three-step models should





Stepwise (one break) 56.72
Stepwise (two breaks) 46.77
Stepwise (three breaks) 49.80
Table 4.2: Bayesian Information Criterion (BIC) values for various functional forms of
log ∆R versus location on scarp (lower values indicate better fits). The preferred model
(stepwise with two breaks) is shown in bold typeface.
4.4.4 TLS-derived surface roughness
The TLS data above the 1959 slip patch assist in interpreting the AGSI values and Schmidt
hammer data in that part of the transect. The surface roughness (i.e., topographic variance)
decreases as scarp height increases (Figure 4.7). It can be seen that there is significant
scatter to the topographic variance data. High and low variance values are not randomly
distributed on the fault scarp, but rather form numerous clusters (Figure 4.7B). Natural log
transformed topographic variance values can be seen to be homoscedastic (Figure 4.7C).
Fits of log transformed topographic variance versus scarp height were conducted on a sub-
set of the total scan, using the same set of functional forms as for R-value range. BIC
values indicate a slight preference for a stepwise model with one break over an exponen-
tial function (Table 4.3, Figure 4.7C shows the one break step function and the power law
function).
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Figure 4.7: Microtopographic analysis from terrestrial LiDAR scanning (TLS) data. (A)
Hebgen lake fault scarp TLS dataset has been fit with a plane, and values indicate the
distance of each point from the best-fit plane. A cosmogenic nuclide sample transect is
visible and provides a common reference to Figure 4.4. The 7.5 m measurement indicates
vertical height. (B) Variance of topography calculated over the fault scarp using a moving
window. The slightly grayed out region is the full scan, and the fully opaque region is
that used for the subsequent analysis. Inset shows mechanics of the moving window. The
center of each cell corresponds to the center of one location of the moving window, which is
actually twice as wide and twice as tall as the cells shown. Thus, adjacent cells in the main
portion cover some of the same topography. (C) Mean and standard deviation topographic
variance for each row of the moving window analysis. A step function fit (red) is barely




4.5.1 Use of ∆R as preferred Schmidt hammer metric
On length scales greater than 0.25 m, the change in ∆R is predominantly controlled by
decreasing Rmin (Figure 4.4). Values of Rmax remain approximately the same (60 ± 3,
1σ) over the scarp and are interpreted to reflect the underlying structural integrity of the
rock mass. It is thought that Rmin varies with surface conditions, like ∼1 cm scale surface
roughness, (top row of AGSI, Figure 4.3) and Rmax remains comparatively stable with
structural integrity (left column of AGSI, Figure 4.3). The small drop in Rmax across
weathering Zone II compared to Zone III (Figure 4.4) is reflected by the slight decrease in
AGSI structural integrity of Zone II (Figure 4.3). Because of the covariance of Rmax and
Rmin values (Figure 4.4), ∆R is a more stable metric for weathering duration than a single-
impact R-value. The reduced noise of ∆R relative to single impact R-values is important
for model selection. Conducting multiple impacts at a single location also yields important
information on the underlying conditions of seemingly homogeneous bedrock not obtained
by taking a single impact at each location.
There is much greater scatter in both *I metrics than in ∆R (Figure 4.5). This can be
attributed to two separate causes. For the *I5 value, the fifth impact does not necessarily
yield the highest R-value in our tests, and therefore it is not the best indicator of unweath-
ered rock. This contrasts with the findings of Matthews et al. (2016) and could be due to
their use in relatively competent rock compared to limestone. The Rumax value might be
considered to be a better indicator of unweathered rock in limestone, and therefore *Imax
should yield a more useful relationship with exposure age. However, as discussed earlier,
the range of Rmax values within the 1959 slip patch, from which Rumax is calculated, vary
significantly. This could be due to non-weathering related variables within the rock and
make ∆R more suitable measure of weathering degree.
4.5.2 Apparent steps and SEDs of the Hebgen fault
A step pattern of ∆R is expected on a fault scarp that has been progressively exposed in
surface rupturing earthquakes (Figure 4.2). The width of the steps (change in scarp height,
∆x) should define the SEDs in these earthquakes. Our preferred model for the Hebgen
fault distinguishes the area of scarp exposed in the 1959 Hebgen Lake earthquake and two
other slip patches (Figure 4.6). The 1959 slip patch extends from 0.00 to 1.25 m vertical;
a second section extends from c. 1.25 to 5.00 m; and a third section is interpreted from c.
5.00 to 9.80 m. We note that the vertical displacement for the 1959 patch is a minimum
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because our transect did not extend to the base of the 1959 scarp (which was observed along
strike). If interpreted as vertical displacements, these ranges translate to >1.25, 3.75, and
4.80 m vertical slip in past earthquakes. It is unknown if the length of the final step (4.8
m) represents a larger SED or the failure of the Schmidt hammer to discriminate two or
more older earthquakes in this age range due to the high variance (Figures 4.5 and 4.6). In
any case, these displacements are considered reasonable given the maximum displacements
reported along all faults in the 1959 earthquake (c. 3-6 m; Witkind et al., 1962; Schwartz
et al., 2009) and the range reported in trenching investigations along the fault (1-3 m).
Model BIC
Power law 179.89
Stepwise (one break) 178.34
Stepwise (two breaks) 185.64
Table 4.3: Bayesian Information Criterion (BIC) values for various functional forms of
log topographic variance versus location on scarp. The preferred model is shown in bold
typeface.
Like the Schmidt hammer results, TLS-derived topographic variance results from TLS
above the 1959 slip patch are best fit with stepwise function (Figure 4.7). It should be
noted that the stepwise relationship is only barely preferred over a power law relationship
according to the BIC values (Table 4.3), which is due to the high scatter. Some warping
is observed between the reliable scarp height values of the TLS data and the height es-
timates of the Schmidt hammer data, which are estimated using tape measurements and
the measured dip of the scarp. However, scarp features such as plants and the track of a
past TCND transect provide tiepoints between the TLS data, Schmidt hammer data, and
AGSI interpretations. These tiepoints reveal that the location of the step in topographic
variance corresponds to within ∼1m with the boundary between Zone II and Zone III in
AGSI (Figures 4.3 and 4.4), and the upper break revealed by the R-values (Figure 4.6).
The TLS data is somewhat counterintuitive, however, in that it shows topographic vari-
ance decreasing towards the upper part of the scarp. This means that slip patches exposed
by older earthquakes have smoother surfaces, at the scales investigated, than those exposed
by younger earthquakes. The trend we observe is the opposite of the relationship between
variance and scarp height observed by other studies on limestone normal fault scarps (Wei
et al., 2013; Wiatr et al., 2015) for length scales similar to our ∼20 cm window. In addi-
tion to the results shown in Figure 4.7, we performed the variance analysis with a ∼5 cm
moving window, which produced nearly identical results to the ∼20 cm window. In an-
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other analysis, we attempted to compensate for some non-planar topography observed on
the scarp at small spatial scales with a local best-fit plane within each window. This proce-
dure was undertaken using both∼5 cm and∼20 cm moving windows, and the relationship
between variance and scarp height was virtually identical to that depicted in Figure 4.7 in
both cases.
We interpret the unexpected relationship between topographic variance and scarp height
that we observe as a product of jointing in the lower part of the scarp (Figure 4.3). This
is mirrored by the lower value of AGSI Structural Integrity for Zone II than for Zone III
in Figure 4.3. Thus, our results suggest that variations in macro-structural features such
as joints may obscure the effects of weathering in roughness analyses of fault scarps. Our
findings from the Hebgen scarp suggest no relationship between the development of macro-
scale structural features such as joints and the age of a paleoseismic slip patch (Figure 4.4),
which implies that topographic variance due to jointing is not useful for identifying slip
patches. It is possible that a method for filtering out features like joints could mitigate this
problem.
4.5.3 Reconciling SEDs with other records
Our results based on Schmidt hammer are at odds with the SEDs previously interpreted for
this specific site from TCND (Zreda and Noller, 1998). We propose that the interpretation
of more events with smaller displacements delineated by Zreda and Noller (1998) could
be due to the methods they used to group samples. Setting aside the six sample groupings
based on weathering characteristics presented in Zreda and Noller (1998), we fit stepwise
exponential functions to the 36Cl apparent ages using a procedure similar to the stepwise
fitting presented earlier (Figure 4.8; Supporting Information). The objective of this fitting
is not to redefine the absolute ages of events, as could be accomplished with full elemental
analysis of the samples and well-established, robust modeling routines for determining the
exposure histories of faults (Schlagenhauf et al., 2010). Rather, we aim to find the locations
and number of events for which there are statistical support. Each stepwise piece can be
expressed as
y = y0 + Ae
λx, xlb < x ≤ xub (4.5)
where y is the predicted cosmogenic apparent age, y0 is the age offset of the current step,
A is the exponential coefficient, λ is the attenuation length, and xlb and xub are the lower
and upper bounds of x for the current step. The age offset y0 is not a standard term of the
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Figure 4.8: Correspondence of discrete breaks in Schmidt hammer data (grey filled circles)
and apparent cosmogenic exposure ages of Zreda and Noller (1998). The scarp locations
of the cosmogenic ages have been shifted using the top of the 1959 slip patch as a common
datum between the two datasets, though some uncertainty exists in the co-registration of the
two datasets. The highly variable uncertainty in reported apparent cosmogenic ages results
in some data having a much greater influence on the fit than other data and introduces
uncertainty in the location of the steps.
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spallation that a given slip patch undergoes once it is exhumed. Details of the parameters
and assumptions used in this fitting are listed in the Supporting Information. Figure 4.8
shows our model fits to Zreda and Noller (1998) data, revealing that the data only support
a model of the scarp that includes three slip patches (using BIC, shown in Figure 4.8). The
locations of the slip patch boundaries inferred from the Schmidt hammer and cosmogenic
exposure age data are somewhat offset from one another, though we stress that the co-
registration between the two datasets is not robust.
While further testing is required to resolve the debate between paleoseismic trench-
ing and TCND of the Hebgen fault, we consider a three event history, as evinced in the
Schmidt hammer data, re-analysis of apparent cosmogenic exposure ages, and late Pleis-
tocene record of events in trenches, to be a plausible outcome. The differences in displace-
ments between trenching and the study site here are not unexpected due to along-strike dif-
ferences in fault kinematics and distributed (i.e., off-fault) deformation in unconsolidated
sediments.
There are two alternative interpretations that our data cannot resolve. The first is that
both trenching and the Schmidt hammer miss smaller events that are recorded by the orig-
inal cosmogenic exposure ages of Zreda and Noller (1998). The second is that progressive
exposure at this scarp could be assisted by non-tectonic, continuous or diffusive lowering
of the colluvial cover at the base of the scarp. Kastelic et al. (2017) observed exposure rates
due to non-tectonic erosion or deposition of colluvial material at the base of normal faults
in Italy, and concluded that exposure rates could outpace fault slip by orders of magnitude.
If this was the only process operating on the Hebgen fault, the linear or power-law models
for progressive exposure (Figure 4.6) could be the most appropriate curve fits. While our
BIC models show favorability for the step-function over these other fits, and there is good
evidence for discrete displacements, we consider that the non-tectonic contribution of scarp
exposure could lead to the large amount of noise for older events and potentially limit the
applicability of using the Schmidt hammer beyond the last ∼2 events.
4.5.4 Practical considerations of Schmidt hammer methodology
This study was limited to a single transect along the Hebgen fault, and so further test-
ing should be conducted on other faults in different climates to confirm the utility of the
Schmidt hammer in these studies. The technique seems most promising for distinguishing
between the most recent event and penultimate event slip patches, as Stewart (1996) ob-
served using measurements of surface roughness on limestone faults. In fact, we suggest
that the main attribute of the rock weathering being measured by the Schmidt hammer is
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the variable centimeterscale surface roughness of different slip patches. Since R-values are
relatively simple to obtain in the field, the Schmidt hammer could be used as an auxiliary
dataset in conjunction with other techniques (Table 4.1).
Other recommendations for future use are discussed below. Where possible, R-values
should be collected in two dimensions along the scarp with their locations surveyed using
a string grid or laser-based ranging. This approach would allow for more rigorous spatial
and statistical analysis of the data. As with any measurement of paleoseismic slip at a
point, care should be taken in applying the derived value of SED (or set of SEDs) to other
positions along the fault, as these are likely to vary along-strike and between earthquakes.
If a bedrock scarp is exposed in several places along strike, the Schmidt hammer may be a
useful tool for providing rapid, preliminary assessment of this slip variability.
In practice, we found that field investigations of steep bedrock scarps using the Schmidt
hammer are likely to be limited by along-strike alteration of the scarp and/or the location of
sites to set up a rope or ladder to reach sample locations. Care should be taken to avoid areas
of visible scarp modification by processes other than weathering. Operating the Schmidt
hammer while suspended by a rope is challenging and requires a second person to record
values (for non-digitally recording hammers). Even so, it is not always possible to get
reliable impacts at every planned sample location due to the geometry and relief of the
fault scarp.
For future studies, our approach can be adapted to distinguish SEDs on fault scarps
provided that (i) lithology does not change over the fault scarp, (ii) the fault scarp has not
been significantly eroded in older events and can be traced as a single, continuous plane
over the sample transect, (iii) there are no significant variations in weathering processes and
rates through time (e.g., case hardening of older exposed sections), and (iv) non-tectonic
exposure of the fault plane does not outpace the rate of exposure in earthquakes.
Faults with higher slip rates, smaller SEDs, and/or shorter recurrence intervals may
not show enough inter-event ∆R variability to discriminate displacements (numerically or
otherwise). Similarly, faults with much slower slip rates and longer recurrence intervals
may have uniform weathering characteristics and therefore ∆R over the exposed scarp. We
anticipate that faults with several thousand-year recurrence intervals will yield enough vari-
ability in R-values to delineate weathering zones and SEDs. Additionally, with calibration
on scarp sections of known age, chronofunctions could be developed that yield numerical
paleo-earthquake ages from Schmidt hammer measurements.
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4.5.5 Applicability of step function fitting to SED identification
The step function fitting presented in this paper requires little user input, incorporates the
effects of heteroscedasticity, and requires few initial assumptions. For other paleoseismic
data that are expected to show monotonically increasing, stepwise behavior, but do not
have constraints on the absolute location or number of events, this approach is useful in
identifying SEDs. Other approaches using regression trees or the sliding window Student’s
t-test of He et al. (2016) are promising, but require more user input and could introduce
user bias in defining SEDs.
The assessment of models using the BIC should be used with an understanding of what
the BIC represents. This BIC penalizes additional parameters in curve fitting, so it is ideal
for avoiding over-fitting slip histories and interpreting too many earthquakes. However,
for long-lived bedrock scarps with many small displacements, the BIC may prefer func-
tions with only a few steps or continuous models over a ‘true’ but complex slip history,
thus under-representing the earthquake hazard of a fault. As such, user-discretion is still
advisable for selecting the most appropriate model from information criteria.
4.6 Conclusions
The major conclusions of this preliminary study are summarized here:
(1) We have presented the first application of Schmidt hammer testing in resolving
single event displacements (SEDs) on bedrock fault scarps. A geomorphic framework and
best practice field methods are also provided.
(2) SEDs can be identified by fitting step-functions and other models to the R-value
range over five impacts at a point (∆R) and assessing the model fits using the BIC. We
propose that this approach is applicable to other scarp dating techniques (Table 4.1).
(3) For the Hebgen fault, the best-fitting model is a stepwise, three-event model. The re-
sulting SEDs are generally consistent with several meter-scale displacements of the fault in
three recent events as proposed by trenching studies and by re-analysis of cosmogenic ex-
posure ages for the same scarp. The exact lengths of these displacements are not resolved,
but they probably represent a maximum of c. 4.8 m.
(4) The Schmidt hammer should be used in conjunction with other absolute and relative-
age dating techniques to further explore its utility in assessing fault slip in paleo-earthquakes.
The promising results presented in this study could facilitate rapid field assessment of
SEDs along active normal faults.
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CHAPTER 5
Schmidt Hammer and Terrestrial Laser
Scanning (TLS) Used to Detect Single Event
Displacements on the Pleasant Valley Fault
(Nevada, USA) *
Abstract
The surface roughness of carbonate fault scarps often reflect varying durations of exposure
to subaerial weathering. On the Pleasant Valley fault in central Nevada, the documentation
of a surface rupture in 1915, a long recurrence interval of faulting, slow weathering rate,
and a relatively high (2-3 m) single event displacement make the discrimination of the
historical and penultimate slip patches unambiguous. Following from a 2018 study, we
used a Schmidt hammer and terrestrial laser scanning (TLS) to further test whether these
weathering patterns delineate exposed slip patches on a fault scarp. Results show that
Schmidt hammer rebound value ranges (termed ∆R - the difference between minimum
and maximum R-values in repeat impacts at a point), increase by ∼8-10 points across the
historical-penultimate event transition zone in two separate scarp transects. TLS-derived
surface roughness also indicates a clear difference between the most recent and penultimate
events. The average single event displacement (SED) estimated using the Schmidt hammer
and TLS is 2.85 m at two transect sites and is roughly equivalent to the visually estimated
3 m. While this fault is an ideal case where we know some of the slip history, the results
demonstrate that these techniques show promise for discriminating slip patches on larger
carbonate fault scarps with longer paleoearthquake histories, and could be used alongside
36Cl cosmogenic exposure-age dating to improve paleoseismic records on normal faults.
*Chapter 5 has been accepted for publication in Earth Surface Processes and Landforms: Stahl, T. and
Tye, A. (In Press). Schmidt hammer and terrestrial laser scanning (TLS) used to detect single event displace-
ments on the Pleasant Valley fault (Nevada, USA). Earth Surface Processes and Landforms.
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5.1 Introduction
Surface rupturing normal faults present a unique opportunity for identifying paleoearth-
quakes. Where normal faults rupture to the surface in bedrock, fault scarps—the surface
expression of one or more earthquakes—may be preserved, allowing direct exposure-age
dating of the fault surface and modelling of earthquake displacements and recurrence inter-
vals (Bosi et al., 1993; Zreda and Noller, 1998). The use of cosmogenic 36Cl on limestone
scarps for these objectives is well-established and provides some of the most detailed pa-
leoseismic records, with the best age precision, available on any fault (e.g., Zreda and
Noller, 1998; Benedetti et al., 2002; Schlagenhauf et al., 2010; Benedetti and van Der Wo-
erd, 2014; Mouslopoulou et al., 2014; Mechernich et al., 2018). The difficulties associated
with this technique are that it can be prohibitively time consuming and expensive to prepare
and analyse samples at more than one scarp transect and at sampling intervals required to
resolve event ages.
Relative age dating techniques, based primarily on rock weathering, have been used
alongside 36Cl exposure-age dating of fault scarps to corroborate results and guide sam-
pling for cosmogenic nuclide dating (Stewart, 1996; Zreda and Noller, 1998; Giaccio et al.,
2003; Tucker et al., 2011; Wei et al., 2013; Wiatr et al., 2015; He et al., 2016; Tye and Stahl,
2018). These techniques work on the premise that slip patches previously exposed in earth-
quakes have been subjected to a longer duration of subaerial weathering than more recently
exposed patches. Wallace et al. (1984) was one of the first to recognise the potential for
differential weathering and biogenic colonisation to yield relative age information on the
Pleasant Valley scarp in central Nevada, USA. Based on relatively fresh limestone surfaces
exposed in the moment magnitude (Mw) 6.9-7.0 1915 Pleasant Valley earthquake (Doser,
1988) compared to a higher, more deeply pitted patch, Wallace et al. (1984) proposed that
the weathering pattern could be used to estimate the age of the pre-1915 most recent event
(MRE) on the fault.
In this paper, we test the hypothesis of Wallace et al. (1984) on the Pleasant Valley
fault using two techniques to characterise the differing degrees of weathering between
the 1915 and pre-1915 slip patches. We begin first with a brief review of principles of
relative-dating as applied to bedrock fault scarps, followed by a discussion of the study site
and methods. We analyse Schmidt hammer rebound values (R-values) and terrestrial laser
scanning (TLS) point clouds of the scarp face to characterise the near-surface weathering
and roughening of the scarp over a single earthquake cycle. In doing so, we build on the
methodology and results of Tye and Stahl (2018) from the Hebgen fault (Montana, USA)
and provide unequivocal evidence that weathering contrasts in limestone slip patches are
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quantifiable under certain climatic and fault behaviour conditions (e.g., recurrence interval,
RI, and single event displacement, SED). We conclude with recommendations for applying
these techniques elsewhere.
5.2 Background
5.2.1 Relative age dating techniques
Relative-dating techniques were developed on the premise that time-dependent changes to
rock masses and surfaces are quantifiable. One of the most widely-used applications is
in exposure-age dating, where various metrics of surface weathering have been shown to
correlate to the duration the rock surface has been exposed at or near the surface. Among
other indicators, rock density and P-wave velocity (Maizels, 1989; Crook and Gillespie,
1986); surface roughness (e.g., Wiatr et al., 2015; He et al., 2016), and pit depths (Tucker
et al., 2011); weathering rind thickness and mineralogy (e.g., Laustela et al., 2003; Sak
et al., 2004); and degree of lichen colonisation and lichen diameter (e.g., Benedict, 1985;
Bull, 1996) all have been used as indicators of surface exposure age.
The Schmidt hammer tests rock hardness via a controlled impact of a spring-loaded
piston against a surface and has been used in relative- and calibrated-age dating for years
(c.f. Goudie, 2006). The distance that the piston rebounds within the device is measured
and used to produce a rebound value (R-value). Larger R-values are generally expected
from smoother and harder (or more elastic) rock surfaces. Schmidt hammer R-values have
been shown to correlate with physical rock mass characteristics like uniaxial compressive
strength (UCS) and Young’s modulus of elasticity (E) (c.f. Goudie, 2006), as well as with
time-dependent surface weathering characteristics like weathering rind thickness (Laustela
et al., 2003; Stahl et al., 2013) and surface roughness (McCarroll, 1991; Tye and Stahl,
2018).
In order to interpret relative exposure ages from R-values, the user must control for
other factors that influence R-value. Schmidt hammer R-values have been shown to be
sensitive to variations in lithology (e.g., Goudie, 2006; Török et al., 2007), rock moisture
content (Sumner and Nel, 2002), biologic weathering (Matthews and Owen, 2008), rock
sample dimensions (Sumner and Nel, 2002; Aydin, 2008; Demirdag et al., 2009), number
of samples per surface (Niedzielski et al., 2009), operator bias (Shakesby et al., 2006), and
instrument degradation (McCarroll, 1987), among other factors. With adequate control for
these factors, the largest influence on R-value is the duration of exposure at the surface.
In regions of tectonic extension, normal faults accommodate dilatational strain via brit-
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tle and ductile deformation. Under brittle deformation regimes, large earthquakes (& Mw
6) rupture normal faults at the ground surface, causing episodic, centimetre- to metre-scale
discrete displacements (e.g., Nicol et al., 2006). Fault scarps in unconsolidated material
form and subsequently erode, with the net vertical displacement across the degraded scarp
indicating the cumulative displacement from all prior surface-rupturing earthquakes (e.g.,
Hanks et al., 1984). Fault scarps form and degrade in a different manner where normal
faults rupture to the surface in competent bedrock (e.g., at range fronts). For example,
in competent limestone lithologies, fault planes may be exposed and weather subaerially
while maintaining the overall original scarp slope (e.g., Bosi et al., 1993). Limestone fault
scarps therefore preserve horizontal (i.e., oriented along-strike) bands, or slip patches, with
different exposure-ages corresponding to the timing of past earthquakes (e.g., Zreda and
Noller, 1998; Giaccio et al., 2003). The different exposure ages may be reflected in rare
earth element content (e.g., Manighetti et al., 2010; Mouslopoulou et al., 2011; Tesson
et al., 2016) and/or the weathering characteristics of different patches.
Several studies have examined the weathering characteristics of limestone fault scarps.
Wallace et al. (1984) was one of the first to qualitatively describe weathering differences
between two slip patches on a fault scarp. Wallace et al. (1984) noted the difference be-
tween a lower∼3 m of fresh scarp exposed in the 1915 Pleasant Valley earthquake and that
of an upper more lichen-covered, rougher, and more heavily solution-pitted band. Stew-
art (1996) measured the surface roughness of the Kaperelli and Pisia faults in the eastern
Gulf of Corinth, both of which ruptured to the surface and exposed fresh scarp faces in the
1981 Corinth earthquakes. The results of Stewart (1996) showed that fault surfaces above
the 1981 slip patches were generally rougher than the fresh exposure; however, because of
the heteroscedasticity in the data, caution was urged in interpreting paleoseismic histories
based on surface roughness beyond historical and MRE events. Mechernich et al. (2018)
revisited this fault using a multi-proxy approach and identified 6-8 weathering bands (or
stripes) that could be correlated with earthquakes. Tucker et al. (2011) found a positive
correlation between pit depths and cosmogenic exposure-ages on the Magnola fault scarp
in the central Apennines, Italy. Giaccio et al. (2003) used image analysis to identify pre-
vious bands of soil-bedrock contact on the Campo Felice fault in the same region. One of
the best-established techniques for carbonate fault scarps has been the Rare Earth Element
(REE) method. Manighetti et al. (2010) developed the technique on a fault of known earth-
quake history by examining peaks of REE+Y left over by soil weathering within the first
1.5 m of the ground surface. Mouslopoulou et al. (2011) and Mouslopoulou et al. (2014)
were the first study to apply and subsequently confirm the technique on a fault of unknown
paleoearthquake history in Crete.
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Surface roughness from terrestrial laser scanning (TLS) microtopography data have
also been used to investigate many aspects of fault friction (Sagy et al., 2007; Candela
et al., 2009; Brodsky et al., 2016) and scarp weathering (Wei et al., 2013; Wiatr et al.,
2015; He et al., 2016; Tye and Stahl, 2018). Many of these works have investigated the
effects of weathering on the fractal distribution of scarp surface relief (Wei et al., 2013; He
et al., 2016). The analysis of Wei et al. (2013) showed that the effects of weathering on
scarp microtopography are most pronounced at spatial scales of several centimeters or less.
Zreda and Noller (1998) presented the first study using 36Cl exposure-age dating on a
limestone fault scarp in their research on the Hebgen fault in Montana, USA. In their study,
they used relative weathering metrics (e.g. roughness, discoloration, pitting, and preserva-
tion of slickensides) as guides in grouping 36Cl sample concentrations and apparent ages.
Tye and Stahl (2018) re-evaluated the same exposure using the Schmidt hammer, adjusted
Geological Strength Index (GSI), and TLS and found that R-values decreased in steps with
increasing height on the scarp, which they attributed to incremental exposure of the scarp
in 3-4 earthquakes. Interpretations of TLS data, however, were inconclusive, which could
be partially attributed to the macro-scale weathering characteristics of the Hebgen fault site
(Tye and Stahl, 2018). In order to further test the utility of Schmidt hammer and TLS in




Our study site is located in central Nevada, USA, within the actively extending Basin and
Range province (Fig. 5.1). East-west directed extension in the Basin and Range is accom-
modated by a series of N-S oriented normal faults, forming a series of topographic ranges
and adjacent valleys. The site is located on the Pearce section of the Pleasant Valley fault
(Wallace et al., 1984) at the southwestern range front of the Tobin Range (Fig. 5.1). The
elevation of the site is c. 1490 m; it has a mean annual temperature (30-year normal) of 9.5
◦C and mean annual precipitation of 210 mm (data sourced from National Oceanic and At-
mospheric Administration 30-year normals between 1981-2010 for Winnemucca Airport
climate station, located 75 km to the North along Pleasant Valley). The lithology of the
fault scarp is massive, grey dolomitic limestone of the Triassic Natchez Pass Formation
(Page, 1935; Stewart and Carlson, 1976).
The Pleasant Valley fault last ruptured in an earthquake on October 2nd 1915. The
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Figure 5.1: Location of the study site within (A) Basin and Range province of Nevada,
USA, on the (B) Pearce Section of the Pleasant Valley fault. In (B) the light colored band
demarcated by red arrows is the surface rupture of the 1915 Pleasant Valley earthquake.
The fault ruptured through both bedrock and unconsolidated alluvial fan gravels (C). The
distinction between 1915 and pre-1915 slip patches is primarily color, which is determined
by lichen cover (C & D).
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seismological moment magnitude (MWs) of the earthquake is estimated to be MWs 6.9-
7.0 but is uncertain due to the low number of recording seismograph stations near the
epicenter (Doser, 1988). The geological moment magnitude (MWg, estimated from field
observations of length and displacement) is significantly higher at MWg 7.3-7.5 (Wallace
et al., 1984; Wesnousky, 2008; dePolo, 2013). One potential reason for this discrepancy
is that the October 2nd earthquake was preceded, on the same day, by two significant
foreshocks that could have caused surface rupture along sections of the Pleasant Valley
fault; however, no historical account is definitive in identifying surface rupture from these
events (Wallace et al., 1984; Doser, 1988; dePolo, 2013). Thus, for the purposes of this
study, we assume that the observed displacement was accrued during a single event (the
1915 earthquake).
Displacement on the Pleasant Valley fault in 1915 was predominantly dip-slip with a
small dextral component. Average net slip was 3.2-3.6 m, with average and maximum
dip-slip values of 3 and 6.7 m, respectively (dePolo, 2013). Four fault sections have been
defined on the basis of local geology, morphology, and trace continuity: (from north to
south) the China Mountain, Tobin, Pearce, and Sou Hills sections. The Pearce section is
the longest at ∼30 km.
At the study site on the Pearce Section of the fault (Fig. 5.1B), the exposed fault plane
strikes 185◦ and dips 50◦ to the West, with striae plunging 49◦ towards 295◦, confirming
predominantly dip-slip motion with a minor dextral component. The scarp is present as a
single exposed fault plane for c. 7.5 m scarp height but becomes progressively covered in
vegetation above 5 m. We observed no gouge on the surface. Wallace et al. (1984) reported
dip-slip of 3 m in the 1915 earthquake at this location and noted bands with different
weathering on the limestone scarp, with a transition zone ‘a few centimeters wide’ (pg.
A23). We visually confirmed the observation of this transition zone between 1915 and
pre-1915 slip patches, and that the upper patch had 0.5 cm deep and 1-2 cm wide solution
pits, more intense lichen cover, and elongate rillenkarren. This upper weathered zone was
attributed to a longer duration of weathering on the upper part of the scarp due to one or
more pre-1915 earthquakes on the fault by Wallace et al. (1984); they proposed an age of
several thousand, but less than 12,000 years, for this event.
Paleoseismic studies on the Pleasant Valley fault have not yielded conclusive evidence
for the timing or amount of slip in prehistoric earthquakes. An exploratory trench across the
scarp in alluvial fan gravels, ∼18 km to the north from our site, found evidence for two or
more pre-1915 events that were estimated to be Holocene-late Pleistocene in age (Bonilla
et al., 1980). Another unpublished trenching study∼2.5 km to the south revealed evidence
for several faulting events on a ∼13 m high compound scarp, but no dateable material was
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recovered (Anderson and Machette, 2000).
5.3.2 Schmidt hammer methods
A mechanical N-type Schmidt hammer with an impact energy of 2.207 N m was used to test
rebound values of the Pleasant Valley scarp. We followed the sampling protocol of Tye and
Stahl (2018), whereby we recorded the first impact R-value and four subsequent values
at each point along the scarp in order to calculate the R-value range, ∆R. This R-value
differencing approach is used to account for small variabilities in rock mass properties
that are inherent in any lithology. That is, even if first-impact R-values are significantly
different on patches of equivalent exposure-age, ∆R may remain relatively stable (Tye and
Stahl, 2018). We chose a sampling spacing of 10 cm in two c. 5 m-high scarp transects,
as above this scarp height (i) vegetation obscured the upper ∼2.5 m and (ii) we had no
confidence in a single fault plane continuing beyond that point. The two transects were
located approximately 10 m apart along the scarp. All samples were collected over a period
of one day in dry conditions by the same operator. We avoided lichen cover and facets that
appeared to be more freshly exposed than the surrounding scarp. We also avoided solution
pits and attempted to sample on the flattest surface available at that height. Any chipping
of the rock surface was noted and a new sample location was chosen at that same scarp
height. In doing so, we aimed to test both the near-surface limestone ‘hardness’ and mm-
scale (from the diameter of the contact point) surface roughness. The Schmidt hammer was
calibrated on a test anvil before and after the trip to ensure no instrument degradation took
place.
5.3.3 Terrestrial Laser Scanning (TLS) methods
In order to quantify cm-scale surface roughness and assess its spatial relationship with
rupture patches corresponding to the 1915 and pre-1915 events, we analyzed terrestrial
laser scanning (TLS) data collected from the Pleasant Valley scarp. TLS data were collected
using a Riegl VZ1000 scanner from four scan positions with average point spacing of
∼3 mm in the horizontal and vertical directions on the scarp face. TLS point data were
colored using a Nikon D810 Full Frame digital camera mounted on the scanner. One
scan position from each of the two study sites (northern and southern) was selected for
further analysis and vegetation and irregular erosion features were removed from the data
manually. For each scan position, points located on the fault surface were transformed
such that the scarp face corresponded with the XY plane. Following this transformation,
scarp-normal elevation values of the points were gridded with 3 mm grid resolution.
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As a measure of surface roughness, we calculated topographic variance within a square
moving window∼5 cm in width (after Tye and Stahl, 2018). Within each window, the grid-
ded data were fit to a best-fit fault plane (to account for slight changes in surface orientation
across the scarp), and the variance of the residuals were calculated. The ∼5 cm moving
window moved in∼2.5 cm increments, such that half the gridded data were shared between
adjacent windows. Finally, for selected transects at each study site, topographic variance
values were horizontally averaged and plotted against scarp height in 2.5 cm increments to
visualize any vertical trends within the data.
5.3.4 Curve-fitting
We followed the same procedure outlined in Tye and Stahl (2018) for curve-fitting scarp
height versus ∆R and TLS-derived roughness data and model selection, and refer the reader
there for details of the method. We conducted curve-fitting with natural log-transformed
data to reduce effects of heteroscedasticity. Linear, power-law, and step-function models
were considered as candidate models. Theoretically, a fault scarp incrementally exposed
in earthquakes should have stepped ∆R and roughness versus scarp height relationships,
but with unknown amounts and locations of steps. Best-fitting parameters were determined
via pattern search for linear and power-law modes (Hooke and Jeeves, 1961) and via brute
force maximum likelihood for the stepwise models. For the latter, we did not specify
the number of steps or their locations, allowing the algorithm to identify these parameters
automatically. We used the Bayesian Information Criterion (BIC; Schwarz et al., 1978)
to compare model goodness-of-fit while penalising for additional model parameters. The
lowest BIC values indicate a balance between model fit and number of parameters, and
therefore point towards the preferred model.
5.4 Results
5.4.1 Schmidt hammer
Schmidt hammer R-values generally increase with subsequent impacts in both transects
(Fig. 5.2). At 85% of the sample locations, first or second impact R-values (R1 and R2)
were the lowest, and fourth or fifth impact R-values (R4 and R5) were the highest. There is
some alignment of ‘peaks’ and ‘troughs’ between sample sites that affect all R-values (Fig.
5.2). Minimum and maximum R-values both decrease with increasing height on the scarp,
though the decrease is more pronounced in R-value minima (Fig. 5.2). Between ∼2.25 m
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Figure 5.2: Schmidt hammer rebound values (R-values) and orthophotography from the
two transects, southern (A) and northern (B). Both transects are approximately 5 m long,
measured on the fault plane from the point nearest the ground surface. Rebound values
are colored by the order of five impacts (R1-R5) at each site spaced 0.1 m on the scarp.
The difference between the maximum and minimum R-value at each site is called ∆R (see
text for discussion). Striae are well-preserved on the lowest portions of the scarp exposed
in the 1915 earthquake, and demonstrate predominantly dip slip motion. The patch above
the 1915 rupture is lichen covered, but has small areas of bare rock suitable of Schmidt
hammer testing.
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Figure 5.3: The natural logarithm of ∆R plotted against scarp distance shows a general
increase in ∆R with increasing height. For the northern transect, the best fitting model
based on the Bayesian Information Criterion (BIC) is (C)—the stepwise model with one
break at ∼3 m.
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Figure 5.4: The natural logarithm of ∆R plotted against scarp distance shows a general
increase in ∆R with increasing height for the southern transect. The best-fitting model is
(C)—a stepwise model with one break at ∼2 m.
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and 3 m in both transects, the difference between R-value minima and maxima (∆R) starts
to become larger by 8-10 points on average. The standard deviation of ∆R also becomes
larger above this scarp height, increasing from σ=2.2 to σ=4.8. This area approximately
coincides with the transition zone of weathering patterns, identified visually, between 1915


















Linear 77.1 – 84.2 –
Power law 92.4 – 92.2 –
Stepwise (one
break)
58.5 2.7 m 78.5 2.2 m
Stepwise (two
breaks)
62.6 2.0 and 2.7
m
81.1 0.4 and 2.2
m
Table 5.1: Model fitting parameters for ln(∆R) from the two fault transects. Lower values
of BIC indicate more preferable models. One outlier ∆R value was removed from the
northern transect at height=4.2 m. The preferred model is bolded.
BIC values were calculated using σln(∆R) = 0.4, which is representative of the scatter
of ln(∆R) values within the inferred 1915 and pre-1915 slip patches (Table 5.1). Use of
σln(∆R) values of 0.3 to 0.5, encompassing the full range of local scatter in ln(∆R) values,
did not change the preference for a stepwise model. Of the four model fits considered for
each transect (Figs. 5.3 and 5.4), the stepwise functions yield the lowest BIC values despite
having a larger number of parameters constraining the fit. There is a slight preference for
the one-step model in both transects (Table 5.1). The best-fitting step location for the
northern transect is at 2.7 m (Table 5.1; Fig. 5.3C), 30 cm below where we had visually
identified the cut-off between transition zone and pre-1915 scarp (Fig. 5.2B). The best-
fitting step location for the southern transect is located at 2.2 m (Table 5.1; Fig. 5.4C),
which is at the boundary of the 1915 slip patch and transition zone above (Fig. 5.2A).
5.4.2 TLS
Our TLS data quantify cm-scale roughness variations over the surface of the fault scarp
(Fig. 5.5). Visual distinctions between the 1915 and pre-1915 event rupture patches are
present in the colored point clouds (Fig. 5.5 a, d). Though lighting was different between
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Figure 5.5: Terrestrial laser scanning quantifies the surface roughness of the Pleasant Valley
scarp. (a) TLS pointcloud (shown in true color) collected from the northern study location
at Pleasant Valley shows a sharp visual distinction between a relatively smooth and light-
colored lower portion of the scarp associated with the 1915 event and an upper, relatively
rough and darker-colored portion of the scarp. (b) Roughness (topographic variance) analy-
sis was conducted over the entire pointcloud. Inset shows roughness calculation procedure:
a moving window moves over gridded TLS data, and within each moving window the vari-
ance in plane-normal elevation is calculated and plotted. The moving window is a square of
∼5 cm dimension and moves ∼2.5 cm between calculations, such that adjacent roughness
calculations are based on window locations that share half their area. (c) Vertical varia-
tions in horizontally averaged roughness (variance) are plotted for a selected swath of data.
Bold blue line indicates the mean ln(variance) for each row within the swath boundaries
(shown by the rectangle in b), with error bars reflecting the standard deviation (1σ). Bold
red line shows mean topographic variance within the 1915 event patch and the pre-1915
event patch. (d-e) are analogous to (a-c) but show data from the southern Pleasant Valley
scarp study location.
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the sites, the pre-1915 event rupture patch is darker and appears more pitted than the 1915
event rupture patch at both the northern and southern sites (Fig. 5.5 a, d). Measurements
of topographic variance within a ∼5 cm footprint also suggest a measurable difference in
surface roughness at this scale between the 1915 and pre-1915 event rupture patches (Fig.
5.5 b, e). The pre-1915 event rupture patch is rougher than the 1915 event patch, and the
boundary between the two rupture patches corresponds with the boundary suggested by vi-
sual inspection of the scarp point clouds (Fig. 5.5 a, d) and field observations. Horizontally
averaged roughness values suggest a stepwise pattern in which the 1915 and pre-1915 event





Northern transect Southern transect
Linear 577.0 539.2
Power law 758.8 610.0
Constant value 650.5 651.8
Stepwise (one breaks) 537.0 (step at 3.6 m) 535.9 (step at 2.9 m)
Table 5.2: BIC values for fits of different functional forms to the horizontally-averaged
TLS-derived surface roughness data in Figure 5 c, f. The preferred model is bolded.
We use BIC to assess the most appropriate functional form to fit the horizontally aver-
aged roughness data (Table 5.2), using a similar set of functions as tested for the Schmidt
hammer data. In the cases of both the northern and southern sites, BIC values indicate
that there is a positive to strong preference for a stepwise functional form with one break
(Fig. 5.5c, f; Table 5.2). The stepwise model with one break indicates the values of topo-
graphic variance that characterize the 1915 and pre-1915 rupture patches at the northern
and southern sites. At the northern site (Fig. 5.5 a-c), the pre-1915 rupture patch has a
topographic variance value (over a ∼5 cm wavelength) of about e−13.5, whereas the 1915
rupture patch has a topographic variance value of about e−14.5 (Fig. 5.5c). At the southern
site (Fig. 5.5 d-f), the pre-1915 rupture patch has a topographic variance of about e−14.3
and the 1915 rupture patch has a value of about e−15.2 (Fig. 5.5f). Thus, in both cases,
measured roughness values are a factor of ∼ e greater in the pre-1915 rupture patch than
in the 1915 rupture patch.
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5.5 Discussion
5.5.1 Preferred model and demarcation of single event displacements
(SEDs)
Visual inspection, Schmidt hammer R-values and topographic variance (henceforth referred
to as TLS-derived surface roughness) all detect a contrast between 1915 and pre-1915 slip
patches, while the exact characteristics of the transition zone between the two are less clear.
Visually (Fig. 5.2), the upper (pre-1915) patch appears rougher, more lichen covered, and
‘rustier’ in color than the transition zone. The transition zone is lichen free, but rougher
and darker in color than the 1915 slip patch (Fig. 5.2).
The difference between R-value minima and maxima, or ∆R, increases from 1915 to
pre-1915 patches (Figs. 5.3 and 5.4), which is consistent with previous interpretations that
older patches are rougher and softer due to subaerial weathering (Tye and Stahl, 2018). The
transition zone between the two slip patches has a variable ∆R signature in the two tran-
sects. In the northern transect, ∆R values gradually increase up-scarp within the transition
zone to 3 m scarp height (Fig. 5.2B). The upper and lower boundaries of the transition
zone are in fact approximated in the stepwise model with two steps (Table 5.1; Fig. 5.3D).
In the southern transect, the ∆R boundary between 1915 slip patch and the transition zone
is more abrupt (Figs. 5.2A & 5.4C). This is where the best-fitting stepwise model (using
BIC) places the step (Table 5.1; Fig. 5.3C).
TLS-derived surface roughness has several implications for the processes controlling
fault scarp surface roughness at the cm-scale. Horizontally averaged roughness values show
a uniform distribution within the 1915 and pre-1915 event rupture patches with a significant
difference in roughness between the two rupture patches (Fig. 5.5 c, f). This distribution of
roughness indicates that the dominant control on surface roughness of the Pleasant Valley
scarp is whether a particular∼5 cm patch of the scarp was exposed during the 1915 or pre-
1915 event. The paleoseismic control on surface roughness conforms to field observations
from the Pleasant Valley site and prior studies of other bedrock normal fault scarps, which
also reveal approximately stepwise surface roughness distributions (Wiatr et al., 2015; He
et al., 2016). Overall, our TLS data indicate that the Pleasant Valley scarp contains two
regions of distinct roughnesses that in general correspond to the 1915 and pre-1915 event
rupture patches.
A gradual transition is observed between the ∆R and TLS-derived roughness ‘steps’
between the 1915 and pre-1915 event rupture patches (Figs. 5.2 - 5.5). At both sites, the
transitions occur over a band of 0.25 - 0.5 m scarp height. The transition is similar to that
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observed in other studies of fault scarp surface roughness, which has been hypothesized
to reflect weathering within soil at the base of an exposed scarp between earthquakes (dis-
cussion below). The interpretation of these transition zones and locations of these steps is
significant for estimating single event displacements (SEDs). We consider the transition
zone to represent the region where soil or colluvium was in contact with the fault scarp
prior to the 1915 earthquake. Identification of similar discolored bands have been identi-
fied on other fault scarps (e.g., Giaccio et al., 2003; Mechernich et al., 2018). It follows
that these bands will be more weathered than the subsurface fault scarp, and depending on
the length of time (i.e., recurrence interval of faulting), soil chemistry, and colluvium or
soil density, they will exhibit weathering characteristics consistent with the previously ex-
posed patch (e.g., our southern transect) or transitional between the two patches (e.g., our
northern transect). The fact that the zones do not follow one particular ∆R pattern leads to
uncertainty in determining how much the fault slipped in previous earthquakes.
Visually, we would estimate an SED of between 2.2-3.0 m of dip slip of the Pleasant
Valley in 1915 at the two transect sites, whereas we would estimate between 2.2 (Fig.
5.4C) and 2.9 m (Fig. 5.5f) for the southern transect, and 2.7 and 3.6 m for the northern
transect, based on curve fits to ∆R and TLS-derived surface roughness, respectively (step
location values from Tables 5.1 and 5.2). The difference between the two sites and the
two techniques can be attributed to undulations in the elevation of the colluvium at the
base of the scarp, the scale of roughness being measured, and the varying properties of
the transition zone. Averaging our four step locations, we would estimate dip slip SED of
2.85 m, which is in decent agreement with the 3 m dip slip previously estimated at the site
(Wallace et al., 1984) and our visual inspection. We see no evidence for more than one
rupture patch in the 2-3 m of fault scarp preserved above the transition zone, so we would
estimate a minimum SED of ≥2-3 m for the penultimate event at this site. We cannot rule
out small, closely-spaced events older than the 1915 slip patch, but there is no evidence for
this in our data or in the historic record.
5.5.2 Sources of uncertainty in determining SEDs
Using this method, sources of uncertainty in determining SEDs include (i) inherent hetero-
geneity in limestone lithology and surface weathering, leading to natural variability in ∆R
or TLS-derived surface roughness values, (ii) natural variability in Schmidt Hammer R-
Values due to instrumental error, (iii) epistemic uncertainty regarding small displacement
events, events closely spaced in time, or non-tectonic modification to the scarp’s exposure
history, and (iv) the presence of a ‘transition zone’ between patches and locations of best-
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fitting model step within it. While (i), (ii), and (iii) are unable to be completely eliminated,
these forms of uncertainty can be reduced by careful site selection and sampling. Point (iv)
warrants further discussion below.
The transition zone can take on weathering characteristics, measured by ∆R values, of
the older slip patch or of both patches. In this study, the best-fitting model for Schmidt
hammer data either places a step near the top or bottom of this zone. This leads to differ-
ences in estimated SED values between transects, using only the Schmidt hammer data, of
∼0.5 m and an underestimation of the SED in our curve fitting of between 0.3-0.8 m (∼10-
27%) for the most recent event. On other fault scarps, depending on how these transition
zones weather, their thicknesses, and whether they are present at all, this effect may lead
to over- or underestimation of SEDs on older patches using the Schmidt hammer. There is
not a general solution to this problem, as varying weathering rates; soil density, thickness,
and chemistry; and limestone properties will influence how these zones weather in different
settings. However, TLS-derived surface roughness data place the step higher (i.e., nearer
the top of the transition zone) in both transects, therefore providing a counterbalance to the
finer-scale surface roughness and/or surface hardness measured by the Schmidt hammer.
5.5.3 Application to other limestone fault scarps—where can this be
used and how can it be improved?
This study demonstrates unambiguously that TLS and the Schmidt Hammer are useful for
demarcating SEDs associated with the most recent paleoearthquakes on carbonate fault
scarps provided certain tectonic, climatic, and lithologic conditions are met. The Pleasant
Valley fault is a low slip rate fault with a long recurrence interval of surface rupturing
earthquakes, which means that previously exposed slip patches have a long time (103-104
years) to weather prior to exposure of the next patch. Thus, limestone from the penultimate
event patch has time to develop pits, rillenkarren, and surface rinds that will distinguish
itfrom the relatively fresh limestone of the most recent event patch. Under similar low
weathering rate conditions, differences in ∆R may not be statistically distinguishable if
recurrence intervals are shorter than 103 years (e.g., Tye and Stahl, 2018).
The other factor that influences where this method can be applied is highlighted by the
scale of SEDs relative to that of near-surface weathering (i.e., transition zone thickness).
The Pleasant Valley fault has 2-3 m scale displacements and a transition zone of ∼0.5 m,
leading to uncertainties of ∼20% in models of SEDs. If the transition zone thickness was
smaller, or the displacement larger, this uncertainty would be reduced. Where transition
zone locations are unable to be established independently, small ratios of SED to transition
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zone thickness will limit the utility of the Schmidt Hammer method.
Weathering rates will also influence where this technique can be applied. Because
weathering rates typically decrease with exposure age (e.g., via a power law or similar
curvilinear trends; e.g., Stahl et al., 2013), all of the oldest slip patches will have similar
weathering characteristics beyond a certain age. Additionally, older slip patches may begin
to physically weather such that a continuous fault plane is no longer recognizable; in this
instance, the hardness and/or cm-scale roughness may be more indicative of the presence of
macro-scale fractures rather than time-dependent chemical and biokarstic weathering (e.g.,
Giaccio et al., 2003). Significant post-exposure alteration via caliche (or calcrete) devel-
opment is also likely to affect both Schmidt hammer and TLS-derived surface roughness
measurements.
Targeting well-dated faults in different climates, with variable recurrence intervals and/
or SEDs, will provide further evidence the Schmidt hammer and TLS can be used to de-
marcate slip patches. A multi-proxy approach that combines Schmidt hammer, TLS, and
other (e.g., REE, photographic, seismic velocity) methods could also be used to reduce
the uncertainty associated with any one technique. At present, combined Schmidt hammer
and TLS seem to be of use for, at a minimum, characterising mm to cm-scale roughness
contrasts between most recent and penultimate events. Further study of larger, multi-event
scarps will confirm the climatic, tectonic, and lithologic conditions required for using this
method to measure SEDs independently of historical or cosmogenic exposure age-dated
events.
5.6 Conclusions
The weathering characteristics of two distinct slip patches on the Pleasant Valley fault scarp
are evident in Schmidt hammer and TLS analysis. Our best fitting models to the ∆R and
TLS data, using a Bayesian Information Criterion (BIC), place breaks between the 1915
and pre-1915 slip patches at an average of 2.85 m up the scarp, which is consistent with
the reported and visually estimated ∼3 m SED at the site. The presence of a weathering
‘transition zone’ between the 1915 and pre-1915 patches is one major source of uncertainty,
and handling of this uncertainty in other locations will depend on site-specific climate,
lithologic, and soil properties. The penultimate event on the Pleasant Valley fault had
an SED of ≥2-3 m, since there is no evidence of more than one event preserved above
the transition zone in either Schmidt hammer or TLS data. We propose that a multi-proxy
approach, incorporating our TLS and Schmidt hammer methods alongside other established
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CHAPTER 6
Sedimentary Response to Collisional Orogeny
Recorded in Detrital Zircon Provenance of
Greater Caucasus Foreland Basin Sediments
Abstract
The transition from subduction to collision marks a major change in the force balance on
an orogen, and has been linked to changes in plate motion, topography, and climate. How-
ever, uncertainty persists in interpreting the timing of collision from sedimentary records in
some of the most well-studied collisional orogens. The Caucasus region, in which collision
began recently and foreland-basin stratigraphic records are well-preserved and accessible,
provides an ideal location in which to investigate the stratigraphic record of collision.
We present new detrital zircon U-Pb age data from the Caucasus region that record
changes in sediment routing and source exhumation during the initiation of collision. Com-
bined with published stratigraphy, thermochronology, and paleomagnetic data, our results
reveal a timeline of the progression from soft to hard collision in the Caucasus and the re-
sulting sedimentary response. Soft collision is recorded at 15 - 8.5 Ma by the deposition of
upper-plate detritus onto a lower-plate sequence inferred to have been located on the lower-
plate continental slope. Following soft collision and before hard collision, foreland-basin
sedimentation shallowed and coarsened from marine turbidites to terrestrial conglomerates.
Finally, hard collision with accelerated exhumation rates and slowed plate convergence be-
gan at 5 Ma, coincident with the onset of foreland-basin erosion at the locus of collision
and establishment of an axial drainage network within the foreland basin that conveyed
sediment from the locus of collision to lower elevation regions along strike. Our results
indicate a progression of sedimentary changes that accompany collision, and may permit
more accurate recognition and dating of early collision in mature collisional orogens.
Our detrital zircon U-Pb age dataset also constrains the crystallization histories of ter-
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ranes accreted to the southern margin of Eurasia that likely guide present deformation in
the Arabia-Eurasia collision zone, of which the Caucasus is a part. The Greater Caucasus
and the basement of the Scythian platform, located to the north of the Greater Caucasus,
have a shared crystallization history that is distinct from that of the East European Cra-
ton and the Transcaucasus. The Transcaucasus, Greater Caucasus, and Scythian domains
all contain zircons associated with the Gondwanan Pan-African orogeny at 900-600 Ma,
indicating that all three domains are exotic to Eurasia. Thus, our data support tectonic
reconstructions in which terrane boundaries are located between Scythia and Eurasia and
between the Greater Caucasus and Transcaucasus.
6.1 Introduction
The collision of two continents following the closure of an intervening ocean basin has
occurred numerous times during Earth’s history (e.g., Nance et al., 2014). The transition
from subduction to collision constitutes a major change in the balance of forces acting
on an orogen (Duretz et al., 2011, 2012) and the mass flux into an orogen (e.g., Ingalls
et al., 2016). The initiation of collision affects topography (e.g., England and House-
man, 1986), plate kinematics (Patriat and Achache, 1984; Dewey et al., 1989), and climate
(e.g., Edmond, 1992; Molnar et al., 2010; Jagoutz et al., 2016). The transition from sub-
duction to collision is a diachronous process that proceeds from the final consumption of
oceanic lithosphere between two continents (often termed “soft” collision; Klootwijk et al.,
1985; Lee and Lawver, 1995; Chung et al., 2005) until the consumption or deformation
of thinned continental to transitional lithosphere is complete (“hard” collision), such that
force-balance changes in the orogen result in plate kinematic changes, changes in exhuma-
tion rates, or the initiation of far-field deformation (Lee and Lawver, 1995; van Hinsbergen
et al., 2012; Cowgill et al., 2016). In order to understand orogenic mass balance and the
effects of collision on climate, plate kinematics, and ocean circulation, we need highly re-
solved records of the transition from subduction to collision (e.g., DeCelles et al., 2014;
Zhuang et al., 2015, and references therein).
Foreland-basin sediment composition and facies provide insight into collision zone
evolution, and stratigraphic records are commonly used to constrain the timing of initial
collision in orogens (Garzanti et al., 1987; Dewey and Mange, 1999; Ding et al., 2005;
Weislogel et al., 2006; Zagorevski and van Staal, 2011). Sedimentary records of colli-
sion are affected by a complex set of factors, including evolving source areas (Axen et al.,
2001), changing topography (Pusok and Kaus, 2015), and varying base levels (Krijgsman
et al., 1999). Interpreting the sedimentary record of collision is further complicated in
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mature collisional orogens by the fact that foreland-basin systems have been disrupted by
post-collisional deformation and partially to wholly destroyed by erosion or tectonic burial
(e.g., Hu et al., 2015). In the case of one mature collision zone, the India-Asia collision,
studies of several different stratigraphic sections thought to record the initiation of collision
have led to interpreted collisional ages that differ from one another by up to 10 Myr (e.g.,
DeCelles et al., 2004; DeCelles et al., 2014; Hu et al., 2012, 2015; Zhuang et al., 2015; Wu
et al., 2014). Thus, there is an ongoing need to better understand the stratigraphic record
of initial collision and its spatial and temporal variation within a foreland-basin system.
The optimal setting for investigating the sedimentary response to the initiation of col-
lision is an orogen where collision began recently, such that the stratigraphic record of
collision initiation is well preserved. Ideally, independent constraints on the timing and
progression of collision, such as records of plate motion and exhumation, would also be
available. There are several examples of orogens thought to be undergoing the initial stages
of collision where the sedimentary effects of collision could be probed, including Taiwan
(Teng, 1990), Papua New Guinea (Jaques and Robinson, 1977), and the Caucasus (Philip
et al., 1989; Mumladze et al., 2015). Of these, the Caucasus is unique in that the basin
between the two colliding continents is entirely non-marine, permitting ease of access to
the foreland-basin strata of interest. In addition, published paleomagnetic, geodetic, and
thermochronometric records constrain the kinematics of the Caucasus and the surrounding
region during the transition from subduction to collision (Reilinger et al., 2006; Avdeev and
Niemi, 2011; Kadirov et al., 2012; Austermann and Iaffaldano, 2013; Kadirov et al., 2015;
van der Boon et al., 2018). The goal of this study is to use the records available in the
Caucasus to develop a coupled sedimentary and kinematic framework of collision that may
also be applicable to other orogens.
A continental margin subjected to subduction and continental collision will undergo di-
verse changes in topography and structure that are recorded in its associated foreland basin
(Fig. 6.1). Prior to convergence, sediment aprons of the two continents that will ultimately
collide are deposited onto opposite-facing passive continental margins (Fig. 6.1a; Tricart,
1984). The initiation of convergence causes the growth of an accretionary prism on the
basin margin above a new subduction zone (Karig and Sharman III, 1975). During this
time, marine sedimentation continues in the narrowing ocean basin, and the subduction
of the lower plate beneath the accretionary prism causes sediment from the accretionary
prism to be deposited onto the lower plate (Fig. 6.1b; Karig and Sharman III, 1975). As
convergence continues, the basin will continue to narrow and the continental slope of the
lower plate will eventually enter the subduction zone, with lower plate sediment becoming
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Figure 6.1: Generalized model of the evolution of an orogen during the transition from
subduction to collision (see Section 6.1 for complete discussion). (a) Two continents are
separated by an ocean basin. (b) Basin closure has begun via subduction beneath the margin
of the basin, resulting in the formation and forward growth of an accretionary prism above
the subduction zone. (c) Lower plate continental slope enters the subduction zone (soft
collision). (d) Further convergence drives jamming of the subduction zone, accelerated ex-
humation in the orogenic wedge, and foreland basin uplift (hard collision). Foreland basin
uplift causes erosion of the foreland basin and sediment evacuation via an axial drainage
network. (d) is the current state of the western Caucasus.
109
increasing mass of sediment being added to the accretionary prism, rock uplift is likely to
accelerate in the upper plate (e.g., Davis et al., 1983; Morley, 1988). Finally, subducted
transitional to continental lithosphere enters the subduction zone (Cloos, 1993), concomi-
tantly increasing crustal thickness across the collision zone, accelerating upper plate rock
uplift (e.g., Lallemand et al., 1992), and narrowing and uplifting the foreland basin (Fig.
6.1d). The uplift of the foreland basin will decrease accommodation space and ultimately
lead to erosional conditions (e.g., Soria et al., 1999).
Along-strike variations in buoyancy, structural style, and topography of an incipient col-
lision zone are controlled by the shape of the lower-plate continent. While the the foreland
basin is uplifted at the locus of initial contact between upper- and lower-plate continents,
lower elevation marine or non-marine basins are likely to exist along strike where the upper
and lower plate continents are not yet in contact (e.g., Şengör, 1976). Axial drainages will
develop that convey sediment from the uplifted portion of the foreland basin at the locus
of collision to lower elevation basins along strike (Fig. 6.1d). As uplift of the foreland
basin continues, erosion of foreland basin deposits and continued deformation in the accre-
tionary prism will result in the exposure of the lower portion of the prism, and accelerated
upper-plate rock uplift rates will lead to the exposure of deeper crustal levels (Fig. 6.1d;
e.g., Avdeev and Niemi, 2011).
The predicted response of an orogen to initial collision suggests several consequences
for the basin between the two colliding continents. First, shallowing of the basin is pre-
dicted to lead to terrestrial and then erosional conditions (Fig. 6.1b-d). Second, basin
sediment is expected to be sourced from progressively deeper crustal levels of the orogen
as exhumation rates increase in response to the thickness and buoyancy of the lower plate
(Fig. 6.1d). Finally, an axial drainage network that includes both upper and lower plate
continents within its catchment area is expected to develop in the basin (Fig. 6.1d). The
Caucasus provides a natural setting in which to test whether these expected effects are
clearly observed and, importantly, to constrain the relative timing of these effects and the
stage of the transition from soft to hard collision at which they occur.
The predicted changes in sediment routing and depositional environments can be tested
by a combination of stratigraphic facies analysis and sediment provenance. Facies analysis
of foreland basin stratigraphic sequences permit inference of changes in basin depth and
depositional environment. Sediment provenance can be investigated using U-Pb ages of
detrital zircons, which are physically and chemically robust to earth surface conditions
(Gehrels, 2012). By comparing the zircon age distributions of foreland basin sedimentary
strata to the distributions present in potential source areas, changes in sediment routing and
source area exposure over time can be inferred (e.g., Gehrels, 2000, and many others).
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We present a new, comprehensive detrital zircon U-Pb age dataset from the Caucasus
to probe the evolution of sediment routing and exhumation of sediment source areas during
the transition from subduction to collision. The distinct crystallization histories of key tec-
tonic units in the Caucasus collision zone (e.g., Cowgill et al., 2016, Vasey et al., in review)
suggest that detrital zircon U-Pb age data should be useful for discriminating between re-
gional sources. Samples collected from three foreland basin sections distributed along
strike of the Caucasus collision zone permit the identification of both temporal and spatial
changes in sedimentary routing. By combining this zircon U-Pb age dataset with published
stratigraphy for the three sampled sections, we find evidence for coarsening and shallow-
ing foreland basin deposition leading to erosional conditions, derivation of sediment from
deeper crustal levels in the orogen, and establishment of an axial drainage network in the
foreland basin. We combine the timing of these stratigraphic changes with published ther-
mochronometric (Avdeev and Niemi, 2011), geodetic (Reilinger et al., 2006; Kadirov et al.,
2012, 2015; Sokhadze et al., 2018), and paleomagnetic (Austermann and Iaffaldano, 2013;
van der Boon et al., 2018) records to correlate sedimentary changes such as the transition
to erosional conditions in the basin with distinct stages of the transition from soft to hard
collision (Fig. 6.1). In doing so, we develop a framework for the stratigraphic record of
collision that may be applicable to interpreting the stratigraphic archives of other collisional
orogens.
In addition to investigating the stratigraphic record of collision, we also explore the im-
plications of our dataset for the distribution of terranes and sutures on the southern margin
of Eurasia at the longitude of the Caucasus. Tectonic sutures often guide subsequent strain
accommodation (Jones and Tanner, 1995; Rusmore et al., 2001; Fitzgerald et al., 2014).
However, the distribution of tectonic sutures in the Caucasus region remains controversial
(Şengör, 1984; Natal’in and Şengör, 2005; Saintot et al., 2006a; Adamia et al., 2011a;
Stampfli et al., 2013). Our detrital zircon U-Pb age dataset constrains the crystallization
history of several basement domains within the Caucasus, which we use to test hypoth-
esized suture locations and the associated tectonic implications. Insight into pre-existing
lithospheric boundaries in the Caucasus region may improve our understanding of rheo-
logical controls on the spatial distribution of deformation in the Arabia-Eurasia collision
zone.
6.2 Geological background
The Caucasus is located on the southern margin of Eurasia, within the Arabia-Eurasia colli-
sion zone (Fig. 6.2a). To the immediate north of the Caucasus, within Russia, lies Scythia,
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Figure 6.2: Location and tectonic setting of the Caucasus. (a) The Caucasus region is
located on the southern margin of Eurasia in the Arabia-Eurasia collision zone. Politi-
cal boundaries and labels are shown in yellow. (b) The Caucasus consist of the WNW-
striking Greater Caucasus and Lesser Caucasus, which are converging toward one another.
Schematic GPS convergence rates (Reilinger et al., 2006; Kadirov et al., 2015) between
the Greater and Lesser Caucasus and along-strike extent of a north-dipping subducting slab
inferred from deep earthquakes (Mellors et al., 2012; Mumladze et al., 2015) are shown in
white. Key tectonic units are shown in color with key to the upper right (see further dis-
cussion in Section 6.2.2). Abbreviated names of geologic features: DM—Dzirula Massif,
KM—Khrami Massif, LM—Loki Massif, DkM—Dzarkuniatz Massif. Black line A - A’
shows location of topographic profile below. (c) Foreland-basin topographic profile along
strike of the Greater Caucasus along line A - A’.
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a tectonic platform (Natal’in and Şengör, 2005; Saintot et al., 2006a) that is bordered to its
north by stable Eurasia (Fig. 6.2a; e.g., Allen et al., 2006; Bogdanova et al., 2008). To the
south of the Caucasus is the Turkish-Iranian plateau, which is separated from stable Arabia
to its south by the Bitlis-Zagros suture, the Arabia-Eurasia plate boundary (Fig. 6.2a; e.g.,
Şengör and Kidd, 1979; Sengör and Yilmaz, 1981; Copley and Jackson, 2006).
The Caucasus region consists of two parallel, WNW-striking mountain ranges, the
Greater Caucasus and the Lesser Caucasus (Fig. 6.2b). West of 43◦ E, the Greater Cau-
casus is separated from the Lesser Caucasus by the Rioni Basin, which is drained by the
Rioni River, a west-flowing river that drains into the Black Sea (Fig. 6.2b, c). Between
43◦ E and 45 ◦ E, a contiguous band of elevated topography runs between the Greater and
Lesser Caucasus (Fig. 6.2c). East of 45 ◦ E, the Greater Caucasus is separated from the
Lesser Caucasus by the Kura Basin, which is drained by the east-flowing Kura River into
the Caspian Sea (Fig. 6.2b, c).
6.2.1 Tectonic setting and history
The present tectonic setting of the Caucasus is constrained by seismic and geodetic data
(Fig. 6.2b). Deep earthquakes beneath the eastern Greater Caucasus suggest the presence
of a north-dipping, subducting slab beneath the range (Mellors et al., 2012; Mumladze
et al., 2015), and GPS convergence rates of ∼15 mm/yr are consistent with inferences that
subduction is currently active (Reilinger et al., 2006; Kadirov et al., 2012, 2015). The
Kura Basin and the Lesser Caucasus are on the lower plate of this subduction system (Fig.
6.2b). There are no deep earthquakes beneath the western Greater Caucasus (Mumladze
et al., 2015) and GPS convergence rates in the western Greater Caucasus are 3-4 mm/yr
(Reilinger et al., 2006; Kadirov et al., 2015; Sokhadze et al., 2018), suggesting that sub-
duction in the western part of the range has ceased and this part of the range is colliding
with the Lesser Caucasus, which is located immediately to the south. At the locus of col-
lision, elevated topography is contiguous between the Greater and Lesser Caucasus (Fig.
6.2c). The combination of ongoing collision inferred in the western Caucasus and active
subduction in the eastern Caucasus suggests that the orogen is transitioning diachronously
from subduction to collision, with the western part of the range at a more advanced stage
of this transition than the eastern part of the range (Fig. 6.2b; Mumladze et al., 2015).
The Caucasus region has a complex deformation history. The southern Eurasian margin
was affected by successive episodes of subduction, terrane accretion, and rifting throughout
the Phanerozoic that are thought to have generated significant lithospheric heterogeneity in
the region (e.g., Şengör, 1984; Stampfli, 2013). The regional pre-Jurassic tectonic history
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remains uncertain, however, in part due to the lack of exposure of rocks old enough to
record this history (e.g., Natal’in and Şengör, 2005; Saintot et al., 2006a). Most of the
presently exposed bedrock in the Greater and Lesser Caucasus was deposited in an arc-
or backarc-basin environment in the Jurassic to Eocene (Fig. 6.2b). During this time, the
Lesser Caucasus contained an active volcanic arc that extended west into the Pontides and
east into Iran above the north-dipping subducting slab of Neotethys (e.g., Sosson et al.,
2010; Rolland et al., 2011; Adamia et al., 2011a). Concomitant with this subduction, a
system of backarc basins opened to the north of the arc, including the Black Sea basins,
the South Caspian Basin, and the Greater Caucasus Basin, which opened to the north of
the Lesser Caucasus and is where most of the sedimentary bedrock presently exposed in
the Greater Caucasus was deposited (e.g., Zonenshain and Le Pichon, 1986; Adamia et al.,
2011a; Vincent et al., 2016). In the latest Eocene or early Oligocene, the Greater Caucasus
Basin began to close by northward subduction, leading to the formation of the Greater Cau-
casus as an accretionary prism (e.g., Vincent et al., 2007; Adamia et al., 2011a; Forte et al.,
2014; Cowgill et al., 2016). The complete closure of the backarc basin(s) that separated
the Lesser Caucasus from Eurasia was marked by the initiation of collision in the western
Greater Caucasus, which has been proposed to have occurred as early as 35 Ma (Vincent
et al., 2016) to as late as 5 Ma (Cowgill et al., 2016).
6.2.2 Potential sources of Cenozoic foreland-basin sediment
The Caucasus and surrounding regions contain three distinct domains of igneous and meta-
morphic basement and four distinct tectonostratigraphic sedimentary sequences that may
have contributed sediment to the basin between the Greater and Lesser Caucasus during
convergence and collision. Here, we outline these sources and their potential contribution
to Caucasus Cenozoic foreland-basin sediment.
Three distinct basement domains may have contributed sediment to Cenozoic Caucasus
foreland basins: the Eurasian interior (consisting of the East European Craton and Urals),
the Greater Caucasus basement, and the Transcaucasus basement. The Archean to Neo-
proterozoic crust of the East European Craton (Bogdanova et al., 2008) forms the core of
the Eurasian interior at the longitude of the Caucasus and contributes sediment to rivers
that drain into the Black and Caspian seas (Fig. 2a; Allen et al., 2006; Wang et al., 2011).
The East European Craton may also have contributed sediment to the Cenozoic foreland
basin of the Caucasus (Allen et al., 2006). Some rivers that drain the East European Craton
also include the Urals in their watershed, so sediment sourced from the Eurasian interior
may also include detritus from the Paleozoic Ural orogen (Allen et al., 2006). The second
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potential basement source is a predominantly late Paleozoic (Hercynian) arc assemblage
that constitutes the basement of the Greater Caucasus (Adamia et al., 2011a; Somin, 2011).
This arc assemblage is exposed in the core of the western portion of the Greater Caucasus
(Fig. 6.2b; Nalivkin, 1976). The third basement domain exposed in the Caucasus is the
Transcaucasus basement, a set of isolated massifs of Precambrian to Paleozoic crust that
lie between the Greater and Lesser Caucasus and within the Lesser Caucasus (the Dzirula,
Khrami, Loki, and Dzarkuniatz Massifs; Fig. 6.2b; Nalivkin, 1976; Zakariadze et al., 2007;
Gamkrelidze and Shengelia, 2007; Mayringer et al., 2011; Rolland et al., 2016).
Of the four tectonostratigraphic sequences in the Caucasus that may have contributed
sediment to the Cenozoic foreland basin, one is unique in being Paleozoic to Triassic in
age, which is older than the other sequences. Marine sedimentary rocks of Paleozoic to
Triassic age, dominantly turbidites and carbonates, are locally found in depositional or
structural contact with the Transcaucasus basement and the southern margin of the Greater
Caucasus basement (see reviews in Khain, 1975; Adamia et al., 1981; Şengör et al., 1984).
The succession immediately to the south of the Greater Caucasus basement is called the
Dizi Series (Adamia et al., 2011a; Somin, 2011). These Paleozoic to Triassic successions
are exposed only over a minor area within the Caucasus.
The three tectonostratigraphic sequences that constitute the vast majority of exposed
bedrock in the Caucasus are age-equivalent sequences of Jurassic to Cretaceous age and
younger that are markedly different in their lithologies. These three sequences, which we
describe here in order from south to north, are thought to have been deposited on the flanks
of the Lesser Caucasus arc and in the Greater Caucasus Basin (e.g., Nalivkin, 1976; Zonen-
shain and Le Pichon, 1986; Saintot et al., 2006b; Sosson et al., 2010; Rolland et al., 2011;
Vincent et al., 2016). The southernmost of the three sequences, the Jurassic to Eocene
Lesser Caucasus arc sequence is exposed in the Lesser Caucasus and includes volcanic,
volcaniclastic, and carbonate strata with numerous Jurassic to Eocene intrusions that reflect
volcanic-arc activity in the Lesser Caucasus (Fig. 2b; Nalivkin, 1976; Kopp and Shcherba,
1985; Sosson et al., 2010; Rolland et al., 2011; Sahakyan et al., 2017). Exposed on the
southern slope of the Greater Caucasus is the Jurassic to Cretaceous Greater Caucasus vol-
caniclastic sequence, which includes a thick sequence of mafic to intermediate volcanic and
volcaniclastic strata and carbonates with local Jurassic intrusions (Fig. 2b; Nalivkin, 1976;
Mengel et al., 1987; Kopp, 1985). The Greater Caucasus volcaniclastic sequence is thought
to have been deposited in the Greater Caucasus Basin (e.g., Vincent et al., 2016). Within the
Greater Caucasus, to the north of the volcaniclastic sequence, is a Jurassic to Cretaceous
sequence dominated by siliciclastic turbidites and shallow marine sandstones (Fig. 2b; e.g.,
Saintot et al., 2006b; Vincent et al., 2013). We term this sequence the Greater Caucasus
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siliciclastic sequence in order to differentiate it from the Greater Caucasus volcaniclastic
sequence, though some carbonates are present in the sequence. The sedimentary architec-
ture of the Greater Caucasus siliciclastic sequence, inferred from seismic data, suggests
that the sequence is derived from north of the Greater Caucasus (Sholpo, 1978). Because
the Lesser Caucasus arc sequence, Greater Caucasus volcaniclastic sequence, and Greater
Caucasus siliciclastic sequence together account for the majority of exposed bedrock in
the Caucasus today (Fig. 6.2b), they are anticipated to have been sources for Oligocene to
Quaternary foreland basin sediment.
6.3 Methods
We report 29 new detrital zircon U-Pb age samples (Table S1) from Cenozoic sandstones
and modern river sands comprising 7,090 total ages (Table S2). We collected samples from
modern rivers draining the Greater and Lesser Caucasus and from Paleogene to Quaternary
foreland-basin stratigraphic sections located along the southern margin of the Greater Cau-
casus in Georgia and Azerbaijan during three field seasons from 2015 to 2017. Mineral
separation was conducted at the University of Michigan. Heavy mineral fractions were
mounted in epoxy and polished to expose crystal interiors. Mounts were made of entire
heavy-mineral fractions, rather than hand selected individual zircons, in order to ensure
that representative random samples of zircons were analyzed. Mount imaging was con-
ducted at the University of Michigan and the University of Arizona Laserchron Center.
U-Pb analyses were conducted at the University of Arizona Laserchron Center using a
laser-ablation system attached to a Thermo Element 2 single collector ICP-MS (Gehrels
et al., 2008; Pullen et al., 2014). Analyses >20% discordant were excluded from further
interpretation. Where practical, we analyze at least 300 zircons per sample, which provides
more robust characterization of zircon age signatures than analyses with typical (n ∼ 100)
sample sizes (Pullen et al., 2014).
6.3.1 Sampling
Understanding provenance changes related to the transition of an orogen from subduction to
collision (Fig. 6.1) requires characterizing the zircon age signature of potential source areas
and quantifying the contribution of those sources to foreland-basin deposits. We use 16
new samples of modern river sands from targeted catchments that contain specific bedrock
ages and lithologic types, along with published modern and bedrock detrital zircon samples




















Figure 6.3: We use a two part detrital zircon sampling strategy to understand the evolu-
tion of foreland basin sediment provenance. We collect samples of foreland basin strata
(rock samples d, e, of foreland basin units D, E), and we use modern samples of targeted
catchments to characterize potential sources contributing to the sampled foreland strata
(river sands at locations a, b, and c provide detrital zircon age signatures of units A, B, C,
respectively).
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Figure 6.4: New and published sampling covers the Eurasian interior, the Greater Caucasus,
and the Lesser Caucasus. Sample colors indicate affinity to the Eurasian interior (green),
the Greater Caucasus (blue), or the Lesser Caucasus (red); see Figure 6.7 and Sections
6.3.2, 6.4.2 for details. Black rectangle shows the extent of Figure 6.5a. Samples outside
this rectangle have their names displayed and are superscripted according to source publi-
cation: 1–Allen et al. (2006); 2–Wang et al. (2011); 3–Vincent et al. (2013). Samples inside
the rectangle have their names displayed in Figure 6.5. Country names are abbreviated as
follows: Ge.–Georgia, Ar.–Armenia, Az.–Azerbaijan.
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Figure 6.5: Simplified geology and detrital zircon sample locations in the Greater and
Lesser Caucasus. Sample names are shown in rectangles and sample colors are as in Figure
6.4. Political boundaries are shown in black and catchment boundaries of modern samples
are shown in white. The Kura River is shown in blue in (a). Abbreviations in the geology
key are as follows: PC–Precambrian, Pz–Paleozoic, Tr–Triassic, J–Jurassic, K–Cretaceous,
Pg–Paleogene, Q–Quaternary. For samples not from this study, sample name superscripts
reflect source publication as in Figure 6.4 with two additions: 4–Cowgill et al. (2016),
5–Trexler (2018).
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Figure 6.6: Photographs of sampled Cenozoic foreland-basin strata. (a) Oligocene, Early
Miocene, or Middle Miocene turbidites of the western foreland-basin section (sample WF-
2). (b) Latest Pliocene conglomerate of western section, bedding marked in white (sample
WF-3). (c) Middle Miocene turbidite of the central section with bedding of undeformed
and deformed horizons marked in white (sample CF-1). (d) Late Miocene conglomerate of
the central section (sample CF-2). (e) Oligocene or Early Miocene turbidite of the eastern
section with arrow indicating rock hammer for scale (sample EF-4). (f) Pliocene sandstone
of the eastern section (sample EF-6).
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signatures of the potential source areas described in the previous section (Figs. 6.3, 6.4,
6.5). Using modern river-sand samples to characterize potential sources is an efficient way
to capture well-mixed, representative zircon age signals associated with erosion from the
source area (Fig. 6.3).
In order to understand the changing sources of foreland-basin sediment over time, we
compare the zircon age signatures of potential sources to rock samples from Cenozoic
foreland-basin strata (Fig. 3). We report 13 new samples taken from different stratal levels
of three Cenozoic foreland-basin sections (western, central, and eastern sections) located
on the southern margin of the Greater Caucasus (Figs. 6.4, 6.5, 6.6). Five new samples were
analyzed from the western foreland-basin section from rocks of Oligocene to Quaternary
age (Fig. 6.5b). Two samples were analyzed from the central foreland-basin section of
Middle Miocene and Late Miocene age (Fig. 6.5a). Six samples were analyzed from the
eastern foreland-basin section, including rocks of Cretaceous-Paleocene to Pliocene age
(Fig. 6.5). In addition to these new samples, our analyses are integrated with five foreland
basin samples from the western Greater Caucasus (Vincent et al., 2013) and four samples
from a Pliocene section at the far eastern extent of the Greater Caucasus (Allen et al., 2006).
6.3.2 Data visualization
In order to facilitate visualization of the data, we employ a sample coloring scheme through-
out the paper in which samples are colored based on their Bayesian Population Correlation
(BPC; a metric of detrital zircon sample correspondence that varies between 0 and 1; Tye
et al., 2019) to three end-member samples. The three end-member samples were chosen
to highlight first-order age distinctions among the potential sources: the Eurasian interior
(represented by sample Volga; Wang et al., 2011) is dominated by Proterozoic zircon ages,
the Greater Caucasus (represented by sample EGC-4) is predominantly represented by Pa-
leozoic zircon ages (Adamia et al., 2011a; Somin, 2011), and the Lesser Caucasus (rep-
resented by LC-3) is characterized by Jurassic to Eocene zircon ages (e.g., Sosson et al.,
2010). Endmember choice is discussed further in Section 6.4.2. The coloring scheme
works as follows: each sample is assigned an RGB triplet whereby the red value is equal to
the BPC value of the sample compared to the Lesser Caucasus endmember, the green value
comes from comparison to the Eurasian interior endmember, and the blue value comes
from comparison to the Greater Caucasus endmember (Fig. 6.7).
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Figure 6.7: Throughout this paper, samples are colored according to their BPC value (Tye
et al., 2019) relative to three representative endmembers of the Eurasian interior, Greater
Caucasus, and Lesser Caucasus. (a) BPC values are calculated between each sample and
the three end member samples. (b) Calculated BPC values are used as R, G, B values for
coloring each sample. The colored surface shown is a visual aid; samples do not need to
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EGC-5 (n=290) J, K
EGC-4 (n=282) late K
Kumuk4 (n=103) J, K
CGC-1 (n=175) J-early K
CGC-2 (n=196) J-early Pg
*NE-GC4 (n=104) late J
*GC-411 (n=60) mid J
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*LC-3 also contains a 0.7 ± 0.01 Ma zircon,
not shown due to log age scale
Eurasian interior
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*CT130924-9A5 (n=128) mid J
WGC-3 (n=146) J-early K
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Figure 6.8: Distinct zircon age signatures are observed from (a) the Eurasian interior,
(b) the Greater Caucasus basement, (c) the Transcaucasus basement and Lesser Cauca-
sus arc sequence, (d) pre-Jurassic sedimentary rocks, (e) the Greater Caucasus siliciclastic
sequence, and (f) the Greater Caucasus volcaniclastic sequence. The Greater Caucasus
volcaniclastic sequence is subdivided into a western and eastern portion, with the western
portion largely consisting of Jurassic strata and the eastern portion consisting largely of
Cretaceous strata. Samples are colored as shown in Figure 6.7, and are arranged by region.
The plot of each sample shows a probability density plot (Hurford et al., 1984) as a solid
line, a kernel density estimate (Silverman, 1986; Shimazaki and Shinomoto, 2010; Ver-
meesch, 2012) as a shaded area, age observations ignoring analytical uncertainty as a band
of dots beneath the curves (vertical scatter for visual clarity), and a black bar that shows the
age of the sample (for bedrock samples) or the ages of bedrock strata within the sampled
catchment (for modern samples). Each sample is labeled with its name, sample size, and its
age or the ages of strata within the sampled catchment (Nalivkin, 1976; Asch et al., 2005).
Previously published samples are marked with a superscript, corresponding to references
as in Figures 6.4, 6.5. Most samples are from modern river sands, and bedrock samples are
marked with an asterisk (*). Age abbreviations are as in Figure 6.5, plus: Ng–Neogene.
123
6.4 Source-area detrital zircon signatures
6.4.1 Detrital zircon age signatures of potential sources for Caucasus
Cenozoic sediment
In order to use detrital zircon data from foreland basin deposits to understand the Cenozoic
tectonic history of the Caucasus, we must first characterize the zircon age signatures of po-
tential sediment sources of the foreland basin deposits. In this section, we discuss the zircon
age distributions that distinguish seven potential sources (Fig. 6.8) that outcrop within the
Caucasus and surrounding region (Figs. 6.4, 6.5). Three of these sources are regional base-
ment domains (the Eurasian interior, the Greater Caucasus basement, and the Transcauca-
sus basement). One potential source is the pre-Jurassic sedimentary sequences that crop
out over small areas adjacent to Greater Caucasus and Transcaucasus basement outcrops.
Three sources are Jurassic to Eocene tectonostratigraphic sequences (the Lesser Caucasus
arc, Greater Caucasus siliciclastic, and Greater Caucasus volcaniclastic sequences). We
first discuss the basement domain sources.
Three distinct basement domain sources can be distinguished by their detrital zircon
age signatures: the Eurasian interior (including the East European Craton and Urals; Fig.
6.8a), the crystalline basement exposed in the Greater Caucasus (Fig. 6.8b), and the base-
ment massifs of the Transcaucasus (Fig. 6.8c). Modern samples from rivers that drain
the Eurasian interior are composed of at least 70% zircon ages >900 Ma, which are as-
sociated with the East European craton (Fig. 6.8a; Allen et al., 2006; Bogdanova et al.,
2008). Some samples representing the Eurasian interior also contain a subordinate peak
∼360 Ma derived from the Urals (Allen et al., 2006). Rivers that drain the Eurasian interior
contain very few Mesozoic zircons and no Cenozoic zircons. Detritus of the Greater Cau-
casus basement (Fig. 6.8b) is primarily identifiable by narrow age peaks centered on 300
Ma and 450 Ma. Scattered Neoproterozoic to Middle Paleozoic ages are also present in
the Greater Caucasus basement rocks, defining a broad age peak centered on 600 Ma (Fig.
6.8b). Transcaucasus basement massifs are targeted by sample TC-1 and are also included
in the catchments of samples LC-1 and Kura (Figs. 6.5a; 6.8c). Pre-Mesozoic ages in these
samples are dominated by a single peak at ∼300 Ma (Fig. 6.8c). Samples derived from
Transcaucasus basement massifs also contain scattered Neoproterozoic to Paleozoic ages
that define a broad peak near 600 Ma (Fig. 6.8c). The distinguishing detrital zircon age
characteristics of the three basement domain sources are that the Eurasian interior is the
only source of abundant zircons >900 Ma; the Greater Caucasus basement contains large,
subequal zircon age peaks at ∼300 Ma and ∼450 Ma; and the Transcaucasus basement
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massifs contain only one major age peak, at ∼300 Ma (Table 6.1).
One potential sediment source in the Caucasus is a set of Paleozoic to Triassic, fine-
grained clastic to carbonate sedimentary sequences exposed over small areas adjacent to
the Greater Caucasus basement and Transcaucasus basement massifs (Figs. 6.5b, 6.8d;
Khain, 1975; Şengör et al., 1984; Adamia et al., 2011a). One of these sequences is the
Dizi Series, located directly south of the Greater Caucasus basement (Khain, 1975; Şengör
et al., 1984; Adamia et al., 2011a). Bedrock sample NW-GC (Cowgill et al., 2016) from
the western Greater Caucasus (Fig. 6.5a, b), though mapped as Jurassic in age (Nalivkin,
1976), is thought to have been collected from the Paleozoic to Triassic Dizi Series because
of its location close to the mapped contact between Jurassic strata and the Dizi Series
(Nalivkin, 1976), the similarity of lithologies present in the Jurassic strata and Dizi Series
(Khain, 1975; Adamia et al., 2011a), and the similarity of the age signature of NW-GC to
other Dizi Series detrital zircon U-Pb age data (D. Vasey, in review). The detrital zircon
age signature of sample NW-GC shows a wide, primary age peak centered on 600 Ma, with
a secondary peak centered on 330 Ma (Fig. 6.8d).
The age signature of NW-GC, a bedrock sample, differs markedly from modern samples
that include the Dizi Series and other Paleozoic to Triassic sequences within their source
catchments (see samples Inguri, WGC-2, and LC-1; Figs. 6.5, 6.8), suggesting that the
signature of NW-GC is not effectively propagated through the sedimentary system. The
lack of propagation of the NW-GC age signature is likely due to the fine-grained clastic
and carbonate lithologies that characterize Paleozoic to Triassic sedimentary sequences on
the southern slope of the Greater Caucasus and within the Transcaucasus/Lesser Caucasus
(Khain, 1975; Adamia et al., 2011a), as well as the small exposure area of these sequences
compared to other potential sedimentary sources in the Caucasus. The signature of NW-GC
differs from all foreland basin samples, as we later show, suggesting that these pre-Jurassic
sedimentary sequences do not contribute meaningful quantities of measurable zircons to
regional basins, so we disregard them as a traceable sediment source.
The final three sources we characterize are three Jurassic to Eocene tectonostratigraphic
packages that outcrop over large areas in the Caucasus region (Fig. 6.5): the Lesser Cau-
casus arc sequence (Fig. 6.8c), Greater Caucasus siliciclastic sequence (Fig. 6.8e), and
Greater Caucasus volcaniclastic sequence (Fig. 6.8f). Samples derived from the Lesser
Caucasus arc sequence can be recognized by the ubiquity of zircons 90 Ma and younger
(Fig. 6.8c), which are virtually absent in other potential sources. Lesser Caucasus arc se-
quence samples also contain an age peak centered on 170 Ma. Samples of the Greater Cau-
casus siliciclastic sequence (Fig. 6.8e) share two major zircon age peaks with the Greater
Caucasus basement (∼300 Ma and ∼450 Ma), though in the Greater Caucasus siliciclastic
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sequence these age peaks are wider than in the Greater Caucasus basement. Additional age
populations present in some or all Greater Caucasus siliciclastic sequence samples include
Permian to Triassic ages, either on the margin of a ∼300 Ma peak or as a separate peak;
a ∼170 Ma zircon age peak; scattered Precambrian to Paleozoic ages ranging from 3 Ga
to 500 Ma; and small quantities of ∼100 Ma zircons (Fig. 6.8e). The Greater Cauca-
sus volcaniclastic sequence yields largely unimodal detrital zircon age samples, which are
centered on 170 Ma in the western Greater Caucasus and 105 Ma in the eastern Greater
Caucasus (Fig. 6.8f). Samples that represent the Greater Caucasus volcaniclastic sequence
and that also contain appreciable quantities of other age peaks (samples WGC-3, EGC-5,
EGC-7) come from catchments that include both Greater Caucasus volcaniclastic strata and
Greater Caucasus siliciclastic strata. Detrital zircon age signatures of the three Jurassic to
Eocene tectonostratigraphic sequences in the Caucasus can be distinguished by the fact that
the Lesser Caucasus arc sequence contains plentiful zircons <90 Ma, the Greater Caucasus
siliciclastic sequence contains wide age peaks centered on 300 and 450 Ma, and the Greater
Caucasus volcaniclastic sequence yields unimodal zircon U-Pb age peaks at 170 and 105
Ma (Table 6.1).
The zircon age signature characteristics described above permit the discrimination of
six potential sources for Caucasus foreland basin sediment (Table 6.1). These sources
include the Eurasian interior, Greater Caucasus basement, Transcaucasus basement, the
Lesser Caucasus arc sequence, the Greater Caucasus siliciclastic sequence, and the Greater
Caucasus volcaniclastic sequences. Because these sources have distinct detrital zircon U-
Pb age signatures, their contributions can be tracked in foreland basin sedimentary rock
samples.
Potential source Diagnostic zircon age signature
Eurasian interior Ages >900 Ma
Greater Caucasus basement Narrow, subequal age peaks at ∼300 Ma
and ∼450 Ma
Transcaucasus basement Narrow age peak at ∼300 Ma, no peak at
∼450 Ma
Paleozoic to Triassic sedimentary
sequences*
Wide age peak 500-800 Ma, secondary
peak at 330 Ma
Lesser Caucasus arc sequence Ages <90 Ma





Unimodal age peak at ∼170 Ma or ∼105
Ma
Table 6.1: Diagnostic detrital zircon age signatures of seven potential sources of Cenozoic
foreland basin strata in the Caucasus. Note that the signature listed for pre-Jurassic sedi-
mentary sequences (marked with an *) is only based on a single bedrock sample, but these
locally outcropping sequences likely contribute very few datable zircons to the foreland
basin. See text for further discussion.
6.4.2 Defining and representing detrital zircon source endmembers
In order to visually represent the source contributions to samples analyzed in this study, we
employ a coloring scheme in which sample R, G, and B values are colored based on their
Bayesian Population Correlation values (Tye et al., 2019) when compared to three repre-
sentative endmember samples (Fig. 6.7; BPC values shown in Tables S3, S4). The color
scheme visually communicates the regional reach of sediment from three major crustal do-
mains: the Eurasian interior, Greater Caucasus, and Lesser Caucasus. The Eurasian interior
(associated with the color green) sits to the north of the Caucasus and Eurasian interior de-
tritus can be identified primarily by a preponderance of zircons >900 Ma (Fig. 6.8a; Table
6.1). Endmember sample Volga (Wang et al., 2011) is representative of the Eurasian inte-
rior because it includes Archaean to Proterozoic zircons from the East European Craton as
well as some Paleozoic zircons from the Urals (e.g., Allen et al., 2006; Wang et al., 2011).
The Greater Caucasus domain (associated with the color blue) contains several potential
sources including basement, siliciclastic strata, and volcaniclastic strata (Fig. 6.8b, e, f; Ta-
ble 6.1). Endmember sample EGC-4 was chosen to represent the Greater Caucasus because
it is a large (n = 282) sample and its ages, dominated by peaks centered approximately on
300 Ma and 450 Ma, are broadly representative of the Greater Caucasus basement and
Greater Caucasus siliciclastic sequence. The Lesser Caucasus domain (associated with the
color red) is located to the south of the Greater Caucasus and is associated with signifi-
cant quantities of zircons <90 Ma (Fig. 6.8c; Table 6.1). Endmember sample LC-3 was
chosen to represent the Lesser Caucasus, which is largely composed of Jurassic to Eocene
volcanic and volcaniclastic rocks (Figs. 6.2, 6.5), because it is a large (n = 293) sample
that contains the greatest number of <90 Ma zircons characteristic of the Lesser Caucasus
(Fig. 6.8c). The use of this coloring scheme permits the visual differentiation of Eurasian
interior, Greater Caucasus, and Lesser Caucasus sources in modern samples and foreland
basin sedimentary rock samples (Figs. 6.5, 6.8, 6.9).
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fluvial sandstone
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fluvial sandstone
BQ BA91 (n=62), Plio.,
fluvial sandstone
BQ BA71 (n=59), Plio.,
fluvial sandstone
WC99/13 (n=70), early Olig.,
turbidite


















CF-1 (n=302), mid Mio.,
deep marine turbidite















1 10 100 1000
Age (Ma)
1 10 100 1000
Age (Ma)
1 10 100 1000
Age (Ma)
1 10 100 1000
Age (Ma)






Distributed western samples 





(Allen et al., 2006)
Figure 6.9: Detrital zircon age spectra of foreland basin sedimentary rocks reflect Cenozoic
provenance variation over space and time. Previously published samples from distributed
locations in the western Greater Caucasus are shown (a; Vincent et al., 2013). New samples
were collected from western (b), central (c), and eastern (d) foreland basin sections. Previ-
ously published samples from a Pliocene section at the far eastern extent of the range are
also reported (e; Allen et al., 2006). Spectra are shown in reverse stratigraphic order in each
panel. Symbology is the same as Figure 6.8. Sample ages and rock types are listed, and are










































































































































































































(a) (b) (c) (d) (e)
Figure 6.10: Foreland basin samples are shown in stratigraphic context. (a) Global chronol-
ogy with stratigraphic stage names (Paratethyan stage names are used for the Neogene;
Jones and Simmons, 1998). (b-e) Western, central, eastern, and far eastern sampled fore-
land basin sections. Sample ages are depicted with symbols next to each stratigraphic
column, with error bars representing the range of possible ages. Symbols are colored using
the coloring scheme used throughout this paper (Fig. 6.7). Beneath each section is a plot of
normalized BPC of the samples relative to potential sources for the section (source sample
numbers shown in parentheses), with arrows indicating trends over time (see Tables S3,
S4 for BPC results). Plot symbol size is mean BPC uncertainty (1σ) with respect to the
endmember samples, and symbols for the Central and Eastern sections have been doubled
in size for visual clarity. Schematic stratigraphy, including interpretation of marine versus
terrestrial sedimentation, is compiled from Edilashvili (1957); Dzhanelidze and Kandelaki
(1957); Gamkrelidze and Kakhazdze (1959); Voronin et al. (1959); Khain and Shardanov
(1960); Mekhtiev et al. (1962); Hinds et al. (2004); Vincent et al. (2014). Blank space in
sections marks missing time due to unconformities. Unconformities without significant
missing time are not shown. The distributed western samples of Vincent et al. (2013) are
not depicted stratigraphically because they are from a variety of locations with variable
stratigraphy.
129
6.5 Foreland basin zircon U-Pb characteristics and prove-
nance interpretation
We use detrital zircon U-Pb age distributions from foreland basin stratigraphic sections,
in combination with the source signatures outlined above, to infer the sources of foreland
basin sediment and changes in provenance over time. Here, we describe the zircon age dis-
tributions of new and previously published samples from foreland basin sedimentary strata
deposited during the Cenozoic in the basin between the Greater and Lesser Caucasus (Fig.
6.9). In describing these age distributions, we discuss sample lithologies (Fig. 6.6 shows
photos of selected sampled lithologies) and the stratigraphic context of samples (Fig. 6.10).
We also compare foreland basin zircon age signatures with the sources discussed above
and published datasets in order to discuss the implications for source exposure and sed-
iment routing systems. In following sections, we discuss the tectonic implications of the
sediment routing systems and sources implied by our data. New foreland samples were col-
lected from three stratigraphic sections (western, central, and eastern) and were deposited
in Paleogene to Quaternary time (Figs. 6.5, 6.9). We also discuss published samples from a
Pliocene section at the far eastern extent of the range (Allen et al., 2006), as well as a set of
previously published samples that were collected over a wide area of the western Greater
Caucasus (Vincent et al., 2013). Age constraints for our samples are based on published
geologic mapping (Edilashvili, 1957; Dzhanelidze and Kandelaki, 1957; Gamkrelidze and
Kakhazdze, 1959; Voronin et al., 1959; Khain and Shardanov, 1960; Mekhtiev et al., 1962;
Nalivkin, 1976) unless otherwise noted, and published age constraints are used for previ-
ously published samples. The zircon age distributions are discussed roughly in order from
west to east, beginning with the previously published distributed samples in the western
portion of the range (Vincent et al., 2013) and proceeding with our new western, central,
and eastern sampled sections, followed by the published far eastern section (Allen et al.,
2006, Fig. 6.9).
6.5.1 Distributed foreland basin samples of the western Greater Cau-
casus
Previously published distributed Cenozoic samples from the western Greater Caucasus in-
clude five samples from early Oligocene to latest Miocene/earliest Pliocene time (Fig. 6.9a;
Vincent et al., 2013). This group of five samples includes two samples that lie to the north-
west of the range (samples ILN#13 700 and WC139/1; Fig. 6.4), and three samples located
on the southern margin of the range (samples WC99/1, WG66c/2, and WG95/1; Figs. 6.4,
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6.5). The two samples northwest of the Greater Caucasus, late Oligocene to early Miocene
sample ILN#13 700 and Miocene to Pliocene sample WC139/1, are composed mostly of
zircons >900 Ma (Fig. 6.9a) with some scattered Neoproterozoic and Paleozoic ages.
Overall these two samples show a clear affinity to the Eurasian interior (Fig. 6.8a). Early
Oligocene sample WC99/1, an Oligocene turbidite sample from the south side of the west-
ernmost Greater Caucasus, contains ∼40% zircons >900 Ma, as well as a 230-360 Ma
age peak (Fig. 6.8a). This sample shows a partial affinity to the Eurasian interior, with
the 230-360 Ma age peak suggesting a partial affinity to the Greater Caucasus siliciclastic
sequence. Middle Miocene turbidite sample WG66c/2 was collected from near our western
section (Fig. 6.5b), and contains scattered Paleozoic to Triassic ages that coalesce around
two broad age peaks at 450 and 300 Ma, as well as∼35% ages>900 Ma (Fig. 6.8a). These
ages indicate that WG66c/2 was likely derived predominantly from the Greater Caucasus
siliciclastic sequence. Sample WG95/1 was collected from an Oligocene turbidite in close
proximity to the Dzirula Massif (Fig. 6.5a), a Transcaucasus basement massif, and has a
detrital zircon age distribution dominated by a narrow ∼300 Ma age peak (Fig. 6.9a) that
closely matches that of modern detritus from the Dzirula Massif (sample TC-1, Fig. 6.8b).
The spatial distribution of source affinities within these samples has implications for the
late Cenozoic depositional system of the Caucasus. The fact that samples on the northern
slope and near the western margin of the Greater Caucasus (ILN#13 700 and WC139/1;
Fig. 6.9a) have a close affinity to samples of the Eurasian interior (Fig. 6.8a) suggests
that detritus from the Eurasian interior was deposited to the north of the Greater Caucasus
and also to the south of the westernmost portion of the range (Fig. 6.4). In contrast,
the detrital zircon age distribution of sample WG66c/2 (Fig. 6.9a) shows a near perfect
resemblance to the Greater Caucasus siliciclastic sequence (Fig. 6.8e), suggesting that at
the longitude at which it was deposited, sediment was sourced primarily from the Greater
Caucasus (Fig. 6.5b). Sample WC99/1 (Fig. 6.9a), deposited on the southern slope of the
Greater Caucasus at an intermediate longitude between WC139/1 and WG66c/2 (Fig. 6.4)
shows a hybrid detrital zircon age signature suggesting mixing of the Eurasian interior and
Greater Caucasus siliciclastic sequence sources. Together, these samples define a spatial
mixing trend where the Eurasian interior is the dominant detrital zircon source affinity of
Neogene sediment on the north side of the Greater Caucasus and in the far western portion
of the basin to the south of the Greater Caucasus, whereas the Greater Caucasus siliciclastic
sequence is the dominant source affinity of Neogene deposits on the southern margin of the
central to western Greater Caucasus (Figs. 6.4, 6.5).
The spatial distribution of affinities to the Eurasian interior and Greater Caucasus silici-
clastic sequence mirrors the distribution of quartzose and lithic-rich sandstones in Oligocene
131
to Pliocene deposits on the northeastern margin of the Black Sea (Vincent et al., 2013,
2014). Quartzose sand is observed in Neogene sedimentary rocks to the north of the Greater
Caucasus and in the far western portion of Neogene sedimentary rocks on the south side
of the range (west of 40◦ E; Vincent et al., 2013, 2014). The distribution of quartzose
sand corresponds spatially with detrital zircon age signatures of Eurasian affinity (Fig. 6.4;
samples ILN#13 700 and WC139/1 in Fig. 6.9a). In contrast, lithic-rich sand is observed
in Neogene sedimentary rocks from the western Greater Caucasus (east of 40◦ E; Vincent
et al., 2013, 2014), in the same region where Oligocene to Miocene sandstones reveal a de-
trital zircon age signature similar to the Greater Caucasus siliciclastic sequence (Fig. 6.4;
samples WC99/1 and WG66c/2 in Fig. 6.9a). The correspondence of quartzose Neogene
sandstones with zircons of Eurasian affinity and of lithic-rich Neogene sandstones with zir-
cons of Greater Caucasus siliciclastic affinity suggest that quartzose Neogene sandstones
may be derived from the Eurasian interior and lithic-rich sandstones may largely be derived
from the Greater Caucasus siliciclastic sequence.
6.5.2 Western foreland basin section
Our western foreland basin section contains five samples spanning Oligocene to Quater-
nary age (Fig. 6.9b) that were collected from a ∼2.3 km thick stratigraphic section ex-
posed along the Chanistskali River near Jvari, Georgia (Fig. 6.5b; Dzhanelidze and Kan-
delaki, 1957). Within the section, sedimentation is largely turbiditic in nature from the
Oligocene to the Middle Miocene (Dzhanelidze and Kandelaki, 1957). From the latest
Miocene through the Quaternary, sedimentation is largely terrestrial and conglomeratic,
with a period of erosion or non-deposition during the latest Miocene to Pliocene (Fig.
6.10b; Dzhanelidze and Kandelaki, 1957; Vincent et al., 2014). The two oldest samples
from the section, WF-1 and WF-2, were collected from Oligocene or Miocene turbidites
(Fig. 6.6a shows sample location of WF-2) and show dispersed Proterozoic to Triassic ages
with wide peaks centered on 450 Ma and 300 Ma (Fig. 6.9b) and ∼25% of ages >900 Ma.
WF-1 and WF-2 have a zircon age peak at 170 Ma, as well. These two samples show an
almost perfect resemblance to samples of the Greater Caucasus siliciclastic sequence (Fig.
6.8e). The three youngest samples collected from the section, samples WF-3, WF-4, and
WF-5, were collected from latest Pliocene to Quaternary fluvial conglomerates (Fig. 6.6b
shows sample location of WF-3). Sample WF-3 is dominated by a 170 Ma peak, along
with small, wide peaks at ∼300 Ma and ∼450 Ma (Fig. 6.9b). In the dominance of the
170 Ma age peak, sample WF-3 shows a close similarity to the zircon age signature of the
western portion of the Greater Caucasus volcaniclastic sequence (samples CT130924-9A,
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WGC-3 in Fig. 6.8f). Sample WF-3 also shows a concentration of zircon ages between
3.0 and 2.5 Ma, which likely originate from the eruption of the Chegem caldera in the
northern Greater Caucasus at ∼2.8 Ma (Lipman et al., 1993). Samples WF-4 and WF-5
have tightly clustered∼300 Ma and∼450 Ma age peaks, and have 7-8% zircons>900 Ma,
significantly fewer than stratigraphically lower samples WF-1 and WF-2 (Fig. 6.9b). The
tight clustering of the ∼300 Ma and ∼450 Ma age peaks and smaller proportion of ages
>900 Ma in samples WF-4 and WF-5 differentiate these samples from WF-1 and WF-2,
and suggest that WF-4 and WF-5 have an affinity to the Greater Caucasus basement, rather
than to the Greater Caucasus siliciclastic sequence.
The three sources most similar to the age spectra observed in the western section are
the Greater Caucasus siliciclastic sequence (Fig. 6.8e), Greater Caucasus volcaniclastic se-
quence (Fig. 6.8f), and the Greater Caucasus basement (Fig. 6.8b), all of which are located
to the north of the section, so the observed provenance changes likely reflect changing ex-
posure within the sediment source area. Therefore, we regard the provenance changes in
the western section as recording the exposure of the volcaniclastic strata and the basement
of the Greater Caucasus as a result of progressive deformation, unroofing, and erosion of
the range. The age of first exposure of the Greater Caucasus volcaniclastic strata is uncer-
tain, but is bracketed by Middle Miocene sample WG66c/2 (Vincent et al., 2013), which
is located near our sampled section and which shows no evidence of derivation from the
volcaniclastic strata, and late Pliocene sample WF-3, which is dominated by ∼170 Ma
ages. Samples WF-4 and WF-5 record initial exposure of the Greater Caucasus basement
during the latest Pliocene to Quaternary. Combining the detrital zircon age data with strati-
graphic interpretations (Fig. 6.10b; Dzhanelidze and Kandelaki, 1957; Gamkrelidze and
Kakhazdze, 1959; Vincent et al., 2014) reveals that the initial exposure of basement, and
potentially the initial exposure of the Greater Caucasus volcaniclastic strata, followed the
transition to terrestrial sedimentation within the western Caucasus. In addition, deriva-
tion of sediment from the Greater Caucasus basement accompanied the re-establishment of
deposition after a period of erosion or non-deposition (Fig. 6.10b).
A published analysis of recycled palynomorphs sampled from the same section also
constrains the unroofing history of the western Greater Caucasus (Vincent et al., 2014).
Successively older palynomorphs are found stratigraphically higher in the section, which
suggests the exhumation of progressively deeper strata over time in the source area (Vincent
et al., 2014). In Early Oligocene strata, the oldest palynomorphs observed are of Eocene
age. Beginning in the Late Oligocene, palynomorph assemblages imply source ages as old
as Early Cretaceous, with a significant portion of Eocene palynomorphs also present. In
Early Miocene strata, the prevalence of Eocene palynomorphs decreases and recycled paly-
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nomorphs transition to predominantly Cretaceous age. A small number of palynomorphs in
Early Miocene strata imply Middle Jurassic source ages (Vincent et al., 2014). Though no
samples younger than Early Miocene were analyzed (Vincent et al., 2014), the exhumation
history implied by these samples is consistent with exposure of basement in the Pliocene
to Quaternary.
6.5.3 Central foreland basin section
Our central foreland basin section contains two samples of Middle and Late Miocene age,
collected from a 5 - 8 km thick Oligocene to Quaternary succession 30 km northeast of
Tbilisi, Georgia (Fig. 6.5a; Edilashvili, 1957). In the sampled section, terrestrial emer-
gence and a transition from turbiditic to largely conglomeratic deposits occurred in the Late
Miocene (Fig. 6.10c; Edilashvili, 1957). Sample CF-1 was taken from a Middle Miocene
turbidite (Fig. 6.6c). CF-1 contains zircon ages <90 Ma and age peaks centered on 300
Ma and 170 Ma (Fig. 6.9c), a very similar age distribution to modern samples of the Lesser
Caucasus (Fig. 6.8b). Sample CF-1 also contains two ∼15 Ma zircons, which constrain its
depositional age. A depositional age of ∼15 Ma is broadly consistent with previously re-
ported biostratigraphic age constraints for the sampled strata (Nalivkin, 1976). Upsection,
Late Miocene fluvial conglomerate sample CF-2 (Fig. 6.6d) has dispersed Proterozoic to
Mesozoic zircon ages with wide peaks centered on 450-400, 300, and 170 Ma (Fig. 6.9c),
indicating a close similarity to samples of the Greater Caucasus siliciclastic sequence (Fig.
6.8e).
The transition of sediment source from the Lesser Caucasus to the Greater Caucasus
observed in the central foreland basin section is most simply explained by northward trans-
lation of the section toward the Greater Caucasus on the lower plate of the Greater Caucasus
subduction system. At the outcrop from which CF-1 was collected, folding within isolated
strata between undeformed stratigraphic packages suggests that syn-sedimentary slumping
occurred (Fig. 6.6c), likely on a paleoslope. Given the Lesser Caucasus provenance of CF-
1 (Fig. 6.9c) and the shale-rich lithology and syn-sedimentary deformation of the outcrop
from which it was collected, CF-1 was likely deposited on the distal continental margin of
the Lesser Caucasus. The transition from Lesser to Greater Caucasus provenance, which
occurred sometime in the Middle to Late Miocene, was roughly coeval with the transi-
tion of the section to terrestrial, largely conglomeratic deposits in the Late Miocene (Fig.
6.10c). The central section also contains a Pliocene hiatus of similar timing and duration
to that observed in the western section (Fig. 6.10).
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6.5.4 Eastern foreland basin section
Samples from the eastern section (Fig. 6.9d, 6.10d) span almost the entire Cenozoic, from
the latest Cretaceous or Paleocene until the Pliocene, and were collected from a 6 - 8
km thick composite section (Fig. 6.5c; Khain and Shardanov, 1960). Within this sec-
tion, a transition to largely terrestrial, conglomeratic sedimentation occurred in the latest
Miocene to earliest Pliocene (Khain and Shardanov, 1960). Most samples of the section
(EF-2 through EF-6) were collected near Lahij and Shamakhi, Azerbaijan. Late Cretaceous
to early Paleocene sample EF-1 was collected from the north side of the Greater Cauca-
sus, near the village of Afurgha, Azerbaijan, though it was deposited prior to shortening
and topographic development in the Greater Caucasus (which began in the late Eocene to
Oligocene; Vincent et al., 2007; Adamia et al., 2011b), and is thus inferred to have been
deposited in the same basin as samples EF-2 through EF-6. Samples EF-1 to EF-5 were col-
lected from turbiditic to shallow marine sandstones of Late Cretaceous/Paleocene through
Late Miocene age (Fig. 6.6e shows turbiditic strata sampled for EF-4). Samples EF-1
through EF-5 reveal a stable detrital zircon age signature featuring dispersed Proterozoic to
Triassic ages, typically with peaks centered on 400-450 Ma and 300 Ma (Fig. 6.9d). Age
peaks centered on 170 Ma are sometimes present, and Oligocene to late Miocene samples
in this section also show some ages from 60 to 30 Ma. Overall, samples EF-1 to EF-5 show
a strong similarity to modern samples of the Greater Caucasus siliciclastic sequence (Fig.
6.8e). The Cenozoic grains in samples EF-3, EF-4, and EF-5 are likely to have originated
in Cenozoic volcanic centers of the Lesser Caucasus and neighboring Talysh mountain
ranges (Allen and Armstrong, 2008; Verdel et al., 2011; van Der Boon et al., 2017). These
Cenozoic zircons could have been transported by turbidity currents and mixed with Greater
Caucasus-derived sediment within the basin, or they could have been deposited in the basin
as volcanic airfall and subsequently reworked. We tentatively favor the latter interpretation
because samples EF-3, EF-4, and EF-5 lack the major Jurassic and Cretaceous age peaks
that characterize modern and foreland-basin samples derived from the Lesser Caucasus
(samples LC-1 to LC-4, Fig. 6.8c; CF-1, Fig. 6.9c). Together, samples EF-1 to EF-5 indi-
cate derivation from the Greater Caucasus siliciclastic sequence from the Late Cretaceous
or Paleocene until the Late Miocene.
In contrast to samples EF-1 to EF-5, Pliocene sample EF-6 (Fig. 6.6f; from the Pro-
ductive Series sandstone, interpreted to be fluviolacustrine by Hinds et al., 2004) shows
scattered Proterozoic to Cenozoic zircon ages with peaks centered on ∼300 Ma, 160 Ma,
105 Ma, and 85 Ma, with many additional ages <85 Ma (Fig. 6.9d). The distribution of
zircon ages in EF-6 contains several peaks that indicate similarity to the Lesser Caucasus
arc sequence (Fig. 6.8c). However, EF-6 also contains a number of Precambrian zircons
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and a wide∼450 Ma age peak, indicating affinity to both the Greater Caucasus siliciclastic
sequence (Fig. 6.8e) and the Lesser Caucasus arc sequence (Fig. 6.8c).
The fluvio-lacustrine depositional environment of sample EF-6 and its shared affinity to
the Greater Caucasus siliciclastic and Lesser Caucasus arc sequences requires fluvial mix-
ing of detritus of the two sources, which has implications for the evolution of the foreland
basin drainage network. Range-perpendicular drainage networks, which likely dominated
the pre-collisional depositional systems of the Greater Caucasus and Lesser Caucasus (Fig.
6.1a-c) would only transport detritus of either the Lesser Caucasus or the Greater Caucasus.
All foreland basin samples in this study except EF-6 show detrital zircon age signatures
suggesting derivation from either the Lesser Caucasus or the Greater Caucasus/Eurasia,
consistent with deposition in range-perpendicular drainage networks (Fig. 6.9). On the
other hand, an axial drainage network in the basin between the Greater and Lesser Cau-
casus would contain sediments from both Greater and Lesser Caucasus sources within its
catchment area (Fig. 6.1d), providing a mechanism for fluvial mixing of the sources in
sample EF-6. Thus, we interpret the mixing of Greater and Lesser Caucasus sources in
sample EF-6 as evidence of the establishment of an axial drainage network between the
Greater and Lesser Caucasus in latest Miocene to earliest Pliocene time. The existence of
an axial drainage network in the Pliocene is also implied by the non-deposition or erosion
occurring in the western and central foreland basin sections at this time (Fig. 6.10b-d),
which requires sediment transport away from the western and central portions of the fore-
land basin. Because of the confinement of the foreland basin between the Greater and
Lesser Caucasus mountain belts, sediment transported away from the western and central
portions of the foreland basin must have been transported along strike in an axial drainage
network. The existence of such an axial drainage at this time has been previously hypoth-
esized (e.g., Kroonenberg et al., 2005), and such a drainage configuration is similar to the
modern Kura River (shown in Fig. 6.5a). The establishment of an axial drainage network
within the foreland basin indicates that at the longitude where the Greater and Lesser Cau-
casus were closest to one another, the foreland basin became unable to accommodate the
total flux of sediment from the two mountain belts during the latest Miocene to earliest
Pliocene, at which point along-strike sediment transport within the foreland basin began.
6.5.5 Far eastern foreland basin section
The far eastern section consists of previously published samples from the Pliocene Pro-
ductive Series sandstones on the Apsheron Peninsula in easternmost Azerbaijan (Figs. 6.4,
6.9e, 6.10e; Allen et al., 2006). This section covers a smaller range of geologic time than the
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western, central, and eastern sections discussed above (Fig. 6.10). These samples show a
virtually constant detrital zircon age signature through time that features a majority of ages
>900 Ma, with scattered Neoproterozoic to Mesozoic ages that coalesce around ∼300 Ma
and 400-450 Ma age peaks in some samples (Fig. 6.9e). A subsequent detrital zircon study
with greater sampling resolution of this section revealed similar age signatures (Abdullayev
et al., 2018). The concentration of zircons >900 Ma in these samples indicates affinity to
the age signatures of the Eurasian interior (Fig. 6.8a), with the wide ∼300 Ma and 400-
450 Ma age peaks of some samples suggesting affinity to the Greater Caucasus siliciclastic
strata (Fig. 6.8e), as well.
6.6 Tectonic context of observed zircon crystallization ages
The detrital zircon U-Pb ages observed in our samples reflect the crystallization history of
the Caucasus and surrounding regions. Here, we discuss the probable regional sources of
observed zircon ages, roughly in order from youngest to oldest.
6.6.1 Cenozoic zircon crystallization
Cenozoic zircon ages are found primarily in samples derived from the Lesser Caucasus
(Fig. 6.8c), and they are also present in small quantities in several samples that otherwise
appear to be derived from Greater Caucasus sources (samples WF-3, EF-3, EF-4, EF-5;
Fig. 6.9). The Lesser Caucasus was the site of a Mesozoic to Eocene arc, as well as sub-
sequent volcanism that spanned the Oligocene to Quaternary (Nalivkin, 1976; Dilek et al.,
2010; Adamia et al., 2011a; Sahakyan et al., 2017). The western Greater Caucasus hosts
Pliocene to Quaternary volcanic centers (Lipman et al., 1993), and small, poorly studied
intrusions of pre-Pliocene age have also been mapped (Nalivkin, 1976). Given the close age
correspondence between late Cenozoic zircons in sample WF-3 (Fig. 6.9b) and the erup-
tion of Chegem caldera in the western Greater Caucasus (2.8 Ma; Lipman et al., 1993),
Chegem is a likely source for the young detrital zircons of WF-3. No Cenozoic volcanic
centers are known in the eastern Greater Caucasus, so we attribute Cenozoic zircons in
eastern foreland-basin samples EF-3, EF-4, and EF-5 (Fig. 6.9d) to volcanic airfall from
the Lesser Caucasus and neighboring Talysh.
6.6.2 Permian to Mesozoic zircon crystallization
Cretaceous zircons are found in samples from the Lesser Caucasus (Fig. 6.8c), the Greater
Caucasus siliciclastic sequence (Fig. 6.8e), and the Greater Caucasus volcaniclastic se-
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quence (Fig. 6.8f). In the Lesser Caucasus arc sequence (Fig. 6.8c), Cretaceous zircons are
common and likely were crystallized during Mesozoic arc volcanism (e.g., Sosson et al.,
2010; Adamia et al., 2011a; Rolland et al., 2011). In the Greater Caucasus siliciclastic
sequence (Fig. 6.8e), Cretaceous zircons are likely derived by volcanic airfall from the
Lesser Caucasus, which is the nearest known center of Cretaceous volcanism (e.g., Sosson
et al., 2010; Rolland et al., 2011). Cretaceous zircons dominate the eastern Greater Cauca-
sus volcaniclastic sequence (Fig. 6.8f), which is Cretaceous in age (Nalivkin, 1976; Kopp,
1985), defining a single narrow detrital zircon age peak at 105 Ma (Fig. 6.8f).
Jurassic zircons are observed in appreciable quantities in samples of the Lesser Cau-
casus arc sequence (Fig. 6.8c), the Greater Caucasus siliciclastic sequence (Fig. 6.8e),
and the Greater Caucasus volcaniclastic sequence (Fig. 6.8f). Jurassic intrusive rocks have
been recognized in all three sequences (Nalivkin, 1976; Hess et al., 1995). The Jurassic
marked the initiation of arc volcanism in the Lesser Caucasus and the initial rifting of the
Greater Caucasus Basin (Zonenshain and Le Pichon, 1986; Sosson et al., 2010; Vincent
et al., 2016), so it is unsurprising that Jurassic zircons were generated in association with
these settings and are common throughout the region. Because Jurassic zircons are ubiqui-
tous in Jurassic and younger sedimentary sequences throughout the Caucasus, they are not
useful for differentiating between potential sediment sources.
Permian to Triassic zircons are observed in significant quantity only in the Greater
Caucasus siliciclastic sequence (Fig. 6.8d) and foreland basin sediments inferred to be
sourced from it. Such Permian to Triassic grains are likely derived from Permian and
Triassic volcanic and volcaniclastic rocks that overlie the Greater Caucasus basement on
the northern slope of the range (Belov, 1981; Nazarevich et al., 1986).
6.6.3 Precambrian to Carboniferous zircon crystallization
Pre-Permian zircon ages in the Caucasus reflect the crystallization history of regional base-
ment domains. A ∼300-360 Ma age peak is ubiquitous in the Greater Caucasus basement
(Fig. 6.8b), Transcaucasus basement massifs (Fig. 6.8c), and the Greater Caucasus sili-
ciclastic sequence (Fig. 6.8e), as well as younger sedimentary strata derived from these
sources (Figs. 6.9). This age peak reflects crystallization during the Variscan orogeny,
which was a period of intense magmatism and high temperature - low pressure metamor-
phism in the Caucasus region (e.g., Belov et al., 1978; Somin, 2011). The Greater Caucasus
basement and Greater Caucasus siliciclastic sequence also contain a ∼450 Ma age peak,
typically in subequal proportion to the ∼300 Ma age peak (Fig. 6.8b, e). In our sam-
ples from modern rivers that drain the Greater Caucasus basement, this ∼450 Ma age peak
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is likely sourced from pre-Carboniferous metamorphic complexes that constitute part of
the Greater Caucasus basement (Somin, 2011). The presence of 300-360 and 450 Ma age
peaks in samples of the Greater Caucasus siliciclastic sequence (Fig. 6.8e) indicates that the
source region of this sequence may have undergone a history of metamorphism and mag-
matism similar to that of the Greater Caucasus basement. 600-900 Ma zircons are observed
in minor proportions in many samples of Greater Caucasus basement (Fig. 6.8b), Transcau-
casus basement massifs (Fig. 6.8c), and Greater Caucasus siliciclastic sequence (Fig. 6.8e).
The ages of these zircons suggest an affinity to the Pan-African orogeny, which occurred
on Gondwana (e.g., Johnson and Woldehaimanot, 2003; Horton et al., 2008). Pre-900 Ma
zircons are present in our study mostly in the modern detritus of the Eurasian interior as
well as sedimentary strata likely derived in part from the Eurasian interior. Zircons of this
age are associated with the East European Craton (Allen et al., 2006; Bogdanova et al.,
2008).
6.7 Implications of Caucasus detrital zircon U-Pb age data
for terrane boundaries and Tethyan tectonics
Sutures formed between two colliding terranes are planes or zones of weakness that deform
more easily than intact lithosphere and therefore may influence the spatial distribution of
subsequent tectonic strain (Jones and Tanner, 1995; Rusmore et al., 2001; Fitzgerald et al.,
2014). The southern margin of Eurasia is composed of accreted terranes that are involved
in collision throughout the Alpine-Himalayan system (Şengör, 1984; Stampfli et al., 2013).
These terranes were emplaced during multiple episodes of ribbon continent or superterrane
rifting from Gondwana and accretion to the southern margin of Eurasia throughout the
Phanerozoic, concomitant with the formation and subduction of Neotethys, Paleotethys,
and one or more precursor oceans (Şengör, 1984; Stampfli et al., 2013). These terranes and
sutures of these subducted oceans should be present on the southern margin of Eurasia.
At the longitude of the Caucasus, the number and location of terrane boundaries along
the southern Eurasian margin remain uncertain. A Paleozoic suture has been proposed be-
tween Scythia and the East European Craton (Natal’in and Şengör, 2005, Fig. 6.2), though
available evidence is also consistent with the hypothesis that Scythia is the extended mar-
gin of the East European Craton, and thus would not be separated from the craton by a
suture (Saintot et al., 2006a). Several authors have identified an ophiolite emplaced dur-
ing the Carboniferous at the northern margin of the Greater Caucasus basement (Adamia
et al., 1981; Somin, 2011), suggesting a suture between the Greater Caucasus and Scythia.
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However, Natal’in and Şengör (2005) argue that the Greater Caucasus basement is part
of Scythia and that the present location of the ophiolite between the Greater Caucasus
basement and the rest of Scythia is due to Triassic strike-slip fault displacement. Sev-
eral reconstructions place a suture between the Greater Caucasus and Transcaucasus base-
ment domains (Şengör, 1984; Stampfli, 2013), although other authors have noted petrologic
and age similarities between the Transcaucasus basement and Greater Caucasus basement
(e.g., Zakariadze et al., 2007; Mayringer et al., 2011). South of the Transcaucasus, ter-
rane boundary locations are less ambiguous because of the presence of ophiolites along the
Sevan-Akera suture zone (e.g., Khain, 1975; Galoyan et al., 2009) and the Bitlis-Zagros
suture zone (e.g., Sengör and Yilmaz, 1981).
Our detrital zircon age data constrain the timing and approximate magnitude of mag-
matic and metamorphic episodes affecting basement domains of the East European Craton,
Scythia, the Greater Caucasus, and the Transcaucasus, which should add evidence for or
against proposed sutures between these domains. Our modern samples directly characterize
the crystallization histories of the Greater Caucasus basement (Fig. 6.8b) and Transcauca-
sus basement (Fig. 6.8c), and published samples reflect the crystallization history of the
Eurasian interior (Allen et al., 2006; Wang et al., 2011, Fig. 6.8a). Sedimentary architec-
ture (Sholpo, 1978) and field observations (Vincent et al., 2013) indicate that the Greater
Caucasus siliciclastic sequence was derived from the north, suggesting that our samples
from this sequence (Fig. 6.8e) constrain the crystallization history of the Eurasian interior
and/or Scythia. Unlike the Eurasian interior, detrital zircon age signatures from the Greater
Caucasus siliciclastic sequence contain a majority of ages <900 Ma, typically with peaks
at 300 Ma and 450 Ma (Fig. 6.8e). Because zircons of age <900 Ma are comparatively
rare in samples of the Eurasian interior and do not cluster in clear age peaks at 300 Ma and
450 Ma (Fig. 6.8a), it is likely that the <900 Ma detrital zircons of the Greater Caucasus
siliciclastic sequence are derived from Scythia (Fig. 6.2a). The scattered ages >900 Ma
present in Greater Caucasus siliciclastic sequence samples (Fig. 6.8e) may be derived from
the Eurasian interior. Because the crystallization ages indicated by these detrital zircons
constrain the tectonic histories of the East European Craton (Allen et al., 2006; Wang et al.,
2011), Scythia, the Greater Caucasus basement, and the Transcaucasus basement, they are
likely to yield new insight into the locations of sutures on the southern margin of Eurasia
and their role in guiding tectonic deformation on this complex plate margin.
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6.7.1 Detrital zircon U-Pb age constraints on the original locations of
Scythia, Greater Caucasus basement, and Transcaucasus base-
ment domains
Central to locating terrane boundaries on the southern margin of Eurasia is determining
whether Scythia, Greater Caucasus, and Transcaucasus basement domains formed in situ
on the Eurasian margin or whether they originated on Gondwana or as intra-oceanic island
arcs. Past work has identified zircons of age 600-900 Ma as diagnostic of crystalliza-
tion during the Pan-African orogeny, which occurred on Gondwana (Johnson and Wolde-
haimanot, 2003; Horton et al., 2008). Zircons of this age are virtually absent from samples
containing detritus from the East European Craton (Fig. 6.8a). Our detrital zircon U-Pb
ages from the Greater Caucasus siliciclastic sequence (Scythia), Greater Caucasus base-
ment, and the Transcaucasus basement indicate that significant quantities of 600-900 Ma
ages are present in all three domains, suggesting that they all originated on Gondwana
(Fig. 6.8b, c, e). Whereas previously available data from Scythian basement were unable
to resolve whether Scythia was exotic to Eurasia (e.g., Saintot et al., 2006a), our data (see
below) support the hypothesis that a suture divides Scythia from Eurasia (Natal’in and
Şengör, 2005). Our findings are consistent with the common view that the Transcaucasus
and Greater Caucasus basement domains are exotic to Eurasia (e.g., Adamia et al., 2011a,
and many others). The age of accretion of Scythia, the Greater Caucasus, and Transcauca-
sus basement domains to Eurasia is bounded by the age of the Pan-African orogeny to be
¡600 Ma.
6.7.2 Detrital zircon age constraints on the relationship between Greater
Caucasus basement and Scythia
A suture between the Greater Caucasus basement and Scythia is suggested by ophiolites
in the northern Greater Caucasus that divide the two domains and that were emplaced in
the Carboniferous (Adamia et al., 1981; Somin, 2011). However, the Greater Caucasus and
Scythia have also been proposed to constitute a single terrane disrupted and duplicated by
Triassic strike-slip faulting (Natal’in and Şengör, 2005). If the Greater Caucasus base-
ment and Scythia constitute a single terrane, then the two domains would be expected to
generally share the same crystallization and metamorphic history. If the Greater Cauca-
sus basement is a separate terrane from Scythia, it is less likely (though still possible) that
the Greater Caucasus basement would share the crystallization history of Scythia. Detrital
zircon ages from the Greater Caucasus basement cluster around age peaks at 300 Ma and
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450 Ma (Fig. 6.8b). Detrital zircon ages from the Greater Caucasus siliciclastic sequence,
which we infer to be derived largely from Scythia, also cluster around age peaks at 300 Ma
and 450 Ma (Fig. 6.8e). The major difference between the age signatures of the Greater
Caucasus basement and Greater Caucasus siliciclastic sequence is that the 300 Ma and
450 Ma age peaks are wider in the siliciclastic sequence samples (Fig. 6.8e) than in the
basement samples (Fig. 6.8b). Assuming that the Greater Caucasus siliciclastic sequence
was derived from a large region or regions of Scythia, this difference may reflect some-
what diachronous crystallization across Scythia, of which only a small portion is exposed
in the Greater Caucasus basement. Overall, our detrital zircon ages show that the Greater
Caucasus basement has a very similar crystallization history to Scythia, lending support to
the hypothesis that the Greater Caucasus basement is part of Scythia (Natal’in and Şengör,
2005). We hypothesize that the apparent terrane boundary between the Greater Caucasus
basement and Scythia may be a result of strike-slip duplication of a single terrane and an
adjacent suture zone.
6.7.3 Detrital zircon age constraints on the similarities and differences
between Greater Caucasus basement and Transcaucasus base-
ment
While several authors have proposed the existence of a suture between the Greater Cau-
casus and Transcaucasus basement (Şengör, 1984; Adamia et al., 2011a; Stampfli, 2013),
others have noted age and compositional similarity between the Transcaucasus and Greater
Caucasus (Zakariadze et al., 2007; Mayringer et al., 2011), suggesting a shared tectonic
history between the two domains. The presence or absence of a suture here is important
because the Jurassic to Eocene opening of the Greater Caucasus Basin occurred between
the Greater Caucasus basement and Transcaucasus basement (Zonenshain and Le Pichon,
1986; Vincent et al., 2016). Thus, the opening of the Greater Caucasus Basin may have
been guided by a pre-existing structure between the Greater Caucasus and Transcaucasus.
Our detrital zircon ages show that while the Greater Caucasus basement contains subequal
age peaks at 300 Ma and 450 Ma (Fig. 6.8b), the Transcaucasus basement contains a 300
Ma age peak but does not contain a 450 Ma age peak (Fig. 6.8c). Our samples of the
Greater Caucasus siliciclastic sequence (representing Scythia) indicate that 300 Ma and
450 Ma age peaks are subequal in size across much of Scythia (Figs. 6.8e), in addition to
within the Greater Caucasus basement (Fig. 6.8b). The fact that the Transcaucasus base-
ment lacks such a pervasive and significant age peak compared to the Greater Caucasus and
Scythia lends support to the hypothesis that a terrane boundary may separate the Greater
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Caucasus and Transcaucasus (e.g., Stampfli, 2013).
6.7.4 Constraints on the timing of accretion of Scythia, Greater Cau-
casus basement, and Transcaucasus basement to Eurasia
While our data cannot directly constrain the timing of terrane movement and accretion, the
crystallization histories recorded in our detrital zircon ages can be used to test hypothe-
sized tectonic histories of the southern Eurasian margin. Our data are broadly consistent
with the tectonic reconstruction of Stampfli (2013) for the Greater Caucasus and Transcau-
casus during the Paleozoic (Fig. 6.11a, b). In the model of Stampfli (2013), the Greater
Caucasus is translated from Gondwana to Laurussia in the Ordovician to Silurian as part of
the Hunia superterrane, with accretion to Laurussia complete by 420 Ma (Fig. 6.11a). The
translation of the Hunia superterrane is accomplished by south-directed subduction of the
Qaidam ocean, which occupied the area between Hunia and Laurussia, and spreading of the
Rheic ocean between Hunia and Gondwana (Stampfli, 2013, Fig. 6.11a). The subduction
of the Qaidam ocean beneath Hunia provides a mechanism for crystallization of zircons
in the Greater Caucasus basement that broadly cluster around 450 Ma. Subsequently in
the Stampfli (2013) model, the Transcaucasus terrane was translated from Gondwana to-
ward Laurussia as part of the Galatia superterrane during the late Devonian to Carbonif-
erous (Fig. 6.11b). The northward translation of Galatia was accomplished by north and
south vergent subduction of the Rheic ocean beneath the Galatia and Hunia superterranes
and spreading of Paleotethys between Galatia and Gondwana. Following the collision of
the Galatia and Hunia superterranes, northward subduction of Paleotethys beneath Gala-
tia and Hunia began immediately (Fig. 6.11b). The bivergent subduction of the Rheic
ocean followed by the northward subduction of Paleotethys provides a mechanism for the
crystallization of zircons in the Greater Caucasus and Transcaucasus basement domains
that cluster around 330-300 Ma. Thus, the tectonic model of Stampfli (2013) is consistent
with observed zircon age distributions present in the Greater Caucasus and Transcaucasus
basement domains (Fig. 6.11).
Natal’in and Şengör (2005) hypothesize that Scythia was formed by Triassic to Early
Jurassic duplication of an extensive arc terrane by strike-slip faulting. This hypothesis
can account for the similar crystallization histories we observe in the Greater Caucasus
basement and in Scythia (Fig. 6.8b, e). The hypothesis of Natal’in and Şengör (2005) is
also compatible with the reconstruction of Stampfli (2013) because the proposed Triassic
formation of Scythia (Natal’in and Şengör, 2005) postdates the reconstruction of Stampfli
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Figure 6.11: Crystallization histories of the East European Craton, Scythia, the Greater
Caucasus basement, and the Transcaucasus basement (Fig. 6.8) have implications for Pa-
leozoic to Triassic terrane accretion and broadly support the tectonic models of Stampfli
(2013) and Natal’in and Şengör (2005). (a) Differences in crystallization history between
the Greater Caucasus basement and East European Craton suggest that the Greater Cau-
casus is exotic to Eurasia, and a major Greater Caucasus age peak centered on 450 Ma is
consistent with an active arc at that time (Stampfli, 2013). (b) The lack of 450 Ma zircons
in the Transcaucasus (Fig. 6.8b) suggests that the Transcaucasus did not undergo the Or-
dovician to Silurian arc volcanism that likely affected the Greater Caucasus. However, a
shared 300 Ma age peak is consistent with bivergent subduction underneath both domains
resulting in their convergence (Stampfli, 2013). (c) The similarities between Greater Cauca-
sus and Scythia crystallization histories supports the hypothesis that Scythia is composed of
slivers of the Greater Caucasus arc that were duplicated by strike slip faulting (Natal’in and
Şengör, 2005). Scythia may also contain slivers of Transcaucasus basement. See Section
6.7 for further discussion.
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casus basement and Scythia (Figs. 6.8b, e) suggests that the Greater Caucasus terrane
was involved in the Triassic strike-slip faulting that formed Scythia, though it is unclear
whether the Transcaucasus terrane was involved as well. If accretion of the Transcaucasus
to the Greater Caucasus occurred prior to the Triassic (as proposed by Stampfli, 2013), then
Scythia may include tectonic slivers of the Transcaucasus/Galatia terrane, in addition to
slivers of the Greater Caucasus/Hunia terrane (Fig. 6.11c). Given the fact that our detri-
tal zircon samples inferred to represent Scythia are from Jurassic-Cretaceous catchments
of unknown dimension, our data are not adequate to determine whether Scythia contains
slivers of the Transcaucasus/Galatia terrane.
6.7.5 Suture locations
Overall, our data are consistent with the Paleozoic tectonic model of Stampfli (2013) and
strike-slip deformation and duplication of Scythia/Greater Caucasus basement in the Trias-
sic to Early Jurassic (Natal’in and Şengör, 2005, Fig. 6.11). Assuming the tectonic model
outlined here, remnants of the Qaidam ocean would be located between Scythia and the
East European Craton and potentially duplicated within Scythia. The Paleozoic, eclogite-
bearing blueschists (Perchuk and Philippot, 1997; Philippot et al., 2001) and ophiolite
(Adamia et al., 1981) observed on the northern slope of the Greater Caucasus, which were
previously interpreted as a suture between the Greater Caucasus and Scythia, are likely to
be a tectonic sliver of the Qaidam ocean suture. Remnants of the Rheic ocean would be
located between Greater Caucasus basement and Transcaucasus basement and potentially
duplicated in Scythia (Fig. 6.11c). The number and ages of sutures implied by our data are
inconsistent with the hypothesis that the Paleotethys suture is located between the Greater
Caucasus and Transcaucasus basement (Şengör, 1984). Remnants of Paleotethys would
be located at the Sevan-Akera suture zone south of the Transcaucasus/Lesser Caucasus (as
suggested by Adamia et al., 2011a, among others; Fig. 6.11c).
6.8 Implications for stratigraphic records of collision
Understanding how foreland basin sedimentation evolves over the transition from subduc-
tion to collision will permit more accurate reconstructions of ancient continental collisions
and their effects on plate kinematics, topography, and exhumation. In this section, we first
review and synthesize the sediment provenance and facies changes observed in the Cau-
casus during the initiation of collision and discuss the drivers of the observed changes.
We then compare the timing of changing sedimentation patterns to records of plate kine-
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soft collision hard collision
Figure 6.12: A generalized timeline of sedimentary and plate kinematic effects is developed
from observations in the Caucasus. (a) Effects of the initiation of collision on foreland basin
sedimentation are inferred from our detrital zircon sediment provenance interpretations and
published stratigraphy. Each event is numbered for reference in the text and labeled paren-
thetically with the foreland basin section from which it was inferred (WF—western, CF—
central, EF—eastern). (b) Kinematic effects of collision are reported from other studies,
numbered and labeled with references for further discussion in the text. (c) Basin width,
foreland sedimentation style, and phase of collision are plotted against time. Basin width is
inferred using timing estimates of Greater and Lesser Caucasus convergence and width es-
timates of the intervening basin (see Section 6.8.3 for further discussion). The gray shaded
region indicates an uncertainty envelope based on variability in basin width estimates. Col-
ored bars indicate three periods of sedimentation in the Caucasus foreland basin during the
initiation of collision, summarized from the sedimentary events listed above. Phases of col-
lision are inferred from stratigraphy, provenance, and kinematic observations, as discussed
in the text. Bars represent the range of ages within which the initiation of soft and hard
collision could have occurred, based on available data. Vertical dashed lines indicate the
ages associated with the time steps of collision shown in Figure 6.1.
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matics and exhumation in the Caucasus in order to correlate the stratigraphic record with
the transition from subduction to collision. Finally, we develop a generalized timeline of
the sedimentary and kinematic effects of collision observed in the Caucasus that can be
exported to other orogens.
6.8.1 Late Cenozoic provenance and facies changes of Caucasus fore-
land basin sediment
The western, central, and eastern foreland basin sections on the south side of the Greater
Caucasus record several changes in provenance and facies during the Miocene to Quater-
nary (Figs. 6.9, 6.10). The western section reveals a Middle to Late Miocene transition
from organic-rich marine turbidites to terrestrial deposition of predominantly conglomer-
ates and sandstones, as well as an erosional hiatus from latest Miocene to late Pliocene (Fig.
6.10b). Detrital zircons from the western section reveal Oligocene to Miocene derivation
of sediments from the Greater Caucasus siliciclastic sequence, with derivation from the
Greater Caucasus volcaniclastic sequence and finally the Greater Caucasus basement dur-
ing the latest Pliocene to Quaternary (Fig. 6.9b). The central section reveals a Late Miocene
transition from turbiditic marine sediments to largely conglomeratic terrestrial sediments,
with an erosional hiatus during the early to middle Pliocene (Fig. 6.10c). Detrital zircons
from the central foreland basin section reveal a transition in source from the Lesser Cau-
casus to the Greater Caucasus, preceding or approximately coinciding with the coarsening
of sediments and terrestrial emergence of the sequence (Fig. 6.9c). The Lesser Cauca-
sus provenance, apparent slumping, thin bedding, and shale-rich lithology of the Middle
Miocene strata from which CF-1 was collected (Fig. 6.6c) suggest that the central section
was located toward the distal margin of the lower plate continental slope during the Middle
Miocene. The eastern foreland basin section reveals a Pliocene transition from marine tur-
biditic sedimentation to conglomeratic and sand-rich sedimentation in a predominantly ter-
restrial environment (Fig. 6.10d). Detrital zircons from the eastern section show consistent
derivation from the Greater Caucasus siliciclastic sequence until Pliocene conglomerates
and sandstones are deposited, which are derived from both the Greater and Lesser Cauca-
sus, likely signaling the integration of an axial drainage network parallel to the Greater and
Lesser Caucasus (Fig. 6.9d).
Together, the lithologies and provenance observations from these three sections reflect
a set of changes to the sedimentary system between two converging continents during the
transition from subduction to collision (Fig. 6.12). Detrital zircon provenance of the central
section reveals that upper-plate detritus was deposited on the lower plate continental slope
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sometime between ∼15 Ma and 8.5 Ma (Fig. 6.9c; event 1 in Fig. 6.12a). Facies of the
western and central sections, which lie broadly within the western Greater Caucasus where
collision likely began in the latest Miocene to Pliocene (Philip et al., 1989; Avdeev and
Niemi, 2011; Cowgill et al., 2016), indicate a transition to terrestrial and largely conglom-
eratic sediments in the late Middle to Late Miocene, around 10.5 to 8.5 Ma (Fig. 6.10b, c;
event 2 in Fig. 6.12a). In the latest Miocene to early Pliocene (∼5.5 Ma), an erosional hia-
tus begins in the western and central sections (6.10b, c; event 3 in Fig. 6.12a), coeval with
the integration of an axial drainage network in the foreland basin (Figs. 6.9d, 6.10d; event
4 in Fig. 6.12). Finally, in the latest Pliocene or Quaternary (¡2.8 Ma), the first sediment
derived from Greater Caucasus basement is deposited in the western foreland basin (Fig.
6.9b; event 5 in Fig. 6.12a). These events outline three broad periods of foreland basin
sedimentation (depicted in Fig. 6.12c). In the first period, deposition between the Greater
and Lesser Caucasus occurs in a marine setting until ∼10 Ma. In the second period, the
basin between the Greater and Lesser Caucasus occurs predominantly in a terrestrial setting
from ∼10 Ma until ∼5.5 Ma. In the final period, the basin between the Greater and Lesser
Caucasus is largely erosional or non-depositional after ∼5.5 Ma.
6.8.2 Drivers of observed facies and provenance changes
In order to assess whether collision is a primary driver of the observed late Cenozoic sedi-
mentary changes in the Caucasus, we compare the timing of observed sedimentary changes
with the timing of Caucasus collision and the timing of late Cenozoic regional base-level
changes, a potential alternative driver of changing sedimentation patterns. First, we outline
the stratigraphic, kinematic, and thermochronometric constraints on the timing of colli-
sion in the Caucasus and discuss whether the inferred collisional history can account for
the changes in sedimentation that are documented by our data. Second, we discuss the
timing of late Cenozoic base-level changes in the Paratethyan system (of which the Black
Sea, Caspian Sea, and the Caucasus foreland basin were parts), and consider whether doc-
umented base-level variations can explain stratigraphic observations and provenance data
from the Caucasus. Finally, we discuss whether the patterns of late Cenozoic Caucasus sed-
imentation we infer from stratigraphy and provenance data are consistent with predictions
made from a generalized model of collision (Fig. 6.1).
Many workers divide collision into a soft phase and hard phase (Klootwijk et al., 1985;
Lee and Lawver, 1995; Chung et al., 2005; van Hinsbergen et al., 2012; Cowgill et al.,
2016). Soft collision is understood as the initial entrance of a thinned continental margin,
composed of lithosphere that is transitional between continental and oceanic, into a sub-
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duction zone (Lee and Lawver, 1995; Chung et al., 2005). The age of soft collision can
be bracketed from the stratigraphic record if a stratigraphic sequence shows evidence of a
transition from lower plate-derived sediment deposited in a continental-slope environment
to upper plate-derived sediment (DeCelles et al., 2014; Hu et al., 2015). Our central fore-
land basin section shows such a transition, from Lesser Caucasus-derived turbidites that
underwent soft sediment deformation likely on the lower plate continental slope (Fig. 6.6c)
to Greater Caucasus-derived conglomerates upsection (Figs. 6.9c, 6.10c). Soft collision
began prior to the deposition of the upper sample (CF-2) at ≥8.5 Ma and likely after depo-
sition of the lower sample (CF-1) around 15 Ma, as the thin bedding and dominantly fine
grain size of the sampled turbidites suggest deposition near the distal edge of the conti-
nental slope (Fig. 6.12a). The wide range in the age of soft collision is partly a result of
samples available from the section and could potentially be refined in the future.
Hard collision is marked by changes in plate kinematics, exhumation rates, and/or initi-
ation of far-field deformation in response to the stress changes associated with subduction
of continental lithosphere (Lee and Lawver, 1995; van Hinsbergen et al., 2012; Cowgill
et al., 2016). Several lines of evidence can be used to determine the timing of hard collision
in the Caucasus, including exhumation rates derived from thermochronometry (Avdeev and
Niemi, 2011), plate velocities derived from paleomagnetic and geodetic data (Austermann
and Iaffaldano, 2013), and fault kinematic reconstructions (Allen et al., 2004). Within the
upper plate of the Caucasus collision zone, a tenfold increase in upper-plate cooling rates
is documented to have occurred at 5 Ma, which is most reasonably explained by a rapid in-
crease in exhumation rate (Fig. 6.12b; Avdeev and Niemi, 2011). Within the Arabia-Eurasia
collision zone, of which the Caucasus is a part, a regional compilation of paleomagnetic
and GPS data indicate a slowing of convergence at 5 Ma (Fig. 6.12b Austermann and
Iaffaldano, 2013). Finally, retrodeforming many structures in the Arabia-Eurasia collision
zone indicates that only 3-7 Ma of slip at current rates is required to account for their net
offset, suggesting a major plate kinematic reorganization at this time potentially related
to collision (Fig. 6.12b Allen et al., 2004). Together, these three lines of evidence indi-
cate that kinematic reorganization, plate slowing, and increased exhumation rates occurred
within the Caucasus and surrounding region at 5 Ma, consistent with 5 Ma marking the
beginning of hard collision in the western Caucasus (Cowgill et al., 2016). Thus, the avail-
able sedimentary, paleomagnetic, thermochronometric, and fault kinematic data from the
region are consistent with a progression from soft to hard collision occurring during the
period from >8.5 Ma to 5 Ma, the time frame for most of the changes we infer in foreland
basin sedimentation (Fig. 6.12).
While the sedimentary changes observed overlap in time with the initiation of collision
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in the Greater Caucasus (e.g., Cowgill et al., 2016), Miocene to Pliocene sedimentation
was also affected by rapid base-level change in the Paratethyan basin system of which the
Caucasus foreland basin was part (e.g., Forte and Cowgill, 2013; van Baak et al., 2015).
Disconnection of the Mediterranean from the Atlantic drove base-level falls of >1 km in
Black and Caspian Seas at 5.59 Ma (Krijgsman et al., 1999; Zubakov, 2001; Krijgsman
et al., 2010; Vasiliev et al., 2013; Forte and Cowgill, 2013). This base-level fall would have
also reduced base level in the basin between the Greater and Lesser Caucasus, which served
as a connection between the Black and Caspian seas (Zonenshain and Le Pichon, 1986).
Black and Mediterranean Sea base levels were restored by 5.33 Ma following reconnection
with the Atlantic (Krijgsman et al., 1999; Garcia-Castellanos et al., 2009; van Baak et al.,
2015). Unlike in the Black Sea, low base levels in the Caspian appear to have persisted until
4.0 - 2.7 Ma (Forte and Cowgill, 2013; van Baak et al., 2019). The persistent low base
levels of the Caspian Sea following base level rebound in the Black Sea indicates that a
Pre-Messinian marine gateway between the Black and Caspian seas had been closed by the
earliest Pliocene, likely as a result of ongoing convergence and collision in the Caucasus.
Because low Paratethyan base levels associated with disconnection from the Atlantic Ocean
persisted only from 5.59 Ma to ∼5.33 Ma (Krijgsman et al., 1999; Garcia-Castellanos
et al., 2009; van Baak et al., 2015), these base level changes cannot by themselves account
for the basin shallowing, terrestrial sedimentation, and erosion/non-deposition observed
in Caucasus foreland basin sections from the Late Miocene to the present. In contrast, the
initiation of collision in the Caucasus would have caused permanent changes in lithospheric
buoyancy and topography that can account for the observed changes in sedimentation.
In addition to assessing the temporal correspondence of collision with inferred late
Cenozoic changes in foreland basin sedimentation in the Caucasus, we compare the in-
ferred changes to predictions from the generalized model of collision discussed in Section
6.1 (Fig. 6.1). These predictions include shallowing of the foreland basin leading ulti-
mately to erosional conditions (Fig. 6.1b-d), sourcing of sediment from deeper crustal
levels of the orogen (Fig. 6.1d), and development of an axial drainage network in the basin
(Fig. 6.1d). Stratigraphic facies changes and detrital zircon provenance data indicate that
during the Late Miocene to Quaternary, the foreland basin shallowed and became erosional
(Fig. 6.10; events 2, 3 in Fig. 6.12a), an axial drainage network was developed (Fig. 6.10d;
event 4 in Fig. 6.12a), and sediment was sourced from the basement of the orogen for the
first time (Fig. 6.10b; event 5 in Fig. 6.12a). Thus, the changes in sediment provenance,
lithology, and drainage pattern inferred from the Caucasus foreland basin conform well to
the predictions developed from a general model of collision (Fig. 6.1).
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6.8.3 Correlating basin width with facies and provenance changes
Because Paratethyan base-level changes alone cannot account for the Miocene to present
sedimentary changes observed in the Caucasus, convergence and collision of the Greater
and Lesser Caucasus must be the primary driver influencing foreland basin facies and
provenance. Thus, the width of the basin between two converging continents may influence
facies and provenance in pre-collisional to collisional basins, and stratigraphic records may
be able to be used to infer the width of these closing basins at different points in time. We
use a simple calculation to estimate the width of the closing basin at the time these changes
occurred (Fig. 6.12c). Width estimates of the basin between the Lesser and Greater Cau-
casus range from 200 - 280 km from kinematic reconstructions using paleomagnetic data
(van der Boon et al., 2018) to 350 - 400 km from interpretation of sedimentary facies
(Cowgill et al., 2016). The basin is thought to have closed from 35 Ma (Adamia et al.,
2011b) until 5.5 Ma, when the basin became dominantly erosional and no longer accom-
modated sediment (Fig. 6.10). For simplicity, we assume a constant convergence rate be-
tween 35 and 5.5 Ma. We plot basin width over time assuming a range of pre-convergence
widths from 200 - 400 km and a constant convergence rate from 35 Ma until 5.5 Ma, which
equates to convergence rates of 7 - 13 mm/yr. Such rates are comparable to modern conver-
gence rates in the eastern Greater Caucasus where subduction is still active (Reilinger et al.,
2006; Kadirov et al., 2012, 2015). Using this basin-width reconstruction, we find that when
upper plate detritus was deposited on the lower plate continental slope in the central section
(15 - 8.5 Ma), defined as the initiation of soft collision, the basin was between 20 and 125
km wide (Fig. 6.12c). When the basin transitioned to terrestrial sedimentation (10.5 - 8.5
Ma), the basin was between 20 and 70 km wide (Fig. 6.12c). When the basin became
largely erosional (5.5 Ma), by definition the basin width was reduced to zero (Fig. 6.12c).
This basin width reconstruction serves as a starting point for determining how the width
of a converging basin can be inferred from the stratigraphic record. Ultimately, such a re-
construction may serve as an interpretive tool for constraining the width of pre-collisional
basins based on changes in sedimentary facies and provenance.
6.8.4 Temporal links between collisional and sedimentary processes in
the Caucasus
Caucasus foreland basin stratigraphy, as well as thermochronometric, paleomagnetic, and
fault kinematic data constrain the progression from soft to hard collision and the sedi-
mentary response to the initiation of collision (Fig. 6.12). The timing of soft collision is
constrained by the stratigraphic record of the distal continental margin of the lower plate
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having upper plate detritus deposited onto it (e.g., DeCelles et al., 2014) as is observed in
our central foreland basin section, where soft collision is inferred to have occurred between
15 Ma and 8.5 Ma (Fig. 6.9c, 6.10c). Hard collision at∼5 Ma in the Caucasus is supported
by an increase in upper plate exhumation (Avdeev and Niemi, 2011), a decrease in con-
vergence rate (Austermann and Iaffaldano, 2013), and a kinematic reorganization with the
initiation of many faults throughout the Arabia-Eurasia collision zone (Allen et al., 2004,
Fig. 6.12b). Comparison of the timing of facies and provenance transitions (Section 6.8.1,
Fig. 6.12a) with the ages of soft and hard collision yields several insights. Soft collision
(event 1 in Fig. 6.12a) coincides with or is followed by shallowing and a transition to
terrestrial sedimentation (event 2 in Fig. 6.12a; Fig. 6.12c). Hard collision (events 1-3
in Fig. 6.12b) follows soft collision by 3.5 - 10 Myr. Hard collision coincides with the
establishment of erosional or non-depositional conditions in the foreland basin (event 3 in
Fig. 6.12a) and the development of an axial drainage network in the foreland basin (event
4 in Fig. 6.12a; Fig. 6.12c). Finally, hard collision is followed after 2 - 3 Myr by exposure
of upper-plate basement (event 5 in Fig. 6.12a).
The coincidence of hard collision with the establishment of erosional or non-depositional
conditions in the foreland basin and integration of an axial drainage network is striking. As-
suming that hard collision is most precisely dated using the thermochronometric record of
upper plate exhumation in the Greater Caucasus (Avdeev and Niemi, 2011, 5 Ma), then the
establishment of erosional foreland basin conditions and a foreland axial drainage network
(5.5 Ma) occurred within 0.5 Myr of hard collision. A more conservative view is that hard
collision occurred 5 ± 2 Ma, the time frame over which a kinematic reorganization oc-
curred over the entire Arabia-Eurasia collision zone in which slip on many presently active
faults within the collision zone began (Allen et al., 2004). If it is assumed that hard colli-
sion began sometime within the age range 5± 2 Ma, then the temporal offset between hard
collision and foreland basin erosion/non-deposition is less than or approximately equal to
the range of uncertainty in the age of hard collision.
6.8.5 Implications for other collisional orogens
The provenance and lithology of Caucasus foreland-basin sediments are temporally cor-
related with changes in basin width and the initiation of collision (Fig. 6.12), and these
correlations can potentially be used predictively in other orogens. The transition from sub-
duction to collision initiates a series of sedimentary responses (Fig. 6.12) that occur in a
specific order, consistent with predictions based on a generalized model of collision (Fig.
6.1). Earliest deposition of upper plate detritus onto the lower plate continental margin (soft
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collision) occurs before or synchronously with the arrival of coarse detritus and a transition
to nonmarine conditions, when the basin is 20 - 125 km wide, 3.5 - 10 Myr before hard
collision. The exact timing of the delay between soft and hard collision is likely to vary
with convergence rate and geometry of transitional lithosphere in the collision zone (e.g.,
van Hinsbergen et al., 2012). Hard collision (events 1-3 in Fig. 6.12b) can be identified
by the transition to erosional conditions in the foreland basin between two converging con-
tinents (event 3 in Fig. 6.12a), together with the formation of an axial drainage network
in the foreland basin (event 4 in Fig. 6.12a), which can be recognized by a mixture of
sediments sourced from both the upper plate and lower plate. Detritus from deeper crustal
levels of the upper plate reaches the foreland basin several million years after hard collision
(event 5 in Fig. 6.12a), likely reflecting increasing upper plate exhumation rates following
hard collision (e.g., Avdeev and Niemi, 2011). The compositional effects of accelerated
upper plate erosion on foreland basin sediment will vary based on the crustal structure and
lithology of the orogen. Perhaps the most important implication of our analysis is the close
temporal correspondence between hard collision, the establishment of erosional foreland
basin conditions, and formation of axial drainage networks in the foreland basin, which
should permit more accurate dating of hard collision in mature collisional orogens.
Accurately dating the transition from soft to hard collision in mature orogens is criti-
cally important for crustal mass balance and for understanding how collision affects plate
kinematics, topography, climate, ocean circulation, and other aspects of the Earth system
(Patriat and Achache, 1984; England and Houseman, 1986; Edmond, 1992; Molnar et al.,
2010; DeCelles et al., 2014; Zhuang et al., 2015; Ingalls et al., 2016). For instance, the
India-Asia collision has been hypothesized to have caused changes in topography (England
and Houseman, 1986; Dupont-Nivet et al., 2008), global climate (Raymo and Ruddiman,
1992), and species dispersal (Jaeger et al., 1989). Testing these hypotheses requires accu-
rate estimates of the timing of collision, but there has thus far been significant disagreement
between such estimates (e.g., DeCelles et al., 2004; Hu et al., 2012; van Hinsbergen et al.,
2012; DeCelles et al., 2014; Wu et al., 2014; Hu et al., 2015; Zhuang et al., 2015). In ad-
dition, shortening reconstructions of orogens depend significantly on the mass flux into the
orogen, which is strongly affected by the timing of the transition from oceanic lithosphere
subduction to collision with the lower plate continent (van Hinsbergen et al., 2012; Cowgill
et al., 2016). Our observations of the sedimentary response to soft and hard collision in the
Caucasus may provide new insight into the collisional histories of mature orogens, permit-
ting more accurate tectonic reconstructions and tests of hypothesized effects of collision.
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6.9 Conclusions
We present new detrital zircon U-Pb age data from the Caucasus that grant insight into the
sedimentary response to initial collision, which began recently and is ongoing. By combin-
ing new detrital zircon sediment provenance with published stratigraphy, thermochrono-
metric, paleomagnetic, and fault-kinematic data from the Caucasus and surrounding re-
gions, we construct a timeline of the transition from subduction to collision and its strati-
graphic record. We find evidence of soft collision in the form of deposition of upper-plate
detritus onto the lower plate continental margin at 15 - 8.5 Ma. Hard collision with accel-
erated upper plate exhumation and decreasing plate convergence rates at 5 Ma is marked
in the stratigraphic record by the establishment of erosional foreland basin conditions and
the formation of an axial drainage network in the foreland basin. Our results establish a
framework for how the evolution of incipient collision is recorded in stratigraphy. This
framework may be useful for more accurately inferring the timing of soft to hard collision
in ancient collisional orogens from stratigraphic records.
Our detrital zircon U-Pb data also provide new constraints on the crystallization his-
tories of Scythia, which is inferred to be the source of the Greater Caucasus siliciclas-
tic sequence; the Greater Caucasus basement; and the Transcaucasus basement. Whereas
Scythia and the Greater Caucasus basement share major, sub-equal detrital zircon age peaks
centered on 450 Ma and 300 Ma, the Transcaucasus basement lacks the 450 Ma age peak.
Scythia, the Greater Caucasus basement, and the Transcaucasus basement all contain zir-
cons of 900-600 Ma inferred to reflect crystallization on Gondwana during the Pan-African
orogeny, suggesting that all three domains are exotic to Eurasia. Our data support tectonic
reconstructions that place terrane boundaries between Scythia and Eurasia and between the
Greater Caucasus basement and Transcaucasus basement.
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CHAPTER 7
Structural and Thermochronometric Data
Provide Insight into Strain Accommodation
within an Active Accretionary Prism, the
Eastern Greater Caucasus
Abstract
Accretionary prisms are ubiquitous at convergent plate margins and deform internally to
maintain a critical taper angle. The mechanisms of internal deformation within accre-
tionary prisms remain poorly characterized, however, in part because of the submarine
setting of most active accretionary prisms. We present new geologic mapping, structural
measurements, and thermochronometry data from transects across an active, sub-aerially
exposed accretionary prism, the Eastern Greater Caucasus of western Asia. Folding, small-
offset thrust faults, and minor compressional volume loss are inferred to have accommo-
dated all tectonic convergence (∼120 km) across the plate boundary. Cumulative offset on
the basal detachment increases from zero at the toe of the prism to 120 km beneath the
retro-wedge limit of prism deformation. Our observations document pervasive folding and
small-offset thrusting within the turbiditic lithologies at the core of the range, as well as
accretion of a tectonic sliver consisting of the entire sedimentary sequence of the lower
plate. Thermochronometry data and cross-cutting relationships between major faults and
syn-orogenic sediments indicate that this accretion occurred prior to 6 Ma. Deformation of
the prism core by folding continued after this accretionary episode and is likely ongoing.
Together, our data suggest that out-of-sequence folding accommodates a significant portion
of the internal deformation required for an accretionary prism to maintain critical taper.
Our data also have implications for the evolution of the Arabia-Eurasia collision zone.
We infer a difference in cumulative shortening between the western to central-eastern seg-
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ments of the Greater Caucasus, which has accommodated >200 km shortening and began
deforming ∼35 Ma, and the Eastern Greater Caucasus, Alborz, and South Caspian Basin,
which accommodate ∼120 km shortening and began to deform 12-10 Ma. This difference
in shortening suggests slip on an orogen-scale, right-lateral strike-slip fault that intersects
with the central to eastern segment of the Greater Caucasus and was active from 35 Ma or
earlier until 12-10 Ma or later. Candidate structures include the previously described West
Caspian Fault and Arax Fault.
7.1 Introduction
Accretionary prisms are deforming wedges of marine sedimentary rocks that accommodate
compressional strain above subduction zones and contain important records of convergent
tectonic motion (e.g., Leggett et al., 1979; Sample and Fisher, 1986; Ghisetti et al., 2016).
Because of the brittle rheology of upper crustal rocks, accretionary-prism growth can be
modeled as a critically-tapered Coulomb wedge, in which thickening of the prism by inter-
nal deformation and growth by accretion of new material act to maintain a constant, critical
taper angle in the prism (Davis et al., 1983; Moore and Silver, 1987; Morley, 1988).
Although accretion of new material to prisms through offscraping and underplating
has been well described, the mechanisms of internal prism thickening remain poorly con-
strained (e.g., Platt et al., 1985; Sample and Fisher, 1986; Moore and Silver, 1987). Know-
ing how strain is accommodated within an accretionary prism is vital to understanding
how convergent strain is partitioned in convergent plate boundaries (e.g., Mulugeta and
Koyi, 1992), how tectonic convergence can be inferred from the geologic record, and what
hazards that are posed by accretionary prism deformation processes (e.g., Ito and Obara,
2006). The submarine setting of most active accretionary prisms (e.g., Moore and Sil-
ver, 1987; Moore and Saffer, 2001; Ghisetti et al., 2016) restricts extensive study of their
interiors. On the other hand, accretionary prisms preserved in the geologic record are of-
ten deeply exhumed, highly deformed, and/or no longer active (e.g., Leggett et al., 1979;
Sample and Fisher, 1986; Pound et al., 2014). Thus, studies of well-preserved and active
accretionary prisms in which internal deformation can be observed are rare.
Here, we present a structural and thermochronometric study of strain accommodation
in the Eastern Greater Caucasus orogen of western Asia, which is inferred to be an ac-
tive accretionary prism from its setting above a subduction zone accommodating 10-12
mm/yr convergence (Fig. 7.1; e.g., Reilinger et al., 2006; Kadirov et al., 2012; Mellors
et al., 2012; Kadirov et al., 2015; Mumladze et al., 2015) and its composition of predomi-
nantly marine sedimentary rocks (e.g., Nalivkin, 1976; Bairamov et al., 2008). Our dataset
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Figure 7.1: (a) The Greater Caucasus is a WNW-trending mountain belt in western Asia
that accommodates NNE-directed shortening. Schematic geology is shown following the
key in (b). White annotation shows geodetic convergence rates and the along-strike extent
of a subducting slab inferred beneath the range from deep earthquakes (Mumladze et al.,
2015). Political boundaries and country names are shown in yellow. Inset map shows
location of the panel in red. The red box in the panel shows the extent of (b). (b) The study
area is located in the Eastern Greater Caucasus. Schematic geology is shown using the
same symbology as in (a). White polygons show extents of structural mapping transects
(Fig. 7.2). New and existing (Bochud, 2011, Avdeev, unpublished) thermochronometric
ages are shown using black circles, with ages displayed in text boxes following the legend
shown in the lower righthand corner.
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Figure 7.2: New geologic swath maps across the Eastern Greater Caucasus. The full-size
version can be accessed at https://doi.org/10.7302/gc06-q290.
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consists of multiple structural geologic mapping transects that together traverse the entire
orogen across strike, and thermochronometric ages of the apatite and zircon (U-Th)/He
systems and the apatite fission track system (Figs. 7.1, 7.2). Using this dataset, we de-
velop a comprehensive structural model of the range that allows us to infer the mechanisms
by which strain is accommodated within the Eastern Greater Caucasus accretionary prism.
Our thermochronometric data constrain exhumation depth and timing across the range,
which we use to infer the temporal evolution of deformation. We use the structural model
and the constraints from thermochronometry to address the mechanisms of internal thick-
ening within the prism, the partitioning of strain between the prism interior and the basal
detachment (megathrust), and prism growth. The insight provided by our data has impli-
cations for deformation processes, recording of convergent strain, and hazards associated
with accretionary prisms generally.
7.2 Geological Background
The WNW-striking Greater Caucasus orogen is located within the Arabia-Eurasia colli-
sion zone and accommodates convergence between Eurasia to the north and the Lesser
Caucasus microcontinent to the south (Fig. 7.1a; Zonenshain and Le Pichon, 1986; Philip
et al., 1989; Vincent et al., 2007; Adamia et al., 2011a; Cowgill et al., 2016; Vincent et al.,
2016). The orogen is inferred from geological and geophysical data to be in the process
of transitioning from subduction to collision (Mumladze et al., 2015; Cowgill et al., 2016,
Tye et al., submitted). Deep earthquakes suggest the presence of a subducting slab be-
neath the Eastern Greater Caucasus (Fig. 7.1a; Mellors et al., 2012; Mumladze et al., 2015)
and geodetic convergence rates indicate that 10-12 mm/yr of shortening is accommodated
in the Eastern Greater Caucasus, while 4 mm/yr is accommodated in the western part of
the orogen (Fig. 7.1a; Reilinger et al., 2006; Kadirov et al., 2012, 2015; Sokhadze et al.,
2018). These deep earthquakes and geodetic convergence rates have been interpreted to
suggest that collision has begun in the western part of the orogen while active subduction
continues in the Eastern Greater Cauacasus (Mumladze et al., 2015). Large magnitude (po-
tentially M9) earthquakes with complex ruptures have been inferred from historic records
in the Eastern Greater Caucasus, where subduction is inferred to be active (Nikonov, 1982;
Berberian, 1997).
The subject of this study is the Eastern Greater Caucasus at the eastern end of the orogen
(Fig. 7.1b). Exposed bedrock of the Eastern Greater Caucasus consists entirely of Middle
Jurassic and younger sedimentary rocks (e.g., Nalivkin, 1976). The exposed lithologies
include (1) a broadly regressive Cenozoic sequence exposed on the margins of the range
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that transitions from Eocene to Miocene turbidites to Pliocene to Quaternary sandstones
and conglomerates; (2) the Mesozoic Vandam Zone sequence, which outcrops along the
southern margin of the orogen and contains a highly competent series of volcaniclastic
sandstone beds; (3) a Mesozoic passive margin sequence exposed over the majority of
the range that is composed predominantly of thinly-bedded turbidites and also includes
a platform carbonate system exposed on the north side of the range toward the interior
of the upper plate (Figs. 7.1, 7.2; e.g., Nalivkin, 1976; Bochud, 2011; Alizadeh et al.,
2016). The thinly-bedded turbidites that constitute the bulk of the orogen are lithologically
and mechanically typical of the rocks incorporated into accretionary prisms (e.g., Moore,
1989). Thus, the Eastern Greater Caucasus is a natural example of an active accretionary
prism above a subduction zone.
Several lines of evidence constrain the total magnitude of convergence accommodated
within the Eastern Greater Caucasus. Paleomagnetic vertical axis rotations from samples
located on the lower plate of the Greater Caucasus subduction system in the Pontides,
Lesser Caucasus, Talysh, and Alborz mountains have been interpreted to suggest that a total
of∼120 km of across-strike shortening has been accommodated within the Eastern Greater
Caucasus (van der Boon et al., 2018). Such a magnitude of convergence is consistent with
the down-dip extent of the subducting slab beneath the Apsheron Sill, located along-strike
to the east of the Eastern Greater Caucasus inferred from seismic experiments (Green et al.,
2009). Deep earthquakes beneath the Eastern Greater Caucasus are confined to <60 km
depth (Mumladze et al., 2015), which is also broadly consistent with a moderately dipping
slab of 120 km down-dip extent. No structural shortening estimates exist for the Eastern
Greater Caucasus, and constraining the proportion of inferred tectonic convergence that is
accommodated by upper-plate shortening is a goal of this study.
7.3 Methods
In order to constrain the magnitude, style, and timing of deformation within the active ac-
cretionary prism of the Eastern Greater Caucasus, this study uses a combination of geologic
mapping, construction of balanced geological cross sections, and thermochronometry.
7.3.1 Geologic mapping and cross-section construction
Geologic mapping was conducted from 2016 to 2017 across the range at the 1 : 50, 000
scale in four swath transects that together span the across-strike extent of the Eastern
Greater Caucasus (Figs. 7.1, 7.2). Lithostratigraphic units were defined based on field ob-
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servations, and age determinations are based on biostratigraphic ages reported in previous
mapping studies of the region (Golubjatnikov and Dubogryzova, 1959; Voronin et al., 1959;
Khain and Shardanov, 1960; Nalivkin, 1976; Bairamov et al., 2008). Existing geochrono-
logic results from the region are in agreement with the reported biostratigraphic ages (e.g.,
Cowgill et al., 2016, Tye et al., submitted). Our mapping effort focuses on structural ob-
servations and that can constrain range-scale structural models.
Geologic cross sections were constructed based primarily on field mapping and struc-
tural measurements, with reference to prior studies (Golubjatnikov and Dubogryzova, 1959;
Voronin et al., 1959; Khain and Shardanov, 1960; Nalivkin, 1976; Bairamov et al., 2008;
Green et al., 2009; Bochud, 2011; Cowgill et al., 2016). Knowledge of unit thicknesses are
of primary importance for constructing cross sections, particularly for inferring the depth
of subsurface contacts and structures. We use unit thicknesses inferred from mapped near-
surface structural geometry, and our inferred thicknesses are consistent with previously re-
ported thickness constraints (Golubjatnikov and Dubogryzova, 1959; Voronin et al., 1959;
Khain and Shardanov, 1960; Nalivkin, 1976; Bairamov et al., 2008; Green et al., 2009;
Bochud, 2011). However, the lateral thickness and facies variations within the sedimen-
tary rocks that make up the Eastern Greater Caucasus, lack of undeformed sections, and
lack of publicly available subsurface data are sources of uncertainty, particularly for the
highly-deformed rocks at the core of the range (Golubjatnikov and Dubogryzova, 1959;
Voronin et al., 1959; Khain and Shardanov, 1960; Bairamov et al., 2008; Green et al., 2009;
Bochud, 2011). For simplicity, unit thicknesses are held constant within our cross sec-
tions, except where observations or thermochronometry data require otherwise. Therefore,
depths to contacts and structures displayed in the cross sections, particularly in the highly-
deformed core of the range, should not be regarded as definitive. Because we use a line
balancing approach to calculate horizontal shortening, where the deformed length of indi-
vidual beds or contacts are used to constrain shortening magnitudes and pre-deformation
structure, uncertainties in unit thickness should have minimal impact on estimated shorten-
ing.
Our cross sections are balanced using a graphical line-balancing approach whereby the
lengths of selected stratigraphic horizons are measured on a two-dimensional cross section
and all such measured horizons must be of equal length in the pre-deformation geometry
of the orogen (e.g., Dahlstrom, 1969; Suppe, 1983; Woodward et al., 1989; Suppe, 1990).
Because of the significant variability and uncertainty in thicknesses of deformed lithos-
tratigraphic packages of the Eastern Greater Caucasus, line balancing of cross sections
is likely to yield more accurate and precise shortening estimates than area balancing of




We use a combination of new and existing (Bochud, 2011, Avdeev, unpublished) ther-
mochronometry data to constrain the deformational history of the Eastern Greater Cau-
casus. New analyses are presented from thermochronometry samples that we collected
throughout the Eastern Greater Caucasus (Figs. 7.1, 7.2; Tables 7.1, 7.2, 7.3, 7.4). Ther-
mochronometric systems analyzed include (U-Th)/He in apatite (AHe; e.g., Farley, 2002;
Ehlers and Farley, 2003) and zircon (ZHe; e.g., Reiners et al., 2004; Reiners, 2005), as
well as fission track in apatite (AFT; Donelick et al., 2005). Nominal closure temperatures
for these systems range from ∼60 ◦C for the AHe system to ∼110 ◦C for the AFT system
and∼180 ◦C for the ZHe system (e.g., Reiners and Brandon, 2006), which together permit
inference of detailed cooling and exhumation histories. We present a total of 18 individual
samples (Table 7.1), eight of which are from two vertical transects, comprising 62 AHe
analyses (Table 7.2), 8 AFT analyses (Table 7.4), and 6 ZHe analyses (Table 7.3). Mineral
separations were performed using standard mechanical, magnetic, and density separation
techniques at the University of Michigan. New AHe and ZHe analyses were conducted at
the University of Michigan (He analyses) and the University of Arizona (ICP-MS analyses),
and AFT data were collected at the University of Arizona. Pre-existing AHe and AFT data
(Avdeev, unpublished) were collected at Caltech and Apatite to Zircon, Inc., respectively.
In order to enhance interpretation of the thermochronometry data, two modeling ap-
proaches are applied to the data. For selected samples, we use a Bayesian inverse thermal
modeling method, implemented in the program ‘QTQt’, to determine permissible cooling
histories consistent with measured ages from multiple thermochronometric systems (Gal-
lagher, 2012). In addition, we find evidence of post-cooling folding in strata from which
we collected two vertical transects in the Eastern Greater Caucasus, and we use a simple
model to investigate the effects of post-cooling rotation of sampled strata on the apparent
age-elevation relationship of the samples. In the model, the samples are treated as being
attached to a rigid block that has been rotated about a horizontal axis parallel to range
strike by an unknown angle following complete closure (cooling) of all thermochronomet-
ric systems. Different candidate rotation angles yield different slopes of the relationship
between age and present (post-rotation) elevation of the samples. Because the slope of the
age-elevation relationship is mathematically equivalent to a vertical exhumation rate (e.g.,
Brandon et al., 1998; Farley et al., 2001), we are able to use independent constraints on
exhumation rate to constrain the post-cooling rotation undergone by the sampled rocks and
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H5 48.17775937 41.1447223 2806 Turbidite ss 17HAP02
H4 48.18026187 41.15102436 2539 Turbidite ss 17HAP03
H3 48.1932959 41.15053457 2284 Turbidite ss 17HAP04
H2 48.21016171 41.14282649 1964 Turbidite ss 17HAP05
H1 48.21690897 41.1397564 1796 Turbidite ss 17HAP06
S1 48.04431427 41.10641537 2556 Turbidite ss 16XIN04
S3 48.00682881 41.10642568 3251 Turbidite ss 16XIN07
S2 48.02790326 41.10100003 3017 Turbidite ss 16XIN08
L1 48.366586 40.84032 1173 Volcaniclastic ss AB0867
L2 48.353808 40.841153 1188 Volcaniclastic ss AZ0605
L3 48.345823 40.841128 1098 Volcaniclastic ss AB0866
L4 48.339746 40.838003 1101 Volcaniclastic ss AB0855
L5 48.334866 40.837371 1138 Volcaniclastic ss AB0862
L6 48.307258 40.819571 1082 Volcaniclastic ss AB0856
N1 48.071838 41.21152 2558 Turbidite ss AB0890
N2 48.592548 41.048605 1176 Turbidite ss AZ0619
N3 48.265042 41.206848 1622 Turbidite ss AZ0620
N4 48.643753 41.011043 1259 Turbidite ss AB0888
Table 7.1: Names and locations of thermochronometry samples. Sample name is how the
sample is referred to in figures and discussion here, whereas collection ID is the original
name designated upon field collection. Positive longitudes are east and positive latitudes


































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































H3 20 8.21 1.08 0.99 - -
H5 20 7.47 1.29 0.99 - -
S1 8 15.53 4.27 0.64 - -
S2 15 8.27 1.98 0.91 - -
S3 15 6.14 1.33 0.91 - -
L2 40 88.4 5.7 0.28 12.21 1.5
N1 39 14 1.6 0 12.56 2.23
N2 38 36.1 2.7 0 11.51 2.23
Table 7.4: Apatite fission track pooled sample ages. Individual grain data and track length
data is available at https://doi.org/10.7302/gkqx-rc70. pχ2 indicates the probability that
individual grain ages of a sample are accurately described by a single age component.
7.4 Structural and thermochronometric results and inter-
pretation
New structural and thermochronometry data from the Eastern Greater Caucasus constrain
the timing, magnitude, and means of accommodation of shortening within an active accre-
tionary prism. In describing the data, we proceed from south (the toe of the accretionary
prism) to north (the interior of the prism). We proceed in this order because shortening
inferred from the deformation of young and comparatively shallow crustal rocks at the toe
of the prism constrains the net slip on major structures that underlie the range. Considera-
tion of such constraints on net slip permits more accurate inference of subsurface structural
geometries in the interior of the prism. For each of several mapped transects that together
span the range across strike (Figs. 7.1, 7.2), we provide geological observations from the
range, present new and existing thermochronometry results (Bochud, 2011, Avdeev, unpub-
lished), make first-order structural interpretations, and describe the magnitude of horizontal
shortening required by our structural interpretations.
The Azerbaijan portion of the Eastern Greater Caucasus has been the subject of several
previous geological mapping investigations (e.g., Golubjatnikov and Dubogryzova, 1959;
Voronin et al., 1959; Khain and Shardanov, 1960; Nalivkin, 1976; Bairamov et al., 2008).
However, significant disagreements exist regarding the structural architecture of the range,
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including the locations and slip senses of major and minor faults (Khain and Shardanov,
1960; Nalivkin, 1976; Bairamov et al., 2008), and structural measurements are often not
well-documented. Ages assigned to our mapped lithostratigraphic packages are largely
based on biostratigraphic ages reported in prior mapping studies (Golubjatnikov and Dubo-
gryzova, 1959; Voronin et al., 1959; Khain and Shardanov, 1960; Nalivkin, 1976; Bairamov
et al., 2008). In some structurally complex areas, ambiguities introduced by differing con-
tact locations and uncertainties in which lithologies were sampled for biostratigraphic dat-
ing led to uncertainties in structural interpretations, though such cases are rare and do not
affect interpretations of the gross structural geometry of the range.
7.4.1 Agsu transect
The Agsu transect runs from the southern range boundary of the Eastern Greater Caucasus
about 15 km northeast into the range (Figs. 7.1, 7.2). Of our four mapping transects, the
exhumation depth of the Agsu transect is the least (Fig. 7.2), and the rocks exposed in
the transect are dominantly Cenozoic (Voronin et al., 1959; Khain and Shardanov, 1960;
Nalivkin, 1976).
7.4.1.1 Geological description
Several distinct lithologies and structural styles are observed within the transect (Fig. 7.2,
Agsu transect). Our observations within the transect are reported from south to north.
Exposed at the southern end of the transect is a sequence of predominantly coarse to
medium sandstones, with lenses of conglomerates and siltstones to clays, and channelized
bedforms (Fig. 7.2, Agsu transect). This sequence is reported as Pliocene to Quaternary
in age and includes sandstones associated with the Pliocene Productive Series, a regionally
extensive sandstone to conglomerate unit, (unit MPss; Fig. 7.2), as well as overlying strata
deposited during the early Quaternary Akchagylian regional stage (unit Qss1; Fig. 7.2)
and the overlying Apsheronian regional stage (unit Qss2; Fig. 7.2; Voronin et al., 1959;
Khain and Shardanov, 1960; Nalivkin, 1976). The sequence is dominantly south-younging
and overturned, with bedding orientations dipping moderately to steeply northward (Fig.
7.2, Agsu transect). The lack of elevated topography and exposed bedrock to the south of
this sequence suggests that foreland basin sedimentary strata are undisturbed to the south
and therefore that this overturned sequence is the northern limb of an overturned syncline.
An exception to the dominant bedding orientation within this sequence is a small anticline
observed in some of the youngest exposed strata, near the southern margin of exposed
bedrock of the range (Fig. 7.2, Agsu transect). The location of this small anticline is
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consistent with its formation in order to accommodate shortening within the core of the
overturned syncline of which these strata are part, potentially above an out-of-the-syncline
thrust (Dahlstrom, 1970; Butler, 1982).
To the north of the overturned, south-younging Pliocene to Quaternary sandstone se-
quence, the depth of exhumation increases. The Pliocene to Quaternary sequence is bounded
to its north by a major thrust fault of which it is the footwall. We call this fault the Agsu
thrust for convenience (Fig. 7.2, Agsu transect). In the hanging wall of the Agsu thrust is
a sequence of coarse sandstones to shales interpreted to be turbiditic of Eocene to Miocene
age, which are associated with the regionally extensive, dominantly flyschoid packages
of the Koun Suite and Maikop Series (unit EMtb; e.g., Voronin et al., 1959; Khain and
Shardanov, 1960; Nalivkin, 1976; Alizadeh et al., 2016). This sequence forms a coherent,
moderately north-dipping panel immediately to the north of the Agsu thrust, but further
to the north, the orientation of bedding planes becomes more variable, ranging between
moderate northward dip angles to steep southward dip angles (Fig. 7.2, Agsu transect).
Between the Agsu thrust and the northern end of the Agsu transect, this sequence is uncon-
formably overlain by conglomerates and sandstones in two localized areas (Fig. 7.2, Agsu
transect). In the southern of these two areas, the overlying deposits are of Quaternary age
(Akchagyl regional stage; Voronin et al., 1959; Nalivkin, 1976), whereas in the northern
area, the overlying deposits are of Late Miocene age (Pontian regional stage; Voronin et al.,
1959; Nalivkin, 1976). At the northern extent of the Agsu mapping transect, turbidites
of the Eocene to Miocene sequence (EMTb) are structurally overlain by thrusted Upper
Cretaceous marine sandstones (unit UKblss; Fig. 7.2, Agsu transect).
7.4.1.2 Structural interpretation
This transect permits us to make several first-order structural interpretations, which are
aided by a structural cross section constructed from the surface geology (Fig. 7.3). The
transect contains two major thrust faults, the Agsu thrust, which juxtaposes an Eocene to
Miocene turbidite sequence (EMtb) in the hanging wall against a Pliocene to Quaternary
sandstone sequence in the footwall (MPss, Qss1, Qss2); and the thrust at the northern end of
the transect that places Cretaceous marine sandstones (UKblss) over the Eocene to Miocene
shale-rich sequence (Fig. 7.2, Agsu transect; Fig. 7.3). In addition, the variable bedding
planes of the Eocene to Miocene turbidite sequence (EMtb) indicates significant deforma-
tion confined to this sequence. Here, we discuss the constraints the surface geology places
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Figure 7.3: Interpretive structural cross section of the Agsu transect (Fig. 7.2, Agsu panel).
Geologic units are as depicted in Figure 7.2. Dipticks show measured bedding planes,
projected from within 5 km from the line of section. A diptick with an open circle above
indicates an overturned bed. The two topographic profiles show the highest and lowest
topography within 5 km perpendicular to the line of section.
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7.4.1.2.1 Agsu thrust
Because there is no significant topography nor exposed bedrock to the south of the Agsu
transect, it is reasonable to conclude that the Agsu thrust, the southernmost major structure
of the Eastern Greater Caucasus at this longitude, is the range-bounding thrust. The pre-
dominantly moderate north dip (30-50◦ is typical) of sandstones and shales immediately to
the north of the Agsu thrust (Fig. 7.2, Agsu transect) is consistent with a moderate fault
dip (30◦ is depicted in Fig. 7.3). Assuming that the Agsu thrust soles into a subhorizontal
detachment at depth and that the Eocene to Miocene turbidite sequence (EMtb) that imme-
diately overlies the fault was deposited on a horizontal or low-gradient surface, the depth to
detachment is constrained by the thickness of overlying units preserved to the south to be
4-5 km (Voronin et al., 1959, Fig. 7.3). Such a depth is consistent with the range-bounding
structure geometry inferred ∼20 km to the west, where displacement on the structure has
caused the formation of a foreland basin fold and thrust belt (Forte et al., 2013, Fig. 7.1).
The geometry of the footwall is consistent with fault-propagation folding (Erslev, 1991, and
references therein), implying that displacement on the Agsu thrust has been limited. Such
an inference is supported by the geometries of the younger sandstones that unconformably
overlie the Eocene to Miocene shale sequence (Fig. 7.3). Limited displacement on the
Agsu thrust is also consistent with the inferred geometry of the range-bounding structure
beneath the foreland basin fold and thrust belt to the west, where the fault terminates in
fault-propagation folds and does not break the surface (Forte et al., 2013).
7.4.1.2.2 Northern thrust
The second major fault exposed in the Agsu transect is the fault that emplaces Upper Cre-
taceous marine sandstones (UKblss) over the shale-rich Eocene to Miocene turbidite se-
quence (EMtb). Vertical relations between these two units indicate unambiguously that the
Cretaceous strata are thrust over the younger rocks (Fig. 7.2, Agsu transect; Fig. 7.3).
The continuous exposure of Eocene and younger strata to the south of this fault indicates
that the transport direction of the fault is to the south. The Agsu transect contains only the
southernmost extent of the thrust sheet and the subsurface geometry of this thrust is dis-
cussed in conjunction with the Lahij transect, where surface geology constrains the thrust
geometry (Fig. 7.2, Agsu transect).
7.4.1.2.3 Internal deformation within the Eocene to Miocene turbidite sequence (EMtb)
The space between the two major faults of the Agsu transect is dominantly occupied by
the Eocene to Miocene turbidite sequence (EMtb; Fig. 7.3). The surface exposure of this
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sequence in the Agsu transect, combined with the inference that its stratigraphic base is
at least as deep as the 4-5 km deep detachment rooted into by the Agsu thrust, indicates
that the sequence has been tectonically thickened by a factor of 3-4 north of the Agsu
thrust (Fig. 7.3). Given the outcrop pattern observed in the Agsu transect, this thickening
must have occurred largely by faults and folds entirely confined to the Eocene to Miocene
turbidite sequence (Fig. 7.2, Agsu transect; Fig. 7.3). Figure 7.3 shows a combination of
imbricate faults that may have produced the inferred thickening of the sequence, although
these faults are not observed to break the surface. These faults are located along strike from
an antiformal stack above a decollement located in the same sequence to the west (Forte
et al., 2013), and an antiformal stack architecture within our Agsu transect would also be
consistent with the constraints from surface geology.
Taken together, several important structural inferences can be made from the Agsu tran-
sect. First, hanging-wall and footwall geometries suggest that the range- bounding structure
of the Eastern Greater Caucasus terminates in a fault-propagation fold and therefore has not
accommodated significant slip relative to the amount of shortening that is likely recorded
across the range. Second, the Eocene to Miocene turbidite sequence (EMtb) to the north
of the range-bounding fault has been tectonically thickened several times over by folds and
faults, though the exact structure is difficult to determine because of the poor exposure and
propensity for folding of this shale-rich sequence. Finally, the Eocene to Miocene turbidite
sequence is overlain by a thrust sheet transporting Upper Cretaceous marine sandstones
(UKblss) from the north.
7.4.1.3 Shortening estimate
We estimate the horizontal shortening required to produce our inferred structural geometry.
Because of the lack of consistent exposure of the Eocene to Miocene turbidite sequence
(EMtb; Fig. 7.2, Agsu transect), conducting a line-balanced estimate of structural short-
ening would be extremely difficult on this transect. Instead, for this transect we use an
area-balancing approach. Though area balancing carries significant uncertainties where
stratigraphic thicknesses are uncertain (e.g., Judge and Allmendinger, 2011), we feel that
an area-balancing approach is justified for this section because it is not structurally com-
plex (Fig. 7.3) and an independent estimate exists of the shortening accommodated by a
structurally analogous portion of the range located nearby along strike (Forte et al., 2013).
We perform an area balance on the Eocene to Miocene turbidite sequence (EMtb; Fig. 7.3),
finding that the cross sectional area occupied by the sequence is 61 km2 (Fig. 7.3). Given
the section length of 15.75 km (Fig. 7.3) and the reported sequence thickness of ∼1.85
km (Voronin et al., 1959), the measured cross sectional area of 61 km2 implies that at least
174
∼17 km of horizontal shortening is accommodated within the section. This magnitude is
consistent with the 18 km of shortening inferred in the structurally analogous portion of the
range 20 km to the west (Forte et al., 2013).
The amount of erosion in the transect is unknown and affects our shortening estimate.
The calculated shortening estimate is a minimum, and any eroded material that was re-
moved from the section would imply additional horizontal shortening. However, the fault-
propagation fold geometry of the range-bounding Agsu thrust, as well as the presence of
Upper Miocene and Lower Quaternary sedimentary deposits overlying deformed Eocene
to Miocene turbidites (Fig. 7.3) suggest that the amount of eroded Eocene to Miocene
turbiditic material is minor. If the projected extent of EMtb above modern ground level
(Fig. 7.3) is added to the area-balancing calculation, then 1 km of additional shortening is
implied. Therefore, the cross-sectional area of eroded material may affect our shortening
estimate by several km, but likely no more than that.
7.4.2 Lahij transect
The Lahij transect is located about 15 km northwest along strike from the northern extent
of the Agsu transect and extends from exposures of the Eocene to Miocene turbidite se-
quence (EMtb) along strike from the northern Agsu transect into the Mesozoic rocks of the
southern slope of the Eastern Greater Caucasus (Fig. 7.1; Fig. 7.2, Lahij transect). The
transect includes rocks of Middle Cretaceous to Miocene age (Khain and Shardanov, 1960;
Nalivkin, 1976; Bairamov et al., 2008).
7.4.2.1 Geological description
The Lahij transect contains several lithologically-distinct stratigraphic packages and is
structurally complex (Fig. 7.1; Fig. 7.2, Lahij transect). Of particular note within the tran-
sect are structurally nearly-adjacent sequences of the same age and very different litholo-
gies, suggesting significant displacement on faults within the transect. Again, we discuss
the geologic observations from this transect from south to north.
Proceeding from south to north within the transect, the first sequence encountered is
composed of dark gray, thinly bedded sandstones and shales mapped as Eocene to Miocene
(Khain and Shardanov, 1960; Nalivkin, 1976) and inferred to belong to the Eocene to
Miocene turbidite sequence (EMtb; Fig. 7.2, Lahij transect). Moving to the north, we
observed sandstone to shale and marl lithologies mapped as Upper Cretaceous to earli-
est Paleogene (Danian stage; Khain and Shardanov, 1960; Nalivkin, 1976). The observed
lithologies include a sequence of red to blue mudstones with 2-4 cm thick white to gray
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sandstones that have been chaotically folded and boudinaged, likely reflecting proximity
to a fault (UKrbfb), as well as stratigraphically- and structurally-overlying, white to gray
sandstone-shale sequences (UKblss; Fig. 7.2, Lahij transect). The fault-related disruption
of the stratigraphically lowest portion of this package suggests that the package is tectoni-
cally transported along a thrust fault. The southernmost exposures of the Upper Cretaceous
to Danian package in the Lahij transect is inferred to represent the southern margin of the
hanging wall of this thrust (Fig. 7.2, Lahij transect). This inferred thrust sheet has been pre-
viously referred to as the Basgal Nappe (e.g., Khain, 2007; Bochud, 2011; Alizadeh et al.,
2016). Inconsistent bedding geometries within the white to gray sandstone suggest folding
on 100 m to 1 km wavelengths (Fig. 7.2, Lahij transect).
Bedding orientations and observed lithologies to the north suggest that the thrust on
which the Basgal Nappe is transported breaks the surface to the north of the thrust sheet.
The northernmost measured exposure of the white to gray sandstone sequence (UKblss) in
this part of the range dips to the south (Fig. 7.2, Lahij transect). To the north of this outcrop,
chaotically folded and brecciated red and blue mudstones (UKrbfb) structurally overlie
dark gray shales with thin (2-4 cm) sandstone interbeds mapped as Eocene to Miocene
(EMtb), suggesting a thrust between the two sequences.
The stratigraphic package north of the Basgal nappe thrust sheet is broadly south dip-
ping and south younging. The Eocene to Miocene turbidite sequence (EMtb) directly be-
neath the thrust sheet has inconsistent bedding and is poorly exposed (Fig. 7.2, Lahij
transect). Directly to the north, a broadly south-dipping, locally folded sequence of thin,
blue gray sandstones to muddy carbonates mapped as Upper Cretaceous is exposed (UKvc;
Khain and Shardanov, 1960; Nalivkin, 1976, Fig. 7.2, Lahij transect). Moving to the north
within this broadly south-younging stratigraphic package, the next oldest lithology is a se-
quence of black to brown turbidites, thick bedded (>1 m) volcaniclastic sandstones, and
tuffs mapped as Middle Cretaceous (MKvvc; Khain and Shardanov, 1960; Nalivkin, 1976;
Kopp, 1985, Fig. 7.2, Lahij transect). This volcaniclastic sequence is bounded on the north
side by a fault, to the north of which is the stratigraphically underlying sequence, which
is composed of thinly bedded, calcareous gray sandstones and shales mapped as Lower
Cretaceous (Khain and Shardanov, 1960; Nalivkin, 1976, LKvcss). Bedding orientations
on both sides of the fault suggest a south directed thrust, in which the Lower Cretaceous
sequence constitutes the hanging wall and the Middle Cretaceous sequence is the footwall
(Fig. 7.2, Lahij transect), and the small stratigraphic offset across the fault indicates that net
displacement can be no more than several kilometers (Fig. 7.2, Lahij transect). Together,
these lithologies are referred to as the Vandam Zone (e.g., Kopp, 1985; Khain, 2007; Al-
izadeh et al., 2016). The Vandam Zone is a coherent tectonostratigraphic package that
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extends along the southern margin of the Eastern Greater Caucasus throughout Azerbaijan
(e.g., Kopp, 1985; Khain, 2007; Alizadeh et al., 2016).
To the north, the Vandam Zone sequences are deformed in an anticline-syncline pair.
The Lower Cretaceous calcareous sandstone-shale sequence (LKvcss) sits at the core of
a broad anticline, the southern limb of which extends to the Basgal nappe thrust sheet as
discussed above (Fig. 7.2, Lahij transect). To the north of the core of this anticline, bed-
ding planes dip to the north and the stratigraphic younging direction is northward. The
Lower Cretaceous calcareous sandstone-shale sequence (LKvcss) passes upward into the
Middle Cretaceous volcaniclastic sequence (MKvvc). Near the stratigraphic top of the vol-
caniclastic sequence is the core of a large syncline, to the north of which the volcaniclastic
sequence repeats in a subvertically-dipping panel with a southward stratigraphic younging
direction (Fig. 7.2, Lahij transect).
The Middle Cretaceous volcaniclastic sequence (MKvvc) is bounded to its north by a
fault, which divides this Cretaceous sequence from a thinly bedded sandstone-shale tur-
bidite sequence mapped as Eocene to Miocene (EMtb; Fig. 7.2, Lahij transect, Fig. 7.4a;
Khain and Shardanov, 1960; Nalivkin, 1976). The fault dips to the north, and the Eocene to
Miocene turbidite sequence (EMtb) is in the hanging wall and the Middle Cretaceous vol-
caniclastic sequence (MKvvc) is in the footwall, suggesting that this is a normal fault (Fig.
7.2, Lahij transect, Fig. 7.4a). To the north of this normal fault, the Eocene to Miocene
turbidite sequence is deformed in a series of close to isoclinal folds with wavelengths of
order 100 m to 1 km (Fig. 7.2, Lahij transect).
The Eocene to Miocene turbidite sequence (EMtb) is bounded on its northern margin
by chaotically folded red and blue mudstones with brecciated sandstone interlayers mapped
as Upper Cretaceous (UKrbfb; Fig. 7.2, Lahij transect; Fig. 7.4b; Khain and Shardanov,
1960; Nalivkin, 1976). These intensely deformed rocks are inferred to be proximal to a
fault, termed the Zangi thrust in the literature (e.g., Khain, 2007; Alizadeh et al., 2016).
These intensely deformed rocks are exposed over a band about 0.5 km wide across strike
(Fig. 7.2, Lahij transect).
To the north of the intensely deformed band associated with the Zangi thrust is a faulted
and folded, broadly south-younging tectonostratigraphic package consisting of sandstones
and shales mapped as Cretaceous (Fig. 7.2, Lahij transect; Khain and Shardanov, 1960;
Nalivkin, 1976). To the immediate north of the deformed red and blue mudstones is a
sequence of blue to white sandstones with cross bedding and load casts interbedded with
gray mudstones mapped as Upper Cretaceous (UKblss; Fig. 7.2, Lahij transect; Khain
and Shardanov, 1960; Nalivkin, 1976). To its north, this sequence is bordered by an in-
terval of chaotically folded red and blue mudstones with brecciated sandstone interlay-
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Figure 7.4: Photographs of several important field relations in the Eastern Greater Cauca-
sus. Approximate orientation is depicted in each photo and unit names are as in Figure 7.2.
(a) The northern margin of the Vandam Zone tectonostratigraphic package is bounded to
the north by a north dipping normal fault near the town of Lahij (Fig. 7.2, Lahij panel).
Dashed white lines are bedding planes. (b) Immediately structurally above the Zangi thrust
is a ∼0.5 – 1 km thick zone of chaotically folded red and blue shales with sandstone in-
terbeds that have been brecciated and boudinaged (Fig. 7.2, Lahij panel). Dashed white
lines show bedding planes. (c) Much of the southern slope of the Eastern Greater Caucasus
is dominated by close to tight asymmetric folds on 0.5 – 1 km wavelengths. Shown here
are folds in Lower Cretaceous turbidites (LKtb) at Babadag. (d) A steep angular uncon-
formity in the northern part of the range where Upper Jurassic massive carbonate (Jmc)
is unconformably overlain by Upper Cretaceous white sandstone (UKwss). Dashed lines
show bedding planes, solid lines show contacts. (e) A normal fault in the northern part of
the range juxtaposes Upper Jurassic massive carbonate (Jmc) in the footwall (FW) against
Lower Cretaceous bedded carbonate (LKbc) in the hanging wall (HW).
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ers similar to the lithology observed associated with the Zangi thrust (UKrbfb; Fig. 7.2,
Lahij transect). Beyond this deformed zone to the north is a broadly north-dipping and
north-younging panel consisting of a sequence of red and blue mudstones with thin sand-
stone interbeds mapped as Upper Cretaceous (UKrbsh; Fig. 7.2, Lahij transect; Khain and
Shardanov, 1960; Nalivkin, 1976) stratigraphically overlain by blue to white sandstones
with gray mudstone interlayers (UKblss; Fig. 7.2, Lahij transect; Khain and Shardanov,
1960; Nalivkin, 1976). To the north of this panel is a broadly south-younging package that
comprises from south to north an overturned, south-younging sequence of Upper Creta-
ceous red and blue mudstones (UKrbsh; Fig. 7.2, Lahij transect; Khain and Shardanov,
1960; Nalivkin, 1976); a blue to gray sandstone and shale sequence inferred from bedding
orientations and contacts to stratigraphically underlie the red and blue mudstones (MKrbsh;
Fig. 7.2, Lahij transect; Khain and Shardanov, 1960; Nalivkin, 1976); and a brown to black
turbiditic sandstone-shale sequence mapped as Lower Cretaceous with cross bedding, load
casts, and cone-in-cone structures (LKtb; Fig. 7.2, Lahij transect; Khain and Shardanov,
1960; Nalivkin, 1976). We note that because of the structural complexity of this tectonos-
tratigraphic package and the differing age and structural interpretations depicted on prior
geologic maps (e.g., Khain and Shardanov, 1960; Nalivkin, 1976), our understanding of
the stratigraphic order of Middle to Upper Cretaceous lithologies within this package is
somewhat uncertain. We address this uncertainty and its implications for deformation in
the range in the Structural Interpretation section.
7.4.2.2 Thermochronometric data
Thermochronometric ages are reported from six samples from the Lahij transect (Tables
7.1, 7.2, 7.3, 7.4; Fig. 7.2, Lahij transect; Avdeev, unpublished). All six samples were col-
lected from the Middle Cretaceous volcaniclastic sequence (MKvvc) of the Vandam Zone
in the central region of the transect (Fig. 7.2, Lahij transect). Analyzed apatites from this
volcaniclastic sequence have euhedral shapes and were likely derived from proximal ig-
neous sources. The AHe system was analyzed in all six samples, yielding sample mean
ages ranging between 1.5 and 4.0 Ma (Table 7.2; Fig. 7.2, Lahij transect; Avdeev, unpub-
lished). In sample L2, the AFT system was also analyzed, yielding an age of 88.4 ± 5.7
Ma (Table 7.4; Fig. 7.2, Lahij transect; Avdeev, unpublished). This age is similar to the
mapped Middle Cretaceous (Cenomanian) age of the rock (Khain and Shardanov, 1960),
as well as the age of detrital zircons derived from the volcaniclastic portions of the Van-
dam Zone (∼105 Ma; Tye et al., submitted), suggesting the AFT age corresponds to apatite
crystallization or cooling shortly thereafter.
We use thermal modeling to infer a set of time-temperature histories that are likely
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Sample S1Sample L2(a) (b)
Figure 7.5: Permissible time-temperature histories for thermochronometry samples L2
(Avdeev, unpublished; a) and S1 (b), inferred using the Bayesian inverse thermal modeling
software QTQt (Gallagher, 2012).
to have produced the observed thermochronometric ages in sample L2 (Gallagher, 2012),
which has an unreset AFT age and Pliocene to Quaternary AHe ages (Table 7.2; Fig. 7.5a).
The likely time-temperature paths indicated by thermal modeling of the sample are well
constrained and are characterized by burial from the middle Cretaceous until ∼6 Ma, with
subsequent cooling of ∼90◦ C (Fig. 7.5a). For geothermal gradients of 20 - 30◦ C, such
cooling equates to 3.0 – 4.5 km exhumation at an average rate of 0.50 – 0.75 mm/yr since
6 Ma. The cooling history of this Vandam Zone volcaniclastic (MKvvc) sample provides
an important constraint on the structural interpretation of the Lahij transect.
7.4.2.3 Structural interpretation
Several features of the Lahij transect are of significant structural importance. These in-
clude the Basgal nappe thrust sheet and the lithologic contrast between the Vandam Zone
tectonostratigraphic package and the northern tectonostratigraphic package exposed in the
Lahij transect. We first discuss these features, then explore their implications, together with
inferences from the Agsu transect, for the subsurface geometry of the Lahij transect (Fig.
7.6).
7.4.2.3.1 Basgal nappe thrust sheet
The Basgal nappe thrust sheet is bounded by a fault or faults that break the surface both to
the north and to the south south and juxtapose Upper Cretaceous sedimentary strata in the
hanging wall against Eocene to Miocene strata in the footwall (Fig. 7.2, Lahij transect). The
southern extent of the Basgal nappe thrust sheet in the Lahij transect is structurally contigu-
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Figure 7.6: Interpretive structural cross section of the Lahij transect (Fig. 7.2, Lahij panel).
Geologic units are as depicted in Figure 7.2, with the addition of Jv, the Jurassic sequence
of the Vandam Zone, which we did not encounter at the surface. Dipticks indicate measured
bedding orientations projected from within 5 km of the line of section, with an open circle
over a diptick indicating an overturned bed. The two topographic profiles show the highest
and lowest topography within 5 km perpendicular to the line of section.
181
strata at the northern end of the Agsu transect, indicating that the Basgal Nappe thrust sheet
is laterally continuous along strike (Fig. 7.2, Agsu transect; Khain and Shardanov, 1960;
Nalivkin, 1976). The lithologies of the Basgal nappe thrust sheet, which include Upper
Cretaceous red and blue mudstones contorted and brecciated by a structurally proximal
thrust fault (UKrbfb) and an overlying Upper Cretaceous sandstone-shale sequence (UK-
blss) correspond with the lithologies of Upper Cretaceous strata in the hanging wall of the
Zangi thrust, which also include chaotically deformed red and blue mudstones (UKrbfb)
and an overlying sandstone-shale sequence (UKblss; Fig. 7.2, Lahij transect, Fig. 7.4b;
Fig. 7.6). Therefore, one reasonable hypothesis is that the Basgal Nappe was transported
from the north along the Zangi thrust (Fig. 7.6). On the other hand, if the Basgal nappe
thrust sheet were not transported from the north, it would be expected to share the facies of
equivalently-aged rocks of the Vandam Zone, with which it is in structural contact. In the
Vandam Zone, the Upper Cretaceous is dominated by muddy carbonates (UKvc), and lacks
the distinctive red and blue mudstone sequence associated with both the Zangi thrust (Fig.
7.4b) and the Basgal Nappe (Fig. 7.2, Lahij transect). The lithologies of the Basgal Nappe
therefore reflect tectonic transport from north of the Vandam Zone sequences, likely along
the Zangi thrust (Fig. 7.6).
The structural geometry of the Basgal nappe thrust sheet also suggests derivation from
the north. Given the across-strike width of the Basgal nappe thrust sheet (Fig. 7.6) and
the structural thickness of the Eocene to Miocene strata it is thrust over (Figs. 7.3, 7.6),
unrealistically steep thrust faults (∼80◦ dip) would be required to uplift the thrust sheet
as a pop-up structure (Fig. 7.6). In contrast, the fault geometry implied by exposures in
the Agsu transect is largely subhorizontal (Fig. 7.2, Agsu transect; Figs. 7.3, 7.6). The
structural geometries and exhumation depth of the Cenozoic strata of the Agsu transect,
which can largely be extrapolated along strike to south of the Lahij transect, indicate that
the Basgal nappe could not have been transported northward from a location closer to the
southern toe of the range (Fig. 7.2, Agsu transect; Fig. 7.3). Thus, tectonic transport of the
Basgal nappe thrust sheet from the north is the most likely explanation for our observations,
and the basal fault of the thrust sheet is likely the southern extension of the Zangi thrust
(Fig. 7.6; e.g., Khain, 2007; Bochud, 2011; Alizadeh et al., 2016).
7.4.2.3.2 Lithologic contrast and structural relationship between Vandam Zone and
northern tectonostratigraphic packages
The broadly south-younging Cretaceous tectonostratigraphic package exposed at the north-
ern end of the Lahij transect is coeval with the Vandam Zone tectonostratigraphic pack-
age exposed to the south, though the two tectonostratigraphic packages differ greatly in
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lithology and structural style (Fig. 7.2, Lahij transect). The lithology of the northern
tectonostratigraphic package is characterized dominantly by thin (<10 cm) bedded tur-
biditic sandstone-shale sequences, and this tectonostratigraphic package deforms easily,
forming close to isoclinal folds of wavelengths ranging from 100m to 1 km and a large
number of small-displacement intraformational thrust faults (Fig. 7.2, Lahij transect). In
contrast, the Vandam Zone tectonostratigraphic package is cored by a sequence of thick (≤
5 m) bedded volcaniclastic sandstones and tuffs, and this sequence appears to limit folding
of the tectonostratigraphic package to 5 – 10 km wavelengths (Fig. 7.2, Lahij transect; Fig.
7.6). The volcaniclastic strata of the Vandam Zone are lithologically similar to Cretaceous
lithologies penetrated by scientific drilling in the Kura basin to the south of the Eastern
Greater Caucasus (Agabekov and Moshashvili, 1978) and Cretaceous rocks exposed in the
Lesser Caucasus (e.g., Kopp and Shcherba, 1985; Nalivkin, 1976). As will be discussed
later, the thin sandstone to mudstone strata exposed in the northern extent of the Lahij tran-
sect (Fig. 7.2, Lahij transect) are broadly similar to the lithologies exposed in the core of
the Eastern Greater Caucasus. Thus, the Lahij transect contains the contact between two
regionally extensive and lithologically distinct stratigraphic packages.
The lithological contrast between the northern tectonostratigraphic package of the Lahij
transect and the Vandam Zone tectonostratigraphic package suggests significant slip on
one or more of the structures that separate these two tectonostratigraphic packages. Two
structures separate the northern tectonostratigraphic package from the Vandam Zone: the
Zangi thrust and the normal fault that forms the northern boundary of the Vandam Zone
strata. The present distance between the southern margin of the Basgal nappe thrust sheet,
which belongs to the northern stratigraphic package, and the main exposure of the Zangi
thrust indicates greater than 15 km of slip on the Zangi thrust (Fig. 7.2, Lahij transect,
Fig. 7.6). In contrast, the steep dip of the normal fault that bounds the Vandam Zone,
combined with map thicknesses of offset units and footwall thermochronometry data that
suggest ∼3-4 km exhumation, limit net slip to <5 km. Thus, the significant lithologic
differences between the northern and Vandam Zone tectonostratigraphic packages can best
be explained as a product of the accumulation of significant slip on the Zangi thrust.
7.4.2.3.3 Subsurface structure of the Lahij transect
We infer a hypothesized subsurface structure of the Lahij transect (Fig. 7.6) based on
surface geology and constraints from the thermochronometry data presented above and
shortening estimates from the Agsu transect (Fig. 7.2, Agsu transect). The locations of
surface-breaking faults and surface and near-surface structures are well constrained due to
the bedrock exposure in the map area. Here, we discuss our inference of four aspects of
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the subsurface structure (Fig. 7.6): the variable thickness of the Eocene to Miocene tur-
bidite sequence (EMtb), the subsurface structure of the normal fault that forms the north-
ern boundary of exposed Vandam Zone, the duplication of the Vandam Zone stratigraphic
package, and the location of the footwall ramp beneath the Zangi thrust.
In our reconstruction, the depicted thickness of the Eocene to Miocene turbidite se-
quence (EMtb) is variable (Fig. 7.6). Inferred thickening of the sequence in the southern
portion of the transect is based on the depth to the base of the unit inferred from the Agsu
transect (Fig. 7.2, Agsu transect) and is attributed to structural duplication, similarly to
the Agsu transect (Fig. 7.3). Prior mapping in the area indicates a variable thickness of
the Eocene to Miocene turbidite sequence (EMtb) in the Lahij transect between the Basgal
nappe thrust sheet and the structurally underlying Vandam Zone (Khain and Shardanov,
1960; Nalivkin, 1976). Map thickness estimates of the sequence within our Lahij transect
range from 0.5 – 0.75 km at most (as depicted in Fig. 7.6) to complete absence of the
sequence in some areas (Khain and Shardanov, 1960; Nalivkin, 1976). This variation in
thickness has been attributed to erosion (e.g., Alizadeh et al., 2016), although an alternative
explanation is that the variable thickness is due to the structural removal of the sequence
along the thrust that emplaced the Basgal nappe thrust sheet. Whether the removal of some
of the Eocene to Miocene turbidite sequence (EMtb) beneath the Basgal nappe thrust sheet
is due to erosion or thrusting does not significantly impact our structural reconstruction of
the Eastern Greater Caucasus or shortening estimates.
A normal fault marks the northern boundary of surface exposures of the Vandam Zone
stratigraphic package (Fig. 7.2, Lahij transect; Fig. 7.6). The footwall of the fault is
a vertically-dipping, south-younging fold limb and is part of an asymmetric anticline-
syncline pair in which north-younging limbs dip moderately to the north and south-younging
limbs dip steeply to the south or are vertical to overturned (Fig. 7.2, Lahij transect; Fig.
7.6). This asymmetric fold geometry suggests generation by fault-propagation folding
above north dipping thrust faults (Suppe, 1990; Erslev, 1991). Thus, the observed north
dipping normal fault may be a reactivated thrust. If so, it is plausible that the hanging wall
of the fault returned to its original, pre-thrusting geometry (as shown in Fig. 7.6). Such a
scenario is depicted in our structural reconstruction (Fig. 7.6) because it is the geometri-
cally simplest scenario and is consistent with unit map thicknesses. Tectonic extension has
been observed in other accretionary prisms (e.g., Hosseini-Barzi and Talbot, 2003) and is
explored further in the Discussion section.
Subsurface duplication of the Vandam Zone tectonostratigraphic package is implied by
shortening estimates from portions of the range closer to the foreland that indicate∼20 km
of shortening occurred over a 4-5 km deep basal detachment (Fig. 7.2, Agsu transect; Fig.
184
7.3; Forte et al., 2013). A detachment depth of 4-5 km is consistent with a detachment
located beneath the Vandam Zone tectonostratigraphic package based on map thicknesses
(Fig. 7.6) and stratigraphic thickness estimates (Bochud, 2011). The estimate of ∼20
km shortening toward the foreland (Fig. 7.2, Agsu transect; Fig. 7.3; Forte et al., 2013)
indicates that the basal detachment must have at least 20 km of cumulative slip, requiring
the Vandam Zone package to have been structurally duplexed and to have slipped at least
20 km over itself. The surface geology suggests that a basal detachment hanging wall ramp
is located beneath and slightly to the north of the location of the Basgal nappe thrust sheet
(Fig. 7.6). The equivalent footwall ramp must be located to the north, 20 km plus any
hanging wall shortening in the Lahij transect. The footwall ramp is, therefore, to the north
of the Lahij transect and is not depicted on the transect structural reconstruction (Fig. 7.6).
The location of ramps and flats on the Zangi thrust is related to the displacement of
the Basgal nappe (Fig. 7.6). Based on the lithologically similar Upper Cretaceous strata
exposed immediately above the Zangi thrust and within the Basgal nappe thrust sheet, we
infer that the Basgal nappe thrust sheet was transported along the Zangi thrust (Fig. 7.6).
Given the distance between the northern exposure of the Zangi thrust and the Basgal nappe,
as well as the geometries of folds in the intervening Vandam Zone package that the thrust
would have overlain, we infer that at least 24 km of slip on the Zangi thrust is implied. At
the southern edge of the Basgal nappe thrust sheet, the distinctive chaotically folded red
and blue mudstone sequence (UKrbfb) does not extend as far to the south as the overlying
gray sandstone-shale sequence (UKblss), and we interpret this geometry as representing a
hanging wall ramp. Given the minimum slip estimate of 24 km, the associated footwall
ramp would be located in the northern portion of the Lahij transect (Fig. 7.6). However,
based on the constraints provided by the Lahij transect outlined here, the footwall could be
located further to the north, which would increase the amount of cumulative slip that must
have occurred along the Zangi thrust. Because of the pervasive short-wavelength folding
and faulting within the Lower to Upper Cretaceous strata of the Zangi thrust hanging wall
(Fig. 7.2, Lahij transect; Fig. 7.6), it is difficult to use the geometry of surface exposures to
determine the location of the footwall ramp associated with the Basgal nappe thrust sheet.
The location of the ramp is constrained by other observations within the core of the range
that are discussed and synthesized later.
7.4.2.4 Shortening estimate
Deformation within the Lahij transect yields constraints on the shortening accommodated
by both the basal decollement of the range and the Zangi thrust (Fig. 7.6). The Vandam
Zone tectonostratigraphic package is deformed by faults and folds in the southern to central
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portion of the Lahij transect (Fig. 7.2, Lahij transect; Fig. 7.6). Line balancing of contacts
within the Vandam Zone tectonostratigraphic package indicates∼4 km of shortening is ac-
commodated by faulting and folding within the Lahij transect. Given shortening estimates
of 20 km to the south (Fig. 7.2, Agsu transect; Fig. 7.3; Forte et al., 2013), our results indi-
cate that a total of∼24 km shortening is accommodated structurally below the Zangi thrust
and above the basal detachment between the Lahij transect and the southern range front.
This shortening is accommodated by slip along the basal detachment. Above the Zangi
thrust, the structural reconstruction inferred here indicates that at least 24 km of shortening
was accommodated by south-directed thrusting of the Basgal nappe thrust sheet. Folding
of the middle Cretaceous strata at the northern end of the transect accounts for another 2.5
km of shortening, indicating that at least 26.5 km of shortening has been accommodated by
slip on the Zangi thrust.
7.4.3 Salavat Transect
The Salavat transect is located about 40 km northwest along strike from the Lahij transect
and extends across the entire range (Fig. 7.1; Fig. 7.2, Salavat panel). The transect extends
from exposures of the Vandam Zone tectonostratigraphic package in the south, across the
Jurassic core of the range, and to Jurassic and Cretaceous carbonates exposed on the north-
ern slope of the Eastern Greater Caucasus (Fig. 7.1; Fig. 7.2, Salavat panel; Nalivkin, 1976;
Bairamov et al., 2008). In order to facilitate reporting of results from this transect, the tran-
sect is broken down into southern, central, and northern segments that are distinguished in
the sections covering geologic descriptions, thermochronometry, structural interpretations,
and shortening estimates. We report on these three segments in order from south to north.
7.4.3.1 Geological description
7.4.3.1.1 Southern segment
The southern segment of the Salavat transect extends from the vicinity of Gabala in the
south to immediately south of Salavat Pass in the north (Fig. 7.1; Fig. 7.2, Salavat panel).
Here, we report the observed lithologies in order from south to north.
The southernmost observed exposures are of the Lower Cretaceous calcareous sand-
stones (LKvcss) and middle Cretaceous volcaniclastic sandstones (MKvvc) of the Vandam
Zone (Fig. 7.2, Salavat panel; Nalivkin, 1976). These exposures are lithologically similar
to the equivalent units in the Lahij transect (Fig. 7.2, Lahij panel). The Vandam Zone
tectonostratigraphic package observed here is folded. An anticline is inferred from ex-
posures of the Lower Cretaceous calcareous sandstone sequence (LKvcss) observed near
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the southern margin of the transect, which reveal a southern limb that is overturned and
south-younging and a northern limb that dips moderately (30 - 60◦) to the north (Fig. 7.2,
Salavat panel). The stratigraphically overlying middle Cretaceous volcaniclastic sequence
(MKvvc) is observed to the north, upsection within the northern limb of the anticline. To
the north of these north dipping exposures of the middle Cretaceous volcaniclastic sequene
(MKvvc), observations are limited. Previous mapping indicates that a syncline is centered
in the middle Cretaceous (Nalivkin, 1976), which is broadly consistent with our observa-
tions and is a good match to the structure exposed along strike in the Lahij transect (Fig.
7.2, Lahij panel; Fig. 7.6).
To the north of the exposures of the Vandam Zone tectonostratigraphic sequence, a se-
quence of thin bedded (∼10 cm), locally calcareous, brown to gray turbidites mapped as
Lower Cretaceous (LKtb) is exposed (Fig. 7.2, Salavat panel; Nalivkin, 1976; Bairamov
et al., 2008). This sequence is deformed in tight to isoclinal, asymmetric folds of wave-
length 0.5 to 1 km in which south-younging limbs are often vertical or overturned (Fig.
7.2, Salavat panel). This sequence is similar lithologically and structurally to exposures
along strike to the east in the northern portion of the Lahij transect above the Zangi thrust
(Fig. 7.2, Lahij panel). A particularly well-exposed section is visible on the flank of Mt.
Babadag (Fig. 7.4c; location of Babadag shown in Fig. 7.1). It is also likely that the Lower
Cretaceous turbidite sequence (LKtb) is deformed by many small-offset thrust faults, as is
observed in the Lahij transect (Fig. 7.2, Lahij panel). Though the contact between the Van-
dam Zone stratigraphic package (LKvcss, MKvvc) and the northern stratigraphic package
(LKtb) is not well-exposed along the southern segment of the Salavat transect, exposures
along strike in the Lahij transect of equivalent lithology and gross structural geometry (Fig.
7.2, Lahij panel; Fig. 7.6) suggest that the two stratigraphic packages are likely to be sep-
arated by a north dipping normal fault (Fig. 7.2, Salavat panel). The Lower Cretaceous
brown to gray turbidite sequence (LKtb) is exposed over a length of ∼5 km across strike
on the southern margin of the range.
To the north of the Lower Cretaceous turbidite sequence (LKtb) is a sequence of cal-
careous turbidites mapped as Upper Jurassic (Jctb; Fig. 7.2, Salavat panel; Nalivkin, 1976).
These turbidites are distinguished by their light gray color and the resistance and conchoidal
fracture of the fine grained beds, suggesting incorporation of carbonate mud. The Upper
Jurassic calcareous turbidite sequence (Jctb) deforms in a similar fashion to the Lower Cre-
taceous turbidite sequence (LKtb), with asymmetric folds that have steeper to overturned
south-younging limbs and wavelengths of 0.5 – 1 km (Fig. 7.2, Salavat panel).
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7.4.3.1.2 Central segment
The central segment of the Salavat transect extends from just south of Salavat Pass to north
of the town of Xinaliq on the northern slope of the Eastern Greater Caucasus (Fig. 7.1; Fig.
7.2, Salavat panel). Again, we report geologic observations from south to north.
At the southern end of the central segment is the contact between the Upper Jurassic
calcareous turbidite sequence to the south (Jctb) and a black to dark brown, organic-rich
turbidite sequence to the north mapped as Middle Jurassic (Jotb; Fig. 7.2, Salavat panel).
Middle Jurassic, organic-rich turbidites are exposed over the entire central segment of the
Salavat transect except at its extreme northern margin (Fig. 7.2, Salavat panel). The se-
quence is pervasively deformed, with bedding planes indicating moderate to isoclinal folds
(interlimb angles <90◦) that may be symmetric or asymmetric, with typical wavelengths
of 0.5 – 1 km. The sequence is cut by many small-offset, intraformational thrust faults that
can only be definitively observed in areas of extremely good exposure (Fig. 7.2, Salavat
panel). The thicknesses of sandstone beds in the sequence is variable from 2-10 cm, which
is typical, to∼5 m, which is very rare. However, bedding thicknesses appear to be laterally
variable such that particularly thick sand beds cannot be used to correlate sections across
strike. A particularly large wavelength fold (∼10 km) that can be traced between multi-
ple river valleys in the northern part of the transect is cored by a >5 m thick sandstone
bed, suggesting that fold wavelength is largely controlled by the thickness of overlying and
underlying sandstone layers.
At the northern extent of the central segment of the Salavat transect, the Middle Juras-
sic, organic-rich turbidite lithology is in contact with a massive wackestone to grainstone
carbonate sequence mapped as Upper Jurassic (Jmc; Fig. 7.2, Salavat panel). This contact
has been mapped as an unconformity and as a fault (Khain and Shardanov, 1960; Nalivkin,
1976; Bairamov et al., 2008; Bochud, 2011). Locally concentrated chaotic folding and ox-
idation of the Middle Jurassic organic-rich turbidite sequence (Jotb) suggests the contact is
a fault (Fig. 7.2, Salavat panel). The Jurassic massive carbonate (Jmc) dips steeply to the
north (Fig. 7.2, Salavat panel).
7.4.3.1.3 Northern segment
The northern segment of the Salavat transect extends from the vicinity of the village of Jek,
which is located northeast of Xinaliq, northward to the town of Kusnatqazma (Fig. 7.1;
Fig. 7.2, Salavat panel). Exposures within the segment range from the Jurassic organic-
rich turbidite sequence (Jotb) at the southern end of the segment to Pliocene sandstones and
gravels exposed at its northern margin. As we report below, the tectonic transport direction
in this segment of the transect at the surface is to the north, and so we proceed from north
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to south in discussing the geologic observations.
Exposure is poor at the northern end of this segment of the Salavat transect, but prior
mapping indicates that the northernmost topography of the Eastern Greater Caucasus corre-
sponds with a steeply north dipping fold limb composed of Lower Cretaceous to Quaternary
strata that is structurally intact (Khain and Shardanov, 1960; Nalivkin, 1976). Observed
bedding geometries at the northern end of the transect are consistent with this interpreta-
tion (Fig. 7.2, Salavat panel). There is no structural or topographic evidence to suggest any
north directed thrusting to the north of the exposed Cretaceous strata.
The exposed Lower Cretaceous sequence in the northern portion of this segment is
characterized by oolitic carbonates with well-defined bedding planes and interbedded gray
shales (LKbc; Fig. 7.2, Salavat panel). This sequence is exposed throughout much of
the northern segment of the Salavat transect, and exhibits significant lateral variability,
transitioning from >2 m thick carbonates with minor shale in the north to a dominantly
shale lithology in the south with discontinuous oolitic carbonate beds at irregular intervals.
Exposures of the sequence in the northern part of the segment define a series of asymmetric
folds of 0.5 to 1 km wavelength with north-younging limbs that dip steeply to the north or
are overturned and south-younging limbs that dip gently to the south (Fig. 7.2, Salavat
panel).
To the south, Jurassic to Cretaceous strata are involved in a structurally complex area
whose interpretation is made more difficult by steep angular unconformities. The Lower
Cretaceous bedded carbonate sequence (LKbc) is thrust over from the south by the Jurassic
massive carbonate (Jmc) sequence (Fig. 7.2, Salavat panel). South of this north directed
thrust, the Jurassic massive carbonate (Jmc) is disrupted by a south-dipping normal fault,
which juxtaposes the massive carbonate in the footwall against the Lower Cretaceous bed-
ded carbonate (LKbc) in the hanging wall (Fig. 7.2, Salavat panel; fault plane shown in
Fig. 7.4e). The hanging-wall sequence dips slightly to the north, and so to the south the
underlying Jurassic massive carbonate (Jmc) is again exposed (Fig. 7.2, Salavat panel).
The Jurassic massive carbonate (Jmc) and Lower Cretaceous bedded carbonate (LKbc) are
both unconformably overlain to the south and east by a sequence of red to white sandstone
and gray shale mapped as Upper Cretaceous (UKwss; Fig. 7.2, Salavat panel; Khain and
Shardanov, 1960; Nalivkin, 1976, Fig. 7.4d shows an image of the unconformity). The
core of a syncline is located within this overlying Upper Cretaceous sequence, and mov-
ing south beyond the core of the syncline the Lower Cretaceous bedded carbonate (LKbc)
is again exposed (Fig. 7.2, Salavat panel). The Lower Cretaceous sequence is defines a
north-younging and subvertically bedded fold limb (Fig. 7.2, Salavat panel). This Lower
Cretaceous sequence is in contact to the south with the Middle Jurassic organic-rich tur-
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Figure 7.7: Age-elevation plots for thermochronometry samples of the Haput (a) and
Salavat (b) thermochronometry transects.
bidite sequence (Jotb), which is also north-younging and subvertically-bedded. To the west
along this contact, Upper Jurassic massive carbonate (Jmc) is exposed between the Mid-
dle Jurassic organic-rich turbidites (Jotb) to the south and the Lower Cretaceous bedded
carbonates (LKbc) to the north, and localized folding and oxidation of the turbidites (Jotb)
along this contact suggest that it is a detachment.
7.4.3.2 Thermochronometric data
7.4.3.2.1 Central segment
Thermochronometry data collected from the central segment of the Salavat transect com-
prise two near-vertical transects, located near Salavat Pass and the village of Haput, re-
spectively (Figs. 7.1, 7.7; Fig. 7.2, Salavat panel; Tables 7.1, 7.2, 7.3, 7.4). Both vertical
transects were collected from the Middle Jurassic, organic-rich turbidite sequence (Jotb;
Fig. 7.2, Salavat panel). These data constrain the exhumation histories of the central por-
tion of the Eastern Greater Caucasus. Analyses were limited by the sample yield of apatite
sufficiently large enough for dating, resulting in a mix of different thermochronometric
systems analyzed for each sample.
The Salavat thermochronometry transect (Figs. 7.1, 7.7; Fig. 7.2, Salavat panel; Tables
7.1, 7.2, 7.3, 7.4) includes three thermochronometry samples that span ∼800 m of eleva-
tion. The lowest sample, S1, was analyzed for AFT and ZHe ages; the median sample, S2,
was analyzed for an AFT age; and the upper sample, S3 was analyzed for AFT and AHe
ages (Figs. 7.1, 7.7; Fig. 7.2, Salavat panel; Tables 7.1, 7.2, 7.3, 7.4). Central AFT ages
for the three samples range from 6.1 Ma to 15.5 Ma, the mean AHe age from sample S3
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is 3.3 Ma, and the mean ZHe age from sample S1 is 10.8 Ma (Figs. 7.1, 7.7; Fig. 7.2,
Salavat panel; Tables 7.1, 7.2, 7.3, 7.4). Two major aspects of the data warrant attention.
First, sample S1 has a sample mean ZHe age (10.8 Ma) that is younger than its AFT age
(15.5 Ma) despite the fact that the ZHe system has a nominal closure temperature of∼180◦
C (e.g., Reiners et al., 2004; Reiners, 2005), whereas the AFT system has a nominal clo-
sure temperature of ∼110◦ C (e.g., Donelick et al., 2005). Thermal modeling of these ages
indicates ∼225◦ C cooling since ∼12 Ma (Fig. 7.4b), implying 7.5 – 11.25 km exhuma-
tion for geothermal gradients of 30◦ C/km and 20◦ C/km, respectively. Second, the AFT
ages, the only system for which there exists ages for more than one sample, decrease with
increasing elevation. Such an age-elevation relationship is the opposite of what would be
expected for an exhuming rigid block (e.g., Brandon et al., 1998; Farley et al., 2001). One
possible explanation for this inverted age-elevation relationship that will be explored fur-
ther in the Discussion section is rotation of the sampled strata after cooling by folding. The
constraint that 7.5 – 11.25 km of exhumation occurred since ∼12 Ma is not dependent on
the age-elevation relationship displayed by the samples.
The Haput thermochronometry transect (Figs. 7.1, 7.7; Fig. 7.2, Salavat panel; Tables
7.1, 7.2, 7.3, 7.4) includes five thermochronometry samples that span ∼1 km of vertical
elevation. The AHe system was analyzed for all five samples, resulting in sample mean
ages that range between 3 and 5 Ma (Figs. 7.1, 7.7; Fig. 7.2, Salavat panel; Tables 7.1,
7.2). The AFT system was analyzed for samples H3 and H5, resulting in central ages of
7.5 Ma and 8.2 Ma, respectively (Figs. 7.1, 7.7; Fig. 7.2, Salavat panel; Tables 7.1, 7.4).
The ZHe system was analyzed for sample H1, yielding a sample mean age of 91.8 Ma
(Figs. 7.1, 7.7; Fig. 7.2, Salavat panel; Tables 7.1, 7.3). Like the AFT ages of the Salavat
thermochronometry transect, the AHe ages of the Haput transect decrease with increasing
elevation, which is the opposite of the age-elevation relationship that would characterize
an exhuming rigid block (Figs. 7.1, 7.7; Fig. 7.2, Salavat panel; Tables 7.1, 7.2; Farley
et al., 2001, others). Of additional note about the Haput transect is the Cretaceous cooling
age of the ZHe system in sample H1 (Figs. 7.1, 7.7; Fig. 7.2, Salavat panel; Tables 7.1,
7.3), which indicates that the sample was not warm enough to reset the system during
the Cenozoic. Given a ZHe closure temperature of ∼180◦ C (e.g., Reiners, 2005) and a
geothermal gradient of 20-30◦ C/km, the Cretaceous ZHe ages indicate that sample H1
resided at a depth of <6 – 9 km from the surface throughout the Cenozoic.
7.4.3.2.2 Northern segment
We report a single AHe age from the northern segment of the Salavat transect, sample
N3 (Figs. 7.1, 7.7; Fig. 7.2, Salavat panel; Tables 7.1, 7.2; Avdeev, unpublished). The
191
sample was collected from a sandstone interbed within the Lower Cretaceous sequence
of predominantly oolitic carbonate and gray shale (LKbc; Fig. 7.2, Salavat panel). The
sample mean age of N3 is 92.3 Ma (Figs. 7.1, 7.7; Fig. 7.2, Salavat panel; Tables 7.1, 7.2;
Avdeev, unpublished). Given typical closure temperatures of the AHe system of ∼60◦ C
(e.g., Farley, 2002; Ehlers and Farley, 2003) and a geothermal gradient of 20-30◦ C/km,
the Cretaceous AHe age indicates residence of the sample within the top 2-3 km of the
crust since the Cretaceous.
7.4.3.3 Structural interpretation
7.4.3.3.1 Southern segment
Our structural interpretation of the southern segment of the Salavat transect (Fig. 7.8) is
based on field observations (Fig. 7.2, Salavat panel) and analogy with the structure of the
Lahij transect, located ∼40 km ESE along strike (Fig. 7.2, Lahij panel; Fig. 7.6). Here we
discuss our structural interpretations from south to north.
The structural geometry of folded Vandam Zone strata at the southern end of the tran-
sect is constrained by the surface geology (Fig. 7.2, Salavat panel), age determinations
from published mapping (e.g., Nalivkin, 1976), and shortening estimates from the tran-
sects to the south (Fig. 7.3). Observed bedding orientations of Lower Cretaceous Vandam
calcareous sandstones (LKvcss) and middle Cretaceous Vandam volcaniclastic sandstones
(MKvvc) indicate folding of the Vandam stratigraphic package asymmetrically, consistent
with a fault-propagation fold over a south-vergent thrust (Fig. 7.2, Salavat panel; Fig. 7.8),
similar to what is observed in the Lahij transect (Fig. 7.6). Previous mapping (Nalivkin,
1976) suggests an adjacent syncline to the north of this fault propagation anticline (Fig.
7.8), also similar to along-strike observations of the Lahij transect (Fig. 7.6). To the north
of this syncline, the range is dominated by thinly bedded marine sandstone-shale sequences
of the northern tectonostratigraphic package, suggesting that these sequences are separated
from the Vandam Zone by lateral equivalents of the Zangi thrust and the normal fault ob-
served in the Lahij transect (Figs. 7.6, 7.8). As with the Lahij transect, the net slip on the
duplex within the Vandam Zone tectonostratigraphic package is constrained by shortening
estimates of ∼20 km toward the range front on this fault (Fig. 7.2, Agsu panel; Fig. 7.3;
forte2013structural). The subsurface geometry of the Vandam Zone tectonostratigraphic
package is constrained by the detachment depths inferred from deformation towards the
foreland (Fig. 7.2, Agsu panel; Fig. 7.3; Forte et al., 2013) and map thicknesses of the
Vandam Zone sequences.
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Figure 7.8: Interpretive structural cross section of the southern segment of the Salavat
transect (Fig. 7.2, Salavat panel). Geologic units are as depicted in Figure 7.2 and Figure
7.6. Dipticks are projected from within 3 km of the line of section and are displayed
as in previous cross section figures. Dashed lines are drawn approximately parallel with
bedding plane orientations of mapped exposures and approximate the trace of a bedding
plane. The two topographic profiles show the highest and lowest topography within 3 km
perpendicular to the line of section.
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similar to and deform similarly to the sequences of the northern Lahij transect (Figs. 7.6,
7.8). These sequences are deformed into asymmetric fold trains of 0.5 to 1 km wavelength
that are consistent with formation above localized, south-vergent thrust faults (Fig. 7.8).
It is likely that these sequences are affected by small displacement thrust faulting simi-
larly to the northern tectonostratigraphic package observed in the Lahij transect (Fig. 7.6),
although increased vegetation in the southern segment of the Salavat transect makes it dif-
ficult to confirm this. The localized, short wavelength deformation within these sequences
makes it difficult to infer subsurface structure. The depicted contacts in the subsurface of
the northern tectonostratigraphic package represent best guesses based on published strati-
graphic thicknesses (e.g., Khain and Shardanov, 1960; Bochud, 2011, Fig. 7.8), and the
location of the footwall ramp of the lateral equivalent of the Zangi thrust is inferred from
the Lahij section (Figs. 7.6, 7.8). Because the Upper Jurassic calcareous turbidite sequence
(Jctb) is exposed over a wide area, we infer that the sequence overlies a hanging wall flat,
whereas the depicted portions of the Lower Cretaceous turbidite sequence (LKtb) and the
Middle Jurassic organic-rich turbidite sequence (Jotb) are both inferred to overlie hanging
wall ramps.
7.4.3.3.2 Central segment
Our structural interpretation of the central segment of the Salavat transect (Fig. 7.9) is
based on field observations (Fig. 7.2, Salavat panel), with interpretations of subsurface
structure also based on interpretations of detachment depth and net displacement from the
transects to the south (Figs. 7.3, 7.6, 7.8). Exposed lithologies within the central segment of
the Salavat transect consist entirely of the Middle Jurassic organic-rich turbidite sequence
(Jotb), with the exception of the northernmost portion of the transect (Fig. 7.9). Again, we
discuss our structural interpretations from south to north.
Bedding planes of the Middle Jurassic turbidite sequence indicate pervasive open to
tight folding that is asymmetric in some areas and symmetric in other areas (Fig. 7.9).
Regions of asymmetric folding include the extreme southernmost portion of this segment,
where south-younging fold limbs are subvertical to overturned and north-younging limbs
are less steeply dipping, as well as large portions of the segment where north-younging
limbs are more steeply dipping than south-younging limbs (Fig. 7.9). In order to estimate
the geometry of a single stratum within the sequence, we trace a line approximately parallel
with observed bedding planes of surface exposures (Fig. 7.9). This tracing indicates a
south-central region of the segment where the sequence is broadly north dipping beyond the
wavelength of a single fold, a north-central region where the sequence is broadly horizontal,
and a northern region where the sequence is broadly north dipping (Fig. 7.9). The largest
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Figure 7.9: Interpretive structural cross section of the central segment of the Salavat tran-
sect (Fig. 7.2, Salavat panel). Geologic units are as depicted in Figure 7.2. Dipticks are
projected from within 5 km of the line of section and are displayed as in previous cross sec-
tion figures. Dashed lines are drawn approximately parallel with bedding plane orientations
of mapped exposures and approximate the trace of a bedding plane. The two topographic
profiles show the highest and lowest topography within 5 km perpendicular to the line of
section.
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of these broadly dipping regions, the south-central region of northward dip, corresponds
spatially with a north-dipping panel of the Vandam Zone tectonostratigraphic sequence at
depth inferred from constraints on the Vandam Zone duplex from shortening estimates to
the south (Fig. 7.9; Fig. 7.2, Agsu panel; Fig. 7.3; Forte et al., 2013). Thus, beyond the
scale of the pervasive folding in the central segment of the Salavat transect, broad trends in
bedding orientation may reflect structure at depth.
Exposures at the northernmost portion of the central segment of the Salavat transect
are composed of the Upper Jurassic massive carbonate sequence (Jmc; Fig. 7.9). The
contact between the organic-rich turbidite sequence (Jotb) and the massive carbonate se-
quence (Jmc) is inferred to be a fault for two reasons. First, as mentioned above, chaotic,
short-wavelength deformation of the organic-rich turbidite sequence (Jotb) is observed to
be locally concentrated along this contact, along with oxidation. Second, the deforma-
tion styles of the two sequences contrast markedly, with the organic-rich turbidite sequence
(Jotb) deforming by folding on 0.5 – 1 km wavelengths and the massive carbonate sequence
(Jmc) deforming largely by duplication along thrust faults, as will be discussed in the struc-
tural interpretation of the northern segment of the transect. If deformation occurred after
the deposition of the upper sequence (Jmc), the fact that the lower sequence (Jotb) is per-
vasively folded and the upper sequence (Jmc) is not requires a detachment between the
two sequences (Fig. 7.9). If the pin line for these sequences is located to the north of
the Eastern Greater Caucasus, as is indicated by the northward dip of major orogen-scale
structures, then folding of the lower sequence (Jotb) beneath the upper sequence requires
top-to-the-south motion on the detachment separating the two sequences (Fig. 7.9). Lo-
cally, depending on the location and cumulative slip of faulting within the upper sequence
(Jmc), it is possible that the net sense of motion on the detachment that separates the upper
(Jmc) and lower (Jotb) sequences may be top-to-the-north.
7.4.3.3.3 Northern segment
Our structural interpretation of the northern segment of the Salavat transect (Fig. 7.10) is
based largely on field observations (Fig. 7.2, Salavat panel). We describe our interpreta-
tions of major structures from north to south within the northern segment of the Salavat
transect. We then discuss broad trends in the structure of this segment of the transect and
potential implications for subsurface structural geometry.
The northern part of the segment consists of exposures of Lower Cretaceous bedded
carbonate (LKbc) and Upper Jurassic massive carbonate (Jmc). As discussed above, there
is no evidence that the deformed Mesozoic strata observed in the transect are thrust over the
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Figure 7.10: (a) Interpretive structural cross section of the northern segment of the Salavat
transect (Fig. 7.2, Salavat panel). Geologic units are as depicted in Figure 7.2, except yel-
low is Cenozoic, undifferentiated. Dipticks are as previous cross section figures, projected
from within 1 km. The two topographic profiles show the highest and lowest topography
within 1 km perpendicular to the line of section. (b) Retrodeformed geometry of the cross
section shown in (a), at half size.
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the Upper Jurassic to Cretaceous strata likely terminate in the subsurface (Fig. 7.10). The
asymmetric folds on ∼1 km wavelengths exhibited by the Lower Cretaceous bedded car-
bonate sequence (LKbc) in the northern part of the segment (Fig. 7.2, Salavat panel) are
consistent with their formation as fault-propagation folds above north-vergent thrust faults
(Fig. 7.10). To the south of these folds, the bedding geometries of the Upper Jurassic mas-
sive carbonate sequence (Jmc) and Lower Cretaceous bedded carbonate sequence (LKbc)
indicates emplacement of the massive carbonate by north vergent thrusting over the bedded
carbonate (Fig. 7.2, Salavat transect; Fig. 7.10). The geometries of the fault-propagation
folds suggest that the faults controlling these folds root into the same detachment as the
thrust at the base of the exposed Upper Jurassic massive carbonate (Jmc; Fig. 7.10). The
shortening within the fault-propagation folds and the displacement inferred on the exposed
thrust constrain the net slip on the inferred detachment (Fig. 7.10).
To the south of the surface-breaking, north-directed thrust that emplaced Upper Jurassic
massive carbonates (Jmc) over Lower Cretaceous bedded carbonates (LKbc) is an exposed,
south dipping normal fault that juxtaposes the Upper Jurassic sequence in the footwall
against the overlying Lower Cretaceous sequence in the hanging wall (Fig. 7.4e; Fig. 7.2,
Salavat panel; Fig. 7.10). Slip on this fault post-dated the Lower Cretaceous. Based on
field observations and aerial photography, we tentatively conclude that the fault does not
disrupt overlying Upper Cretaceous sandstones (UKwss), restricting the age of faulting to
Early to Late Cretaceous, consistent with inferred rifting within the Caucasus region at
the time (e.g., Nikishin et al., 1998). The observed fault geometry is consistent with a
listric geometry that soles into a detachment beneath the Upper Jurassic massive carbonate
sequence (Jmc; Fig. 7.10).
The region to the south of the exposed normal fault includes exposures of the Up-
per Jurassic massive carbonate sequence (Jmc), the Lower Cretaceous bedded carbonate
sequence (LKbc) and the Upper Cretaceous white sandstone sequence (UKwss), which
overlies an angular unconformity (Fig. 7.2, Salavat transect; Fig. 7.10). The shortening
observed in the fault-propagation folds to the north requires that the Upper Jurassic massive
carbonate sequence (Jmc) was duplicated by thrusting in this region of the transect (Fig.
7.10). Such duplication is also implied by the outcrop pattern of the Upper Jurassic massive
carbonate sequence, which includes exposures with subvertical bedding near the southern
extent of this segment and subhorizontal exposures in a structurally overlying position to
the north (Fig. 7.10). The southern margin of the palinspastically-restored Upper Jurassic
massive carbonate sequence (Jmc) terminates in a steep angular unconformity over which
Lower Cretaceous strata are deposited (Fig. 7.10). Olistoliths of the massive carbonate
sequence (Jmc) up to kilometer-scale are present within younger strata, consistent with a
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steep angular unconformity between the Upper Jurassic and Lower Cretaceous sequences
(Fig. 7.2, Salavat transect; Bochud, 2011). To the south of the palinspastically-restored Up-
per Jurassic massive carbonate sequence (Jmc), a small fault-propagation fold is inferred
above the detachment from an asymmetric fold in the Lower Cretaceous bedded carbon-
ate sequence (LKbc; Fig. 7.10). As discussed above in the structural interpretation of the
central segment of the Salavat transect (Fig. 7.2, Salavat panel; Fig. 7.9), the differing fold
wavelengths observed in the Middle Jurassic organic-rich turbidite sequence (Jotb) and the
overlying Upper Jurassic massive carbonate sequence (Jmc) require a detachment between
the Middle Jurassic sequence and overlying sequences (Fig. 7.10).
Observed and inferred bedding plane orientations of the deformed Upper Jurassic and
younger strata exposed in the northern segment of the Salavat transect may have implica-
tions for the deeper structure. The Upper Jurassic and younger strata define multiple areas
of distinct dip. At the northern end of the segment, a moderate northward dip is required
by the north-younging stratigraphic package that extends from the deformed Lower Creta-
ceous bedded carbonate sequence (LKbc) to Quaternary foreland basin deposits to the north
of the mapped transect (Fig. 7.10; e.g., Golubjatnikov and Dubogryzova, 1959; Khain and
Shardanov, 1960; Nalivkin, 1976). Our inferred structure for the deformed Upper Juras-
sic to Cretaceous sequences suggest a subhorizontal contact of these sequences with the
underlying Middle Jurassic turbidite sequence (Jotb) over the area that Upper Jurassic to
Cretaceous sequences outcrop at the surface (Fig. 7.10). Finally, near the southern ter-
minus of this segment, a moderate to steep northward dip is dominant near the exposed
contact between the Middle and Upper Jurassic strata (Fig. 7.10). The broad patterns of
bedding orientation observed in the northern segment of the Salavat transect are controlled
by the structure of the Middle Jurassic and older strata at depth, and the regions of moderate
northward dip and subhorizontal bedding may correspond with footwall ramps and flats of
a major structure at depth (Fig. 7.10).
7.4.3.4 Shortening estimates
7.4.3.4.1 Southern segment
In the southern segment of the Salavat transect, shortening is accommodated by folds and
fault offsets within the Vandam Zone stratigraphic package and in the northern, dominantly
turbiditic stratigraphic package (Fig. 7.8). We first discuss shortening inferred within the
Vandam Zone stratigraphic package and then within the northern, turbiditic stratigraphic
package.
Within the Vandam Zone package, the inferred geometry of fault-propagation folds
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near the southern end of the transect accommodates 6 km of shortening (Fig. 7.8). This
amount is approximately consistent with the ∼4 km of shortening from the along strike
equivalent structures in the Lahij transect (Fig. 7.6). Along with the ∼20 km of shorten-
ing inferred in Cenozoic strata toward the range front (Fig. 7.2, Agsu transect; Fig. 7.3;
forte2013structural), this 4-6 km shortening must be balanced by slip along the Vandam
duplex thrust fault.
Within the northern, predominantly turbiditic tectonostratigraphic package, shortening
is accommodated by faulting and pervasive folding of the thinly bedded turbiditic strata
(Fig. 7.8). Balancing of a line approximately parallel with bedding plane orientations in
the Lower Cretaceous turbidite (LKtb) sequence indicates that the sequence accommodates
∼30% horizontal shortening by folding, or∼1.75 km in this segment of the Salavat transect
(Fig. 7.8). Balancing a similar line within the Upper Jurassic calcareous turbidite (Jctb)
sequence indicates a horizontal shortening of ∼35%, equating to 4.5 km in this segment
of the transect (Fig. 7.8). Finally, the thrust fault separating these two sequences requires
at least ∼1.75 km of slip, resulting in a total of at least 8 km of horizontal shortening ac-
commodated within the northern, turbiditic tectonostratigraphic package in this segment of
the Salavat transect (Fig. 7.8). This shortening estimate should be regarded as a minimum
because our method of tracing a line parallel to observed bedding orientations may under-
estimate the amplitude of mapped folds, which was difficult to observe given the poor to
moderate exposure of the transect. In addition, our line tracing method does not account
for the many small-offset thrust faults that are observed in similar lithologies along strike
where exposure is better (e.g., Fig. 7.2, Lahij panel; Fig. 7.2, Salavat panel).
7.4.3.4.2 Central segment
In the central segment of the Salavat transect, shortening is accommodated by folds and
small-offset, intraformational thrust faults within the organic-rich Middle Jurassic turbidite
sequence (Jotb; Fig. 7.9). Tracing a line parallel to exposed bedding plane orientations re-
sults in a minimum estimate of horizontal shortening from folding of∼35%, equal to∼8.5
km of shortening (Fig. 7.9). Because this tracing method may underestimate the amplitude
of folds and does not account for slip on several small-offset thrust faults observed within
the range (Fig. 7.2, Salavat panel), this should be regarded as a minimum estimate.
7.4.3.4.3 Northern segment
In the northern segment of the Salavat transect, shortening is accommodated within Upper
Jurassic and younger strata by a north vergent thrust system that includes a surface break-
ing thrust and several fault propagation structures kinematically linked via a detachment
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(Fig. 7.10). Retrodeforming this thrust system indicates that within the Upper Jurassic and
younger strata, ∼9 km of shortening (40%) is accommodated (Fig. 7.10). Because these
Upper Jurassic and younger strata are inferred to be separated from the Middle Jurassic
organic-rich turbidite sequence (Jotb) by a detachment (Fig. 7.10), the shortening inferred
for the Upper Jurassic and younger strata may be different from the shortening that occurred
within the Middle Jurassic and older strata below.
7.4.4 Tahirjal transect
The Tahirjal transect is located about 30 km northwest of the northern end of the Salavat
transect (Fig. 7.1, Fig. 7.2). The Tahirjal transect is on the eastern margin of a distinct
portion of the Greater Caucasus where the range is significantly wider than the easternmost
portion that is the subject of this study (Fig. 7.1). Mapped lithologies in the Tahirjal
transect range in age from Middle Jurassic to Neogene (Golubjatnikov and Dubogryzova,
1959; Nalivkin, 1976). The transect represents an opportunity to observe the structure of
these sequences to the north of the Salavat transect. Because the Tahirjal transect is within
a distinct, wider portion of the Greater Caucasus than our primary area of interest for this
study (Fig. 7.1), we do not undertake a shortening estimate within the Tahirjal transect
because we could not apply such an estimate to a meaningful, range-wide calculation of
shortening within our area of interest.
7.4.4.1 Geological description
The Tahirjal transect (Fig. 7.2, Tahirjal panel) consists of similar lithologies to those ob-
served in the northern segment of the Salavat transect (Fig. 7.2, Salavat panel). The old-
est exposed lithology is the Middle Jurassic organic-rich turbidite sequence (Jotb; Fig.
7.2, Tahirjal panel; Golubjatnikov and Dubogryzova, 1959; Nalivkin, 1976). Similarly to
within the Salavat transect, this lithology is deformed by folding (interlimb angles < 90◦,
wavelengths 0.5 to 1 km) and small-offset thrust faulting (Fig. 7.2, Tahirjal panel). This
sequence is overlain by the Upper Jurassic massive carbonate sequence (Jmc) in the south-
ern portion of the transect, and is unconformably overlain by Pliocene (Golubjatnikov and
Dubogryzova, 1959) or Quaternary (Nalivkin, 1976) sandstones in the northern portion of
the transect (Fig. 7.2, Tahirjal panel). The Upper Jurassic massive carbonate sequence
(Jmc) in the southern portion of the transect is overlain by the Lower Cretaceous bedded
carbonate sequence (LKbc). In contrast to the Middle Jurassic turbidite sequence (Jotb),
the Upper Jurassic and younger sequences have a subhorizontal bedding plane orientation
that is uniform across the mapped area, similar to the deformation style observed in the
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northern segment of the Salavat transect (Fig. 7.2, Tahirjal panel).
7.4.4.2 Thermochronometric data
The Tahirjal transect contains a single, previously published AFT age of 12.5 ± 2.4 Ma
from an outcrop of Middle Jurassic turbidites (Jotb; Fig. 7.1; Fig. 7.2, Tahirjal panel; Tables
7.1, 7.4; Bochud, 2011). This age suggests that the Middle Jurassic turbidite sequence
(Jotb) was exhumed sometime during the Miocene to Quaternary (Bochud, 2011).
7.4.4.3 Structural interpretation
Mapping in the Tahirjal transect reveals that the deformation styles observed in the Middle
Jurassic organic-rich turbidite sequence (Jotb) and the overlying Upper Jurassic massive
carbonate sequence (Jmc) differ (Fig. 7.2, Tahirjal panel). Whereas the underlying turbidite
sequence (Jotb) is pervasively folded and faulted, the overlying massive carbonate sequence
(Jmc) is barely deformed. If folding of the underlying strata occurred after deposition of the
overlying strata, then a detachment between the two is required (Fig. 7.2, Tahirjal panel).
In the next section, we will use thermochronometry data from the range to constrain the
timing of folding.
7.5 Discussion
The geological observations, thermochronometry data, and structural interpretations pre-
sented above yield insight into the timing and style of deformation in an active accretionary
prism. Here, we first use our structural interpretations from the transects reported above
to develop a model of the geologic structure of the Eastern Greater Caucasus and estimate
the total strike-perpendicular horizontal shortening accommodated within the range. We
then explore the implications of our set of new and existing (Bochud, 2011, Avdeev, un-
published) thermochronometry data for the timing of deformation in the range. Finally, we
synthesize the implications of deformation in the Eastern Greater Caucasus for the defor-
mational processes in accretionary prisms generally.
7.5.1 Range-wide structure and total shortening
Our data and structural interpretations have several implications for the structure of the
Eastern Greater Caucasus, including the locations and geometries of major faults; the rela-
tionship between the Vandam Zone tectonostratigraphic package and the northern, predom-
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inantly turbiditic stratigraphic package; internal shortening within the pervasively folded
and faulted sequences of the range; and net shortening accommodated by the range. Here,
we address the implications for each of these points.
7.5.1.1 Geometry of major faults
Our geologic observations constrain the number of major faults that accommodate shorten-
ing within the range, the cumulative displacement on these faults, and their geometry (Fig.
7.11). The location of ramps and flats on these major faults is constrained by the cumulative
displacements inferred from shortening estimates of the structural transects reported above,
as well as the bedding-plane geometries of hanging walls overlying these major structures.
7.5.1.1.1 Modern basal detachment
The geometry of the current basal detachment of the Eastern Greater Caucasus accretionary
prism is inferred from shortening estimates based on folding and thrusting near the south-
ern extent of deformation and topography associated with the Eastern Greater Caucasus
(Fig. 7.11). The basal detachment terminates in fault-propagation structures that generate
the southernmost topography associated with the range (Fig. 7.2, Agsu transect; Fig. 7.3;
Fig. 7.11; Forte et al., 2013). Duplication of Cenozoic strata structurally above the basal
detachment near the toe of the prism requires 20 km of cumulative slip on the basal de-
tachment, which we infer is located at about 5 km below sea level (Fig. 7.3). Another 4-6
km of slip is required by shortening inferred in fault-propagation folds of the Vandam Zone
tectonostratigraphic package directly above the basal detachment (Figs. 7.6, 7.8, 7.11),
implying a total of ∼25 km of slip on the basal detachment. Within the Lahij and Gabala
transects, we infer a hanging-wall ramp in the Jurassic to Cretaceous strata of the Vandam
Zone package (Figs. 7.6, 7.8, 7.11), which must be located 25 km south of the associated
footwall ramp (Figs. 7.9, 7.11). The inferred location of this footwall ramp corresponds
spatially with the broadly north-dipping portion of the Middle Jurassic organic-rich tur-
bidite sequence observed in the central segment of the Salavat transect (Figs. 7.9, 7.11).
The shortening estimates from above the basal detachment and the broad region of north
dip in the central part of the range provide two independent lines of evidence supporting
the inferred location of the basal detachment footwall ramp (Fig. 7.11).
7.5.1.1.2 Zangi thrust
Besides the current basal detachment of the Eastern Greater Caucasus prism, the other fault
on which significant displacement is inferred to have occurred is the Zangi thrust, which
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Figure 7.11: (a) Interpretive cross section of the structure of the entire range, based on
compilation of observations and interpretations shown in Figures 7.3, 7.6, 7.8, 7.9, and
7.10. Geology is colored by age according to the key, rather than according to the units
used elsewhere in the paper. The cross section is line-balanced. Note that we have no
subsurface data and given the variability in stratigraphic thickness across the range (e.g.,
Bochud, 2011; Alizadeh et al., 2016), the depicted thicknesses and depths should be viewed
as best guesses that are consistent with the surface geology. (b) The spatial distribution
of cumulative displacement on current basal detachment and the previous detachment, the
Zangi thrust, is inferred from structural geometry of the range. (c) Retrodeformed geometry
of the cross section shown in (a) at 40% size.
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separates the Vandam Zone package in the footwall from the northern, largely turbiditic
tectonostratigraphic package in the hanging wall in the Lahij transect (Figs. 7.6, 7.8, 7.9,
7.11). This fault is inferred to have three ramps and two flats (Fig. 7.11). We first discuss
our inference of the locations of these ramps and flats in the hanging wall, then in the
footwall.
Our inferred structural geometry for the Zangi thrust hanging wall has implications for
the locations of the ramps and flats of the thrust. The stratigraphically highest ramp is in-
ferred to cut through Upper Cretaceous strata including the Upper Cretaceous red and blue
shale sequence (UKrbsh) and the Upper Cretaceous white-blue sandstone sequence (UK-
blss). This ramp is inferred to exist in the hanging wall at the southern edge of the Basgal
nappe thrust sheet (Figs. 7.6, 7.11). To the north of this ramp is a flat that underlies the
Upper Cretaceous red and blue shale sequence (UKrbsh), which is at least 24 km across
strike, as demonstrated by the offset of the Basgal nappe thrust sheet (Figs. 7.6, 7.11). To
the north of this flat is a ramp that is inferred to cut through the Upper Jurassic calcareous
turbidite sequence (Jctb) and the Lower Cretaceous turbidite sequence (LKtb). This ramp
is inferred to occur in the hanging wall directly to the north of where the Vandam Zone
package outcrops in the Lahij transect and the southern segment of the Gabala transect
(Figs. 7.6, 7.8, 7.11). To the north of this ramp is a flat beneath the Upper Jurassic calcare-
ous turbidite sequence (Jctb), which is inferred to occur in the hanging wall in the northern
portion of the Gabala transect (Figs. 7.8, 7.11). In that portion of the transect, the Upper
Jurassic sequence (Jctb) is exposed for several kilometers across strike above a footwall flat
(Figs. 7.8, 7.11). The volume of the Upper Jurassic sequence (Jctb) at this location requires
that it overlies a hanging wall flat (Figs. 7.8, 7.11). The final hanging-wall ramp inferred to
cut through Lower to Middle Jurassic strata including the organic-rich turbidite sequence
(Jotb). This ramp is inferred to occur in the hanging wall immediately to the north of the
flat beneath the Upper Jurassic sequence (Jctb; Figs. 7.8, 7.9, 7.11). We infer that the
Zangi thrust roots into a detachment between the Lower Jurassic sequence and underlying
basement (Fig. 7.11; e.g., Green et al., 2009).
We infer the locations of footwall ramps and flats on the Zangi thrust from two in-
dependent lines of evidence, the retrodeformed across-strike lengths of hanging wall flats
and broad trends in bedding orientation and exhumation depth observed in the hanging
wall. The location of the hanging-wall ramp that cuts through Upper Cretaceous sequences
(UKrbsh, UKblss) depends on the cumulative offset of the Basgal nappe thrust sheet (Figs.
7.6, 7.11). The southernmost permissible location for this ramp is directly north of where
the Zangi thrust crops out in the Lahij transect (Fig. 7.6), which results in the minimum
permissible offset of the Basgal nappe thrust sheet, 24 km. The location of this footwall
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ramp is not directly evident in bedding-plane orientations of the deformed, predominantly
turbiditic strata of the hanging wall, likely because it is the smallest of the three inferred
ramps on the Zangi thrust. Nevertheless, we demonstrate below that the southernmost per-
missible location is the most likely given the overall geometry of the fault (i.e., the location
shown on Fig. 7.6). The flat immediately to the north of this ramp is the same distance
across-strike as the net offset of the Basgal nappe thrust sheet, 24 km (Figs. 7.6, 7.11). To
the north of this flat is the ramp that cuts through Upper Jurassic to middle Cretaceous strata
(Fig. 7.11). Remarkably, this inferred ramp location corresponds almost perfectly with the
region of north dip and exhumation-depth change at the boundary between the central and
northern segments of the Salavat transect (Figs. 7.9, 7.10, 7.11). In this region, at the
surface, the Middle Jurassic organic-rich turbidite sequence (Jotb), Upper Jurassic massive
carbonate sequence (Jmc), and Lower Cretaceous bedded carbonate sequence (LKbc) de-
fine a north-dipping and north-younging panel (Figs. 7.9, 7.10, 7.11), south of which mid-
dle Jurassic strata are exposed (Jotb), and north of which Upper Cretaceous strata (UKwss)
are exposed. To the north of this ramp is a flat that was located beneath the Upper Juras-
sic calcareous turbidite sequence (Jctb). The across-strike length of this flat is estimated
to be ∼9 km by line balancing of the corresponding hanging wall flat, which outcrops in
the southern segment of the Salavat transect (Fig. 7.8). The ramp immediately north of
this flat coincides exactly with the region of north dip and change in exhumation depth at
the northern margin of the Salavat transect, where there is a transition from exposed Lower
Cretaceous strata (LKbc) to the south to Neogene strata to the north (Khain and Shardanov,
1960; Nalivkin, 1976, Figs. 7.10, 7.11). Thus, the locations of footwall ramps on the Zangi
thrust are constrained both by shortening and displacement estimates above up-dip regions
of the fault and by broad trends in bedding-plane orientation and exhumation depth in the
hanging wall. These two lines of evidence agree remarkably well (Fig. 7.11).
7.5.1.2 Stratigraphic relationship between the Vandam Zone and northern, turbiditic
stratigraphic packages
Understanding the stratigraphic and structural relationship between the lithologically dis-
tinct tectonostratigraphic packages of the southern slope of the Greater Caucasus is impor-
tant for characterizing the magnitude of shortening accommodated within the range (e.g.,
Zonenshain and Le Pichon, 1986; Cowgill et al., 2016). Sedimentary rocks exposed on the
southern slope of the range consist of two distinct tectonostratigraphic packages: a southern
package that includes thick deposits of volcaniclastic sandstones and tuffs, which is known
as the Vandam Zone in the eastern Greater Caucasus (e.g., Kopp, 1985); and a northern
package that is composed predominantly of thinly bedded turbidites (e.g., Nalivkin, 1976;
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Cowgill et al., 2016; Khain, 1975; Adamia et al., 2011a). If these two packages were de-
posited entirely separate from one another on the opposite sides of a basin with minimal
or no sediment deposited between them, then shortening estimates based on mapping of
deformation of these two packages in the Greater Caucasus would provide a lower bound
on the net convergence accommodated within the range (e.g., Cowgill et al., 2016). If,
however, the two packages interfingered or were stratigraphically continuous with one an-
other, then shortening within these two packages should account for the entire budget of
convergence accommodated by the Greater Caucasus.
Our structural interpretation of the range has implications for the stratigraphic conti-
nuity between the Vandam Zone and northern, predominantly turbiditic stratigraphic pack-
ages. Specifically, the fact that the Zangi thrust, which divides the surface exposures of
these two packages from one another, is a thrust fault composed of multiple, well-defined
ramps and flats (Fig. 7.11) suggests stratigraphic continuity between the Vandam Zone
and northern, turbiditic stratigraphic packages. Thus, shortening calculated from the in-
ferred structural geometries of these two packages should account for the entire budget of
convergence that is accommodated by the eastern Greater Caucasus.
7.5.1.3 Total shortening and internal deformation within the pervasively folded se-
quences of the range
Because we infer stratigraphic continuity between the Vandam Zone and northern, tur-
biditic stratigraphic packages, the upper crustal shortening recorded in deformed sedimen-
tary strata of the range should account for the complete budget of tectonic convergence that
the range has accommodated. An independent estimate of the tectonic convergence accom-
modated within the range comes from vertical-axis rotations of paleomagnetic poles in the
region, which suggest tectonic convergence of ∼120 km in the Eastern Greater Caucasus
(van der Boon et al., 2018). Of this total convergence budget, ∼25 km is accounted for
by slip on the current basal detachment (Fig. 7.2, Agsu transect, Lahij transect, Gabala
transect; Figs. 7.3, 7.6, 7.8; Forte et al., 2013). Another ∼25 km is accounted for by slip
on the Zangi thrust (Figs. 7.6, 7.8, 7.11). This leaves 70 km of shortening to be accounted
for by internal deformation within the pervasively folded turbiditic strata of the range.
Based on the gross structure of the range (Fig. 7.11), folded and faulted turbiditic se-
quences (Jotb, Jctb, LKtb) are inferred to occupy an area of ∼60 km across-strike width in
the Zangi thrust hanging wall (Fig. 7.11), which would have initially occupied an area 130
km wide across strike assuming that these deformed sequences account for all remaining
shortening. Minimum estimates of shortening within these folded strata discussed above,
which are based on conservative estimates of fold amplitude and ignore fault offsets, are
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∼35%, meaning that folding alone accounts for>32 km of shortening within a 60-km wide
belt. These mud-rich lithologies could reasonably be expected to undergo 10-20% volume
loss during tectonic compression and the development of their well-expressed cleavage
(e.g., Sorby, 1908; Ramsay and Wood, 1973), accounting for another 13-26 km of shorten-
ing, assuming an initial across-strike width of 130 km. This leaves 22 – 35 km of shortening
that must be attributed to a combination of fold amplitudes greater than estimated from our
conservative line-tracing method and slip on intraformational thrust faults, which are com-
mon within the deformed turbitidic sequences of the range (Fig. 7.2, Lahij transect, Salavat
transect). The accommodation of this shortening within the 60 km across-strike belt of
mud rich turbidites means that folding and faulting in the belt accommodate 54 – 67 km of
shortening (90 – 112% shortening), which we view as reasonable.
7.5.1.4 Finite strain partitioning in the range
Taken together, the available evidence of slip on major faults and shortening through hanging-
wall folding and intraformational thrusting are consistent with all tectonic convergence ac-
commodated within the eastern Greater Caucasus (∼120 km; van der Boon et al., 2018)
being accommodated by upper-crustal deformation (Fig. 7.11). The multi-ramp structure
inferred for the Zangi thrust is evidence that prior to deformation in the Greater Caucasus,
the sedimentary rocks now exposed in the range were a stratigraphic sequence that was
continuous from north to south (Fig. 7.11). Both of the major thrusts of the range, the
Zangi and the modern basal detachment, terminate in fault propagation structures near the
toe of the accretionary prism, and folding and minor thrusting in the hanging walls of these
faults result in the cumulative displacement on the combination of these two major thrusts
increasing from zero at the prism toe to 120 km in the rear of the accretionary prism (Fig.
7.11). The accommodation of 120 km shortening occurs within a prism that is ∼95 km
wide from the northern extent of inferred deformation to the southern extent (Fig. 7.1),
yielding an overall shortening of 55%, or 50-53% if we ignore the 13-26 km inferred to
result from volume loss.
7.5.2 Temporal constraints on deformation
Our thermochronometry data have implications for the timing of deformation in the range
and the spatial distribution of strain over time. Here we combine our thermochronometry
data with geodetic and paleomagnetic data and geologic cross-cutting relationships in order
to constrain the timing of deformation in the range. Specific questions we address include
the timing of initiation of deformation in the Eastern Greater Caucasus, of initial slip on the
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present basal detachment, and of potential changes in strain partitioning within the range.
7.5.2.1 Initiation of deformation within the Eastern Greater Caucasus
7.5.2.1.1 Constraints from geodesy and paleomagnetic data
Geodesy and paleomagnetic data provide estimates of present convergence rates and total
tectonic convergence accommodated within the Eastern Greater Caucasus, which can be
extrapolated to calculate the amount of time required to achieve the total tectonic conver-
gence at present rates. Vertical-axis rotations of paleomagnetic poles suggest 120 km of
tectonic convergence accommodated within the Eastern Greater Caucasus (van der Boon
et al., 2018), which is consistent with our structural interpretation, as discussed above (Fig.
7.11). Geodetic datasets indicate that 10-12 mm/yr of convergence is currently being ac-
commodated within the Eastern Greater Caucasus (Reilinger et al., 2006; Kadirov et al.,
2012, 2015). Thus, 10-12 Myr of convergence would be required at current rates in order
to account for the total tectonic convergence inferred to have been accommodated within
the range. Since the present tectonic configuration of north-directed subduction is unlikely
to have changed during the lifespan of the Eastern Greater Caucasus orogen, such extrapo-
lation of present rates is justified.
7.5.2.1.2 Constraints from thermochronometry
Thermochronometric ages reflect the time-temperature path of an analyzed mineral grain
(e.g., Wolf et al., 1998). For certain time-temperature paths, thermochronometry ages re-
flect the time at which a sample cooled to a temperature beneath the nominal closure tem-
perature of a system (e.g., Dodson, 1973). However, any given age could also be produced
by isothermal holding such that the age reflects the balance of production of radiogenic
daughter products and fission tracks with their diffusive loss or annealing (e.g., Gleadow
et al., 1986). The range of temperatures at which such a scenario can occur is known as
the partial annealing zone or partial retention zone of a given thermochronometric system
(e.g., Gleadow et al., 1986).
Thermochronometry ages within the Eastern Greater Caucasus cluster within several
broad categories (Fig. 7.1). Several ages cluster around 90 Ma, likely reflecting Cretaceous
tectonism and magmatism (samples N3, H1, L2, AZ089; Nikishin et al., 1998). AFT ages
from the northern part of the range are broadly clustered into age ranges of 30 – 50 Ma
(5 samples; Fig. 7.1) and 0 – 20 Ma (7 samples, of which 3 have ages >10 Ma; Fig.
7.1). These ages could reflect either cooling by tectonic exhumation at the measured age
or isothermal holding at a given temperature within the AFT partial annealing zone (e.g.,
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Gleadow et al., 1986). If ages greater than 10-12 Ma do reflect cooling, such ages would
imply that deformation within the Eastern Greater Caucasus began prior to the 10-12 Ma
initiation inferred by extrapolating current geodetic convergence rates (Reilinger et al.,
2006; Kadirov et al., 2012, 2015; van der Boon et al., 2018).
The spatial distribution of AFT ages >10-12 Ma within the Eastern Greater Caucasus
suggests that these ages result from isothermal holdling and partial annealing, rather than
cooling at the nominal age (Fig. 7.1). Most of these ages occur within a single along-strike
band near the northern margin of exposed Middle Jurassic organic-rich turbidites (Jotb)
on the north side of the range (Fig. 7.1), where regional dips are broadly to the north
and exhumation depth increases to the south. Samples AZ089 (Bochud, 2011), AZ083*
(Bochud, 2011), and N1 (Avdeev, unpublished) define a dramatic age trend where AFT
ages decrease sharply from 89.8 ± 9.8 Ma in the north, upsection, to 14 ± 1.6 Ma in the
south, downsection. These samples are distributed over .1 km of stratigraphic thickness,
so it is likely that the samples reflect a fossil partial annealing zone (Gleadow et al., 1986).
Thus, these >12 Ma AFT ages and others located along strike (samples AZ091, AZ092,
AZ093; Bochud, 2011, and N2) are likely to reflect isothermal holding within the partial
annealing zone rather than cooling.
Besides those >12 Ma AFT ages on the northern portion of the Eastern Greater Cauca-
sus whose ages are attributed to isothermal holding in the partial annealing zone, the only
other sample with a Cenozoic AFT age >12 Ma is sample S1 (Fig. 7.1; Fig. 7.2, Salavat
transect). This sample is notable because its AFT age (15.5 ± 4.3 Ma) is greater than its
mean ZHe age (10.3 ± 3.7 Ma; Fig. 7.1) despite the fact that the nominal closure tempera-
ture of the ZHe system is greater than the nominal closure temperature of the AFT system
(e.g., Reiners, 2005; Donelick et al., 2005). Thermal modeling of this sample suggests that
cooling began around 12 Ma (Fig. 7.5b). Given the thermal modeling results and the pecu-
liar ages of this sample, S1 does not provide compelling evidence for deformation within
the Eastern Greater Caucasus beginning before 10-12 Ma. We thus regard the 10-12 Ma
estimate from extrapolating current convergence rates as a good working hypothesis for the
age of initiation of shortening in the Eastern Greater Caucasus.
7.5.2.2 Initiation of slip on the present basal detachment
7.5.2.2.1 Constraints from foreland basin deformation and stratigraphy
The present basal detachment controls deformation within the Miocene to Quaternary
strata observed along the southern margin of the Eastern Greater Caucasus, so any de-
formation of these strata must post-date the initiation of slip on the present basal detach-
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ment. Several stratigraphic lines of evidence can be used to bracket the onset of defor-
mation on the modern basal detachment. In the Agsu transect (Fig. 7.1; Fig. 7.2, Agsu
panel), deformed Eocene to Miocene turbidites (EMtb) are unconformably overlain by
less-deformed, younger strata, the oldest of which is Upper Miocene (MPss), of the Pon-
tian regional stage (Voronin et al., 1959; Nalivkin, 1976) that was deposited 7.0 – 5.5 Ma
(Jones and Simmons, 1998). The age of this unconformable deposition indicates that at
least some deformation of the Eocene to Miocene turbidite strata occurred before the latest
Miocene.
An indirect means of constraining the age of the present basal detachment is by de-
termining when the previous basal detachment was active. The Zangi thrust represents
the basal detachment of the Eastern Greater Caucasus accretionary prism that was active
before the present detachment. Previous geologic mapping reveals that the Basgal nappe
thrust sheet, the southernmost preserved remnant of the Zangi thrust (Fig. 7.2, Lahij tran-
sect; Fig. 7.6), structurally overlies strata of Upper Miocene age of the Sarmatian regional
stage (Khain and Shardanov, 1960), which was deposited between 10.5 and 8.2 Ma (Jones
and Simmons, 1998). It is unlikely that the tip of the previous basal detachment would
continue to advance after establishment of a new basal detachment. Thus, 10.5 Ma is an
upper age bound on the establishment of the present basal detachment.
7.5.2.2.2 Constraints from thermochronometry
Vandam Zone thermochronometry samples L1 – L6 are in the thrust sheet directly overlying
the modern basal detachment, so their cooling histories may disclose the timing of accretion
of this thrust sheet to the Eastern Greater Caucasus accretionary prism. All six samples have
mean AHe ages <4 Ma, and sample L2 also has an AFT age of 88.4 ± 5.7 Ma (Avdeev,
unpublished). Thermal modeling of sample L2 indicates that the sample underwent∼90◦ C
cooling, or 3.0 – 4.5 km of exhumation at a geothermal gradient of 20-30◦ C, since ∼6 Ma
(Fig. 7.5a). This exhumation likely resulted from slip on the normal fault that bounds the
north end of the Vandam Zone tectonostratigraphic package or from a combination of slip
on that fault and on the modern basal detachment (Fig. 7.6). Slip on the normal fault that
bounds the Vandam Zone package is likely to post-date initiation of slip on the present basal
detachment for two reasons. First, the orientation of the normal-fault footwall suggests that
folding as a result of propagation of south-directed thrust faults preceded normal fault slip.
Second, if the modern basal detachment was already established, then slip on the observed
normal fault would result in the toe of the accretionary prism being propagated forward,
which is a common occurrence in prisms (Hosseini-Barzi and Talbot, 2003). The breaking
of a new basal detachment may have provided the change in stress state that caused the
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formation of the observed normal fault. Because we infer that slip on the normal fault
that bounds the northern extent of the Vandam Zone tectonostratigraphic package is likely
to have followed initiation of slip on the modern basal detachment, the 6 Ma initiation of
exhumation in sample L2 is a lower bound on the age of the modern basal detachment.
Thermochronometry and cross-cutting relationships yield compatible estimates of the
initiation of slip on the present basal detachment of the Eastern Greater Caucasus. Upper
Miocene deposits of age 10.5 to 8.2 Ma that were thrust over by the previous basal detach-
ment provide an upper bound of the age of the presently active detachment. Uppermost
Miocene deposits of age 7.0 to 5.5 Ma that unconformably overlie a sequence deformed
above the present basal detachment provide a lower bound on the age of the active detach-
ment. Thus, cross-cutting relationships indicate that slip on the modern basal detachment
must have initiated between 10.5 and 5.5 Ma. Thermochronometry results from the thrust
sheet that overlies the present basal detachment imply that slip on the modern detachment
began prior to 6 Ma. Thus, the initiation of slip on the modern basal detachment is brack-
eted to between 10.5 and 6 Ma.
7.5.2.3 Strain partitioning between the basal detachment and the prism interior
through time
Our mapping and structural interpretation of the Eastern Greater Caucasus indicate that
folding and small-offset thrust faults play an important role in accommodating shorten-
ing within the range. This observation raises questions about the temporal relationship
between deformation in the prism interior, slip on the basal detachment, and accretion of
material to the toe of the prism. Specifically, does accommodation of shortening proceed
temporally from the core of the prism toward the toe or does the shortening rate remain
uniform throughout the prism even as new material is accreted to the toe? Here, we discuss
the constraints from thermochronometry and cross-cutting relationships on the temporal
relationship between shortening and accretion in the Eastern Greater Caucasus prism.
7.5.2.3.1 Constraints from thermochronometry
Given the timing of accretion of the Vandam Zone tectonostratigraphic package inferred
above (>5.5 Ma), we can use our thermochronometry results (Fig. 7.1, Tables 7.1, 7.2,
7.3, 7.4) to test whether deformation occurred in the range interior after accretion to the
toe. Most of the sample mean AHe ages observed in the turbiditic core of the Eastern
Greater Caucasus are <5.5 Ma (Fig. 7.1), requiring at least ∼60◦ C cooling or 2-3 km
of exhumation assuming a geothermal gradient of 20-30◦ C, after Vandam Zone accretion
and initial slip on the current basal detachment of the range. However, such cooling and
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exhumation could occur passively as the result of slip on the current basal detachment at
depth. Here, we use the geometric relationships of measured thermochronometric ages as
a test for deformation following cooling.
A notable feature of the measured thermochronometric ages is the inverted age-elevation
relationships observed in subvertical transects in the deformed, turbiditic (Jotb) core of the
range (Fig. 7.7). Given the lack of Cenozoic volcanism in the Eastern Greater Cauca-
sus (e.g., Nalivkin, 1976), these ages most likely result from exhumation. However, ex-
humation of a rigid block results in increasing thermochronometric ages with increasing
elevation (e.g., Farley et al., 2001), which is the opposite of the negative age-elevation re-
lationship observed in our transects (Fig. 7.7). Thus, one alternative explanation is that the
transects were rotated during folding after their thermochronometric ages were set. If so,
such folding would post-date accretion of the Vandam Zone tectonostratigraphic package
and initiation of slip on the modern basal detachment.
We undertook a simple test to determine whether post-cooling folding of the ther-
mochronometry transects in the core of the range is a reasonable explanation for their in-
verted age-elevation relationships (Fig. 7.12). For each vertical transect, we tested a range
of paleo-orientations rotated about a horizontal axis parallel to the strike of the orogen,
which is the approximate orientation of most fold axes observed and inferred in the range
(Fig. 7.12). The samples of a given vertical axis are treated as being attached to a rigid,
rotating block. For each candidate paleo-orientation, the age-elevation relationship among
the samples implies an exhumation rate for the transect (e.g., Brandon et al., 1998; Farley
et al., 2001). We then test the implied exhumation rate against independent estimates of
exhumation rates in order to determine which candidate paleo-rotations are plausible (Fig.
7.12a-c). Below, we show that the samples from the Haput (Fig. 7.12a) and Salavat (Fig.
7.12b) vertical transects are both fit by reasonable paleo-orientations, as are the samples
from a closely spaced horizontal sampling transect near Lahij (Fig. 7.12c).
Haput Transect
For the Haput transect (Fig. 7.1; Fig. 7.2, Salavat panel; Fig. 7.12a), independent
estimates of cooling/exhumation rate are provided by two samples with both AHe and
AFT ages (samples H3 and H5; Fig. 7.1), which the exhumation rates implied by candidate
paleo-orientations can be tested against. Assuming that the measured AHe and AFT ages
result from cooling beneath the nominal closure temperatures of 110◦ C and 60◦ C, then
the difference between the ages of each system reflects the time required for 50◦ C of
cooling. Sample H3 has a sample mean AHe age of 4.4 ± 0.8 Ma and an AFT age of
8.2 ± 1.1 Ma, so the difference between the two systems is 3.8 ± 1.4 Myr, equating to
a cooling rate of 10-21◦ C/Myr or 0.33-1.05 mm/yr for a geothermal gradient of 20-30◦
213
Figure 7.12: Results of thermochronometric folding tests for vertical and horizontal ther-
mochronometry transects in the Eastern Greater Caucasus. (a) Results for the Haput tran-
sect. From top to bottom, panels indicate cross sectional view of the current orientation
of the samples (samples shown in red, bedding measurements in black; dashed line shows
overall bedding orientation); cross sectional view of the orientation of the samples on de-
position inferred from mapped bedding planes; plot of age/elevation relationship for the
sample thermochronometric ages (blue – AHe; red – AFT) as a function of rotation from
their depositional orientation about a horizontal, WNW-trending rotation axis perpendicu-
lar to the displayed cross sections. On the plot of age/elevation relationship, age/elevation
slopes of less than zero, which could not be formed except by post-cooling rotation, are
grayed out. Green boxes indicate permissible age/elevation slopes based on independent
constraints, where applicable. (b) Results for the Salavat transect, all plots equivalent to
(a). (c) Results for the horizontal Lahij transect, all plots equivalent to (a). (d) Timeline
of folding and exhumation inferred from the three transects. Gray bars mark transitions
between distinct periods of folding and exhumation recorded in the transects. The width
of the bar indicates the range of time in which the transition may have occurred. Bedding
symbols are described in a key below the plot.
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C. Sample H5 has a sample mean AHe age of 3.1 ± 0.4 Ma and an AFT age of 7.5 ±
1.3 Ma, with a difference of 4.4 ± 1.4 Ma, and resulting cooling and exhumation rates
of 9-17◦ C/Myr and 0.3-0.85 mm/yr. The exhumation rates suggested by paired AHe and
AFT ages from these two samples are in close agreement with one another and indicate
∼0.3-1.0 mm/yr exhumation of the samples in this transect at the time they cooled (Fig.
7.12a). For the range of candidate paleo-orientations considered for the Haput transect,
orientations from θ = 10◦ to θ = -20◦ (10◦ NNE dip to 20◦ SSW dip) have AHe and AFT
age-elevation relationships that are consistent with the inferred permissible range of ∼0.3-
1.0 mm/yr (Fig. 7.12a). Thus, the observed ages of the Haput transect are consistent with
cooling when the sampled strata were approximately flat lying until 3.1± 0.4 Ma followed
by post-cooling folding into their present orientation, dipping ∼47◦ toward the NNE (Fig.
7.12a, 11d). Such folding could accommodate as much as 32% horizontal shortening (1 –
cos 47◦) over the area it occurred.
Salavat transect
Rotating the Salavat sample AFT ages, which range from 6.1 to 15.5 Ma, results in
several candidate paleoorientations that have positive age-elevation relationships, as are
expected from exhumation (Fig. 7.12b; e.g., Farley et al., 2001). The exhumation rates
implied by age-elevation relationships of paleo-rotated samples for the Salavat transect
are all significantly lower than the exhumation rates inferred for Haput, however. In the
Salavat transect, the positive age-elevation slopes that follow from rotating the samples are
all <0.15 mm/yr (Fig. 7.12b). Such exhumation rates are significantly lower than present
exhumation rates of the Salavat transect, which are constrained by the mean AHe age of
sample S3, 3.3 ± 0.13 Ma, to be ∼0.6 to 1.0 mm/yr (Fig. 7.1; Tables 7.1, 7.2, 7.3, 7.4).
We thus infer that the Salavat samples underwent a two-stage cooling/exhumation history
that began with slow rates and then accelerated. The sample AFT ages could have attained
a positive age-elevation relationship at a paleo-orientation angle of θ = -140 to -150◦ (dip
angle of 40◦ to 30◦ NNE overturned; Fig. 7.12b). Such a paleo-orientation differs only
20 - 30◦ from the present day orientation of θ = -121◦ (dip of 59◦ NNE overturned; Fig.
7.12b; Fig. 7.2, Salavat transect) and is comparable to the orientation of many overturned,
south-younging fold limbs observed in the Jurassic to Cretaceous thinly bedded sandstone-
shale sequences of the Eastern Greater Caucasus (Figs. 7.6, 7.9; Fig. 7.2, Lahij transect,
Salavat transect). The post-cooling, 20 - 30◦ top-to-the-north rotation then required for the
Salavat thermochronometry transect to reach its current orientation (Fig. 7.12b, d) could
be explained by transport up the basal detachment ramp that underlies the transect. Riding
up such a ramp can also explain the increase in exhumation rate inferred for the samples
between when the AFT ages were set and the present (Fig. 7.12d).
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Lahij transect
In order to check that the paleo-rotation test we apply here produces sensible results,
we also applied the technique to a set of closely-spaced, horizontally arrayed samples in
the Lahij mapping transect (L1-L5; Fig. 7.12c). These samples have mean AHe ages
ranging from 1-3 Ma (Fig. 7.1; Tables 7.1, 7.2), and are located in the footwall of the
normal fault that bounds the northern extent of the exposed Vandam Zone tectonostrati-
graphic package (Fig. 7.12c, Fig. 7.2, Lahij transect). The samples are inferred to have
cooled during slip on this normal fault and/or during accretion of the Vandam Zone pack-
age to the Eastern Greater Caucasus prism, as discussed above. The present vertical and
south-younging orientation of the fold limb from which the samples were collected likely
resulted from fault-propagation folding and is inferred to have been attained prior to cool-
ing. Thus, the paleo-rotation technique should reveal that cooling in the present orientation
is consistent with inferred exhumation rates. An independent constraint on exhumation rate
for the Lahij samples is provided by thermal modeling of sample L2, which has an AFT
age of 88.4 ± 5.7 Ma and an AHe age of 2.85 ± 0.2 Ma (Avdeev, unpublished). Mod-
eled time-temperature pathways for this sample indicate 90◦ C of cooling since 6 Ma (Fig.
7.5a), equivalent to an exhumation rate of 0.5 to 0.75 mm/yr at geothermal gradients of
20-30◦ C. Comparing the age/elevation slopes attained by paleo-rotation of the Lahij AHe
ages to this independent estimate of exhumation rate indicates that cooling in the present
orientation is consistent with the independently estimated exhumation rates (Fig. 7.12c).
This result validates the paleo-rotation method (Fig. 7.12).
Summary of thermochronometric evidence
Paleo-rotation modeling of the three thermochronometry sample transects (Haput, Sala-
vat, Lahij; Fig. 7.1) yields new insights into the exhumation and deformation history of
each region. The thermochronometric ages of the Haput transect reflect cooling in a flat-
lying orientation, after which the transect was rotated into its present, moderately north-
dipping orientation by post-cooling folding (Fig. 7.12a, d). The cooling ages of the tran-
sect, which are 3.1 ± 0.4 Ma and greater (Fig. 7.1; Tables 7.1, 7.2), place an upper bound
on the age of the post-cooling folding, indicating that the folding occurred after 3 Ma (Fig.
7.12d). The AFT ages of the Salavat transect are consistent with exhumation at rates of
0.02 – 0.05 mm/yr in a gently NNE-dipping, overturned orientation until after 6.1 Ma (Fig.
7.12b, d). Following this slow cooling, the rocks of the Salavat transect were rotated 20-
30◦ northward into their present, moderately NNE dipping and overturned orientation (Fig.
7.12b, d). In addition, an AHe age of 3.3 ± 0.13 Ma from sample S3 shows that exhuma-
tion rates increased to an average of 0.6 – 1 mm/yr from 3 Ma until the present (Fig. 7.12d).
The northward rotation of 20-30◦ and increase in exhumation rates are both consistent with
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tectonic motion up the ramp in the present basal detachment that the transect overlies (Figs.
7.9, 7.11, 7.12d). The AHe ages of the samples in the Lahij transect are consistent with
cooling in their present orientation, which matches our interpretation based on the struc-
tural geometry of the Lahij mapping transect (Figs. 7.6, 7.11, 7.12c, d). The fact that
folding of the Haput transect occurred after 3 Ma indicates that internal deformation in the
core of the range above the Zangi thrust was still active after accretion of the Vandam Zone
and initiation of slip on the present basal detachment, which is inferred to have occurred
>6 Ma, as discussed above (Fig. 7.12d).
7.5.2.3.2 Constraints from stratigraphy
Cross-cutting relationships between faults and sedimentary strata can provide constraints
on the timing of deformation in different parts of the Eastern Greater Caucasus accre-
tionary prism. One such constraint comes from deformation of Quaternary foreland-basin
strata along the southern margin of the Eastern Greater Caucasus from the longitude of
Ismaili to the west (Forte et al., 2013). Based on the inferred shortening of a 0.88 – 1.8 Ma
regional unconformity during slip on the basal detachment, Forte et al. (2013) concluded
that deformation of Quaternary sediments at the toe of the Eastern Greater Caucasus prism
has accounted for 83-100% of shortening accommodated within the prism since 0.88-1.8
Ma. Our new structural model permits assessment of whether such a shortening pattern
has persisted over the entire history of the orogen (Fig. 7.11). Within the Eastern Greater
Caucasus, uppermost Cretaceous strata are offset by ∼25 km on the modern basal detach-
ment and ∼25 km on the Zangi thrust, the inferred previous basal detachment (Fig. 7.11).
Because both the Zangi thrust and the modern basal detachment are inferred to terminate in
fault-propagation structures at the surface (Figs. 7.3, 7.6, 7.11), these offsets imply that a
total of 50 km of shortening has been accommodated by folding and small-offset faulting of
Cenozoic strata near the toe of the prism. Given that total tectonic convergence in the range
is ∼120 km (van der Boon et al., 2018, Fig. 7.11), deformation of Cenozoic strata near
the toe of the prism accounts for ∼42% of shortening, whereas folding and faulting within
the Mesozoic core of the range is estimated to account for 58% of shortening (Fig. 7.11).
Of the 50 km of shortening accommodated within Cenozoic hanging walls of the Zangi
thrust and modern basal detachment, the 25 km associated with the Zangi hanging wall is
likely to have occurred while the Zangi thrust was the active basal detachment, before 6
Ma, whereas the 25 km associated with the hanging wall of the modern basal detachment
is likely to have occurred since 6 Ma. Thus, the rate of shortening within Cenozoic strata
near the toe of the prism is roughly constant on timescales of ≥ 6 Myr. Therefore, the
situation inferred by Forte et al. (2013), in which shortening of Quaternary strata accounts
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for 83-100% of Eastern Greater Caucasus shortening since 0.88-1.8 Ma is likely a transient
pulse of deformation in the toe of the prism.
7.5.3 Implications for tectonics of the Greater Caucasus and the Arabia-
Eurasia collision zone
7.5.3.1 Along-strike variation in the magnitude of shortening accommodated within
the Greater Caucasus
The Greater Caucasus represents an important region of strain accommodation within the
Arabia-Eurasia collision zone (e.g., Cowgill et al., 2016) and is also valuable as a natural
laboratory for the initiation of continental collision (Mumladze et al., 2015, Tye et al., sub-
mitted). In order to refine our understanding of the tectonic history of the Greater Caucasus,
we compare our structural interpretations and shortening estimates for the Eastern Greater
Caucasus with structural (Cowgill et al., 2016; Trexler, 2018) and paleomagnetic (van der
Boon et al., 2018) shortening estimates for other parts of the Greater Caucasus. The Greater
Caucasus shows marked along-strike variations in width, structural style, and exhumation
depth (Forte et al., 2014). Structural models of the western Greater Caucasus indicate the
accommodation of ∼230 km of shortening (Trexler, 2018), while paleomagnetic vertical-
axis rotations indicate 200-280 km shortening (van der Boon et al., 2018). Our structural
model for the Eastern Greater Caucasus is consistent with 120 km of shortening inferred
from paleomagnetic vertical-axis rotations (van der Boon et al., 2018). Thus, structural and
paleomagnetic datasets are in agreement that there is a marked difference in the amount of
shortening accommodated in the western and eastern Greater Caucasus.
The along-strike difference in shortening accommodated within the Greater Caucasus
implies the existence of a strike-slip fault somewhere in the lower plate of the system that
enabled convergence to occur more quickly or for a longer time in the western Greater
Caucasus than in the Eastern Greater Caucasus (e.g., van der Boon et al., 2018). Because
existing shortening estimates for the entire orogen are restricted to western Georgia and
eastern Azerbaijan, there is a vast swath of the central to central-eastern portion of the
Greater Caucasus for which whole-orogen shortening magnitudes are not constrained by
geologic investigation, so it is difficult to pinpoint the location of the lower plate strike-slip
structure (Fig. 7.1a). Because much of the central to central-eastern portion of the range
is similar to our study area in lithology and exhumation depth (e.g., Nalivkin, 1976), we
investigate first-order along-strike variations in shortening by assuming that the central to
central-eastern Greater Caucasus accommodates 50-55% shortening, as in our study area
(Fig. 7.11). Under this assumption, the shortening accommodated is proportional to the
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width of the range. Immediately to the west of our study area, the range widens consider-
ably to a width of >200 km from the southernmost foreland basin fold-thrust structures to
the northern extent of the orogen (Fig. 7.1a). At such a width, assuming the same finite
strain as in our study area, total shortening accommodated by the range >200 km, equiv-
alent to the shortening accommodated in the western Greater Caucasus (Trexler, 2018;
van der Boon et al., 2018). Thus, given our assumptions, a discontinuity in cumulative
shortening exists between the western to central-eastern segments of the Greater Caucasus,
which accommodate >200 km of shortening, and the Eastern Greater Caucasus, which ac-
commodates 120 km of shortening. This discontinuity is the most likely location for the
proposed lower plate strike-slip fault to intersect the Greater Caucasus (Fig. 7.1a). Such
a strike-slip fault has proven difficult to identify, potentially because it may no longer be
active, though two proposed structures that could generate the along-strike differences in
shortening inferred in the Greater Caucasus are the West Caspian fault (Khain et al., 1966)
and the Arax fault (e.g., van der Boon et al., 2018).
7.5.3.2 Evolution of the Arabia-Eurasia collision zone
The Eastern Greater Caucasus is part of the Arabia-Eurasia collision zone, and the timing
and magnitude of shortening that we infer for the Eastern Greater Caucasus have implica-
tions for the evolution of strain accumulation in the region. We infer that deformation in
the Eastern Greater Caucasus began 10-12 Ma. Such timing is consistent with the inferred
initiation of northward subduction in the South Caspian Basin, which sits immediately to
the east of the Eastern Greater Caucasus, at∼10 Ma (Hollingsworth et al., 2008), as well as
the onset of rapid exhumation in the Alborz mountains to the south-southeast of the Eastern
Greater Caucasus at 12 Ma (Guest et al., 2006). The timing of initiation of deformation
in the Eastern Greater Caucasus, South Caspian Basin, and Alborz at 10-12 Ma is distinct
from the timing of deformation in the western Greater Caucasus, which is inferred to have
begun at ∼35 Ma (e.g., Vincent et al., 2007; Adamia et al., 2011a). These differences in
initiation of convergence can be explained by slip on the same strike-slip structure inferred
to be responsible for the difference in shortening magnitude between the Eastern Greater
Caucasus and the western to central-eastern segments of the Greater Caucasus, discussed
above. Such a structure would have been active from 35 Ma or earlier until 10-12 Ma or
later. The initiation of deformation in the Eastern Greater Caucasus, South Caspian Basin,
and Alborz at 10-12 Ma is likely to reflect the earliest strain accommodation to the north of
the Zagros belt in southern Iran, which sits along the Arabia-Eurasia plate boundary (e.g.,
Pirouz et al., 2017).
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7.5.4 Implications for accretionary prism deformation
The constraints on cumulative shortening and the timing of deformation in the Eastern
Greater Caucasus that our data provide have implications for the internal deformation and
evolution of accretionary prisms. This study provides insight into the modes of internal
thickening of prisms, the spatial distribution of strain in prisms, the temporal relationship
between in-sequence and out-of-sequence deformation, and prism growth.
7.5.4.1 Modes of internal thickening of prisms
Our mapping and structural interpretation of the Eastern Greater Caucasus indicate that
folding and small-offset thrust faults play an important role in thickening the accretionary
prism (Figs. 7.6, 7.8, 7.9, 7.11). The marked structural contrast we observe between the
Vandam Zone and northern, turbiditic tectonostratigraphic packages indicates that lithology
plays an important role in the mechanisms of strain accommodation (Figs. 7.6, 7.11).
Because the Eastern Greater Caucasus is dominantly composed of marine sandstone-shale
sequences similar to those accreted to typical prisms (e.g., Moore, 1989), the mechanisms
of deformation observed in the Eastern Greater Caucasus are likely to be characteristic of
typical accretionary prisms.
In the northern, turbiditic tectonostratigraphic package that dominates the Eastern Greater
Caucasus, the deformation style depends in part on the depth to the basal detachment. On
the southern slope of the range, where the Zangi thrust is inferred to be 2-3 km beneath
the surface, close asymmetric folds imply formation as fault-propagation structures above
closely-spaced, south-vergent thrusts that root into the basal detachment (e.g., Suppe, 1990;
Ghisetti et al., 2016). In contrast, in the core of the range and on its northern slope, where
the Zangi thrust dips northward and is located 5-10 km beneath the surface, folds are largely
symmetric and wider, with 90◦ interlimb angles common (Fig. 7.2, Salavat panel; Fig. 7.9).
The symmetry of these folds, as well as the fact that the thickness of over- and underly-
ing sandstone layers is observed in some cases to determine fold wavelength (Fig. 7.2,
Salavat transect), indicates they are more likely to have formed from buckling than from
fault propagation (e.g., Butler et al., 2019). Concomitantly, the thrust faults observed in
the core of the range and inferred to have limited net offsets (Fig. 7.2, Salavat transect)
may be explained as accommodation faults that do not root into basal detachment (e.g.,
Butler et al., 2019). Overall, our structural observations suggest that within 2-3 km of the
basal detachment, deformation is dominated by closely spaced thrusts that root into the
detachment and fault-propagation folding, whereas 5-10 km above the basal detachment,
deformation occurs primarily by buckling and formation of accommodation faults that do
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not root into the detachment.
7.5.4.2 Strain partitioning in accretionary prisms
Our mapping and structural interpretation of the Eastern Greater Caucasus reveal how strain
is partitioned in the orogen between slip on the basal detachment and internal deformation
by folding and small-offset thrusting above the detachment (Fig. 7.11). The previous basal
detachment (Zangi thrust) and the current basal detachment are both inferred to have had
negligible cumulative slip at their terminations at the toe of the accretionary prism. The
negligible offset inferred at the tip of the two basal detachments means that the hanging
walls of the faults are pinned to the footwalls at the toe of the accretionary prism (Fig.
7.11a, b). Thus, the pervasive internal deformation by folding and small-scale faulting that
we observe within the hanging walls of the basal detachments requires a gradual increase in
cumulative offset on the basal detachments moving northward (Fig. 7.11b). At the north-
ward boundary of the region of internal deformation, cumulative offset on the basal detach-
ment equals the total shortening accommodated by the accretionary prism (Fig. 7.11b).
Because the lithologies that constitute the bulk of the Eastern Greater Caucasus orogen are
likely typical for accretionary prisms (e.g., Moore, 1989), the pattern of pervasive internal
deformation and gradually increasing cumulative basal slip from prism toe to prism rear is
likely characteristic of accretionary prisms generally.
7.5.4.3 Temporal relationship between in-sequence and out-of-sequence prism de-
formation
Though deformation in orogenic wedges and accretionary prisms is commonly conceived
of as proceeding forward in the direction of tectonic transport, deformation within the in-
teriors of orogens is required in order to maintain critical taper and drive forward motion
(e.g., Davis et al., 1983; Morley, 1988). The mode of accommodation of such out-of-
sequence, internal deformation in accretionary prisms is largely unconstrained, though slip
on orogen-scale faults has been proposed (e.g., Moore and Silver, 1987). Our dataset from
the Eastern Greater Caucasus provides new insight into how and when accretionary prisms
deform internally (Fig. 7.12). The most significant accretionary event recorded by our data
is the accretion of the Vandam Zone tectonostratigraphic package at or before 6 Ma (Fig.
7.12d), in which a new basal detachment broke along a surface inferred to be the contact
between the Vandam Zone package and its underlying basement (e.g., Green et al., 2009).
Following this event, active folding within the core of the range intensified and/or began
to affect previously undeformed strata (Fig. 7.12a, d; e.g., Espina et al., 1996). There is
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no evidence for the formation of any new range-scale faults in order to thicken the wedge,
though slip on the Zangi thrust would be required to accommodate folding in the range
core (Fig. 7.11). Thus, buckle folding within the turbiditic core of the range appears to be
a primary mechanism of internal prism thickening in the Eastern Greater Caucasus. It may
be that this is due in part to the youth of the Eastern Greater Caucasus prism, with more
mature prisms possibly developing orogen-scale, out-of-sequence thrusts after folding has
become tight to isoclinal throughout the prism (e.g., Butler et al., 2019).
Though critical taper theory implies uniform thickening throughout an accretionary
prism (Davis et al., 1983), pulses of deformation within accretionary prisms, including
compressional and extensional deformation, have been recognized at a variety of timescales
(e.g., Hosseini-Barzi and Talbot, 2003; Davis et al., 2006). The timescales over which
accretionary-prism deformation is unsteady and the causes of this unsteadiness are poorly
constrained, but may have implications for accretion processes or hazards (e.g., Davis et al.,
2006). Combining our results with previous interpretations of deformation within the East-
ern Greater Caucasus (Forte et al., 2013) yields insight into the timing and nature of such
pulses in the Eastern Greater Caucasus. As discussed above, Forte et al. (2013) infer that
83-100% of total range shortening over the past 0.88-1.8 Myr has been accommodated by
deformation of Cenozoic strata near the prism toe. We infer that since the most recent
episode of major accretion in the Eastern Greater Caucasus, ≥6 Ma, ∼25 km shortening
has been accommodated within Cenozoic strata near the prism toe. Extrapolating modern
convergence rates of 10-12 mm/yr over the past 6 Myr, a pulse of deformation near the
toe of the prism that accommodates 83-100% of total orogen shortening could only last for
a maximum of 2-3 Myr. Thus, 2-3 Myr is the maximum permissible length for pulses of
shortening in the Eastern Greater Caucasus, which is consistent with the timing inferred for
ongoing deformation in the interior of the range (Fig. 7.12d).
7.5.4.4 Prism growth
Our structural and thermochronometric data record the growth of the Eastern Greater Cau-
casus accretionary prism in the pro-wedge direction and potentially also in the retro-wedge
direction. Growth in the pro-wedge direction is evidenced by the accretion of the Vandam
Zone tectonostratigraphic package and initial slip on the modern basal detachment at ≥6
Ma, which is recorded by cross-cutting relationships and thermochronometry (Fig. 7.12d).
We tentatively infer growth in the retro-wedge direction from the fact that the Haput ther-
mochronometry transect suggests that initial folding of the northern portion of the turbiditic
core of the range occurred after 3 Ma (Fig. 7.12a, d). An interesting feature of the current
structural geometry of the range is that, through folding of the turbidites that constitute the
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bulk of the orogen, deformation in the upper plate can propagate to the north without any
major north-vergent faults (Fig. 7.11). Retro-wedge growth of accretionary prisms in this
way may be an important mechanism by which prisms thicken enough to expand in the
pro-wedge direction by accretion.
7.6 Conclusions
The structural and thermochronometric data presented here provide insight into the internal
architecture and deformation history of an active accretionary prism, the Eastern Greater
Caucasus. Balanced cross sections of the orogen reveal that ∼120 km of shortening is
accommodated within the prism, much of which is accommodated by buckle folding in the
core of the range. Slip on the basal detachment of the prism (megathrust) works primarily
to accommodate this internal deformation of the prism, and cumulative displacement on
the basal detachment decreases to zero at the toe of the prism. Thermochronometric data
from the range indicate that out-of-sequence deformation by folding in the core of the
prism proceeds simultaneously with growth of the prism by accretion. Together, these
observations provide a natural example of accretionary prism deformation over geologic
timescales that implicates out-of-sequence folding as a significant mechanism of prism
thickening.
Our data also provide new insight into strain accommodation in the Arabia-Eurasia
collision zone. We infer from the geometry of the Greater Caucasus that an abrupt along-
strike transition in finite strain accommodated within the range occurs immediately to the
west of our study area, with >200 km of range-perpendicular shortening accommodated
to the west of this transition and only ∼120 km accommodated to the east. Whereas de-
formation in the western Greater Caucasus is likely to have begun ∼35 Ma (Vincent et al.,
2007; Adamia et al., 2011a), deformation in the Eastern Greater Caucasus, South Caspian
Basin (Hollingsworth et al., 2008), and Alborz orogen (Guest et al., 2006) began 12-10 Ma.
The later initiation of deformation in the Eastern Greater Caucasus, South Caspian Basin,
and Alborz is consistent with accommodation of all collision-related shortening within the
Zagros orogen to the south prior to 12-10 Ma. The west to east difference in the age of
shortening initiation in the Caucasus, South Caspian Basin, and Alborz also suggests ac-
tivity from 35 Ma to 12-10 Ma on a roughly orogen perpendicular, right lateral strike slip
fault that cut across most or all of the Arabia-Eurasia collision zone.
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This short chapter draws together some of the strands emerging from the content chapters of
the dissertation and then discusses some of the significant contributions of the dissertation.
The dissertation includes three broad foci. Chapters 2 and 3 introduce and develop a new
statistical method that can be used to better interpret the sediment provenance record of to-
pographic growth, changing sediment routing, and exhumation in orogens. Chapters 4 and
5 develop a new method for interpreting the record of paleoseismic slip events on bedrock
normal fault scarps, which is likely to be of use in constraining the spatial and temporal
distribution of strain in continental orogens on 1,000 - 10,000 year timescales. Chapters 6
and 7 use a combination of structural geologic mapping, geo- and thermochronometry, and
foreland basin stratigraphy to investigate the evolution of an orogen transitioning from sub-
duction to collision, the Greater Caucasus. Together, the chapters present an account of the
evolution of an orogen undergoing a key transition in the plate tectonic cycle and present
several new techniques that are likely to be of interest in characterizing the evolution of
other orogens.
8.2 Contributions
8.2.1 Interpretation of detrital geochronology data
The new statistical technique presented in Chapters 2 and 3, Bayesian Population Corre-
lation (BPC), makes significant progress toward resolving a longstanding issue with in-
terpreting detrital geochronology data. Specifically, because most detrital geochronology
datasets are complex and multi-peaked, geological interpretations of the data are limited
by how representative a detrital geochronology age sample is of its population (Andersen,
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2005; Pullen et al., 2014; Ibañez-Mejia et al., 2018; Tye et al., 2019). The representa-
tiveness of a sample increases with sample size, but at typical detrital zircon sample sizes
significant uncertainty persists in inferring population characteristics from samples. BPC
addresses this issue by using a Bayesian method to estimate the uncertainty of a popula-
tion age distribution inferred from a sample (Tye et al., 2019). Although the distribution of
ages in a smaller sample may not be accurately representative of the sampled population,
the inferred uncertainties will be greater, and the true population distribution is typically
included in the envelope of permissible age distributions inferred for a given sample (Tye
et al., 2019). The ability of BPC to account for sampling-related uncertainties in detrital
geochronology age distributions means that samples of differing size can be quantitatively
compared to one another in an unbiased fashion for the first time. BPC also permits new
quantitative estimates of detrital zircon mixing and dilution in sedimentary systems.
8.2.2 Interpreting the paleoseismic slip history of bedrock fault scarps
Chapters 4 and 5 present a new method for inferring the number of earthquake ruptures
over which a bedrock normal fault scarp was exposed and the extents of the rupture patches.
Such a method may be used to quickly and inexpensively assess first order aspects of the
slip history of a bedrock normal fault scarp and potentially target portions of the scarp for
subsequent analysis (Tye and Stahl, 2018). In regions of distributed continental deformation
where bedrock normal fault scarps are associated with a significant portion of active faults,
such as the Apennines, this technique may provide insight into the spatial and temporal
distribution of continental strain on 1,000 - 10,000 year timescales.
8.2.3 Sedimentary record of continental collision
Chapter 6 uses the Greater Caucasus as a natural laboratory in which to determine the sed-
imentary response of an orogen to continental collision. Determining the timing of initial
collision in mature collisional orogens is key to testing hypotheses about the effects of col-
lision on climate, ocean circulation, species migration, topography, and the consumption of
lithosphere. In the case of Earth’s largest collisional orogen, the India-Asia collision zone,
a consensus regarding the timing of collision has not been reached because of uncertainties
about how the stratigraphic record is correlated with the transition to collision. The Cauca-
sus is a young orogen currently transitioning from subduction to collision and has excellent
preservation of foreland basin stratigraphy, making it an ideal location in which to constrain
the stratigraphic record of collision. Chapter 6 outlines a set of sedimentary responses to
collision in the Caucasus, including the temporal offsets between these responses, and cor-
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relates changes in sedimentation with other records of the timing of collision, including
geodetic records and paleomagnetic records. Our results show that the initial entrance of
thinned lower plate continental lithosphere into the subduction zone, which marks the be-
ginning of the transition to collision, preceded plate kinematic and exhumational effects of
collision in the Caucasus by between 3 and 10 Myrs. Changes in plate convergence rates
and accelerated exhumation inferred to be caused by collision coincide with the initiation
of erosion in the foreland basin between the two colliding continents and the development
of an axial drainage network in the basin.
8.2.4 Internal deformation within an active accretionary prism
Chapter 7 uses a combination of structural geology and thermochronometry to investigate
internal deformation within an active accretionary prism, the Eastern Greater Caucasus.
Despite the fact that accretionary prisms are ubiquitous tectonic features that record conver-
gent tectonic deformation and pose significant geologic hazards, the submarine setting of
most accretionary prisms has hampered observation of the processes by which they deform
internally over geologic timescales. Chapter 7 reveals that in the Eastern Greater Cauca-
sus, deformation of the active prism is accomplished largely by folding and minor thrusting
within thinly bedded turbidites that make up most of the orogen. Thermochronometry data
and shortening estimates from the range indicate that such folding continues to occur as the
prism expands by accretion.
8.3 Synthesis and future directions
Together, the chapters of the dissertation enhance our understanding of continental defor-
mation and how that deformation is reflected in the stratigraphic record. The work fore-
grounds the relationship between tectonic deformation of the lithosphere and Earth surface
processes, which together determine what is preserved in the sedimentary rock record.
Because of the complex combination of tectonic and surface processes that determine sed-
imentary records and influence the development of orogenic belts, significant uncertainties
persist in inferences of tectonic deformation from such records. This dissertation illustrates
the promise that Bayesian methods show for interpreting the signals of tectonic processes
in these records.
The work presented here grants insight into the Greater Caucasus as a case example
for subduction zones and the initiation of continental collision. By showing a temporally
coupled record of orogenic deformation and foreland basin sedimentation in the Cauca-
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sus, this dissertation presents a detailed picture of orogenic evolution at an important stage
of development, the transition from subduction to collision. This work advances our un-
derstanding of deformation along convergent margins and of the geologic record of early
collision, which may help to resolve outstanding questions in other collisional orogens.
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APPENDIX A
Supporting information for Chapter 2. Bayesian
Population Correlation: A Probabilistic
Approach to Inferring and Comparing
Population Distributions for Detrital Zircon Ages
A.1 Introduction
This supporting text includes additional discussions of some aspects of our PME and BPC
methods, comparison of BPC to previous methods, and detailed derivations of formulas
for expected values of BPC under several conditions. The MATLAB® scripts mentioned
above are also available at https://github.com/alextye/BPC and are packaged with an intro-
ductory PDF that describes their use in detail. Any updates to the scripts will be available
(and may only be available) at https://github.com/alextye/BPC.
A.2 Effects of logarithmic age and probability scales
In constructing PMEs, we model detrital zircon PDFs with natural, or base-e, logarithmic
scales for probability and for part of the age scale. For ages <1 Ga, we construct basis
functions such that they have equal width in log-age space, meaning resolution is finer at
younger ages and coarser at older ages. For zircons within this age range, a logarithmic age
scale mirrors the proportional relationship between age and analytical uncertainty (Gehrels,
2000). Logarithmic age scales have been used for other radiometric dating systems, as well
(Brandon, 1996). The age scale we implement is discussed in detail in Section 2.2.1.
Using a logarithmic scale to describe probability simplifies the functional forms of
probability distributions. For example, a PDF curve that is Gaussian on a linear probabil-
ity scale is quadratic when using a logarithmic probability scale. Thus, cubic spline basis
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functions are more apt for representing detrital zircon PDFs if a logarithmic probability
scale is used than if a linear probability scale is used. A logarithmic probability scale also
allows preservation of small probability values that might be subject to machine precision
issues and prevents complications to model parameter selection involving unphysical neg-
ative likelihoods. Using a logarithmic probability scale also better preserves the shapes of
minor age peaks.
The PMEs that result from our procedure can be transformed onto linear age and prob-
ability scales. While the transformation from logarithmic to linear probability is straight-
forward, the transformation of logarithmic to linear age requires rescaling PDF age peaks.
On a logarithmic x axis, a fixed interval of age is represented by a decreasing amount of
horizontal space as the age increases. For example, on a logarithmic scale, the interval
from 1-10 occupies more space than the interval 91-100. Thus, when a PDF is transformed
from a linear age scale to a logarithmic age scale, older age peaks will become horizon-
tally narrowed relative to younger age peaks. In order to ensure that all age peaks retain
their respective probability masses through this transformation, the heights of older peaks
must be increased proportional to the narrowing they undergo during the logarithmic age
transformation. The opposite occurs when a PDF is transformed from logarithmic to linear
age space: young age peaks that occupied a large portion of the x axis in logarithmic space
become drastically narrowed and therefore must be much higher (Fig. A.1).
A.3 MCMC Convergence
MCMC convergence in our inference method is facilitated by our problem setup and can
be verified by examination of typical Markov chains. Our problem setup facilitates MCMC
convergence because it assures the existence of a single posterior maximum, simplifying
the optimization used to find the Markov chain starting point. A single posterior maximum
is guaranteed by the distributions of the prior and likelihood in our model space. Each
parameter controls the likelihood of observing a specific and fixed set of sample ages (Fig.
A.2a). The likelihood distribution for each parameter has (at most) one peak because in-
creasing the coefficient increases the likelihood of the observations within the domain of
its basis function, but increasing the coefficient value too much robs probability mass from
other age peaks, driving total likelihood down (Fig. A.2b). If a basis function includes
no observations in its domain, then the likelihood distribution of its associated parameter
will be monotonically decreasing, because adding probability mass to this basis function
reduces the likelihood of all observations. The prior distribution for each parameter is de-
fined to have a single peak centered on the coefficient value needed for a uniform model
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Figure A.1: Peak heights are scaled differently depending on whether a PDF has a linear
or logarithmic age scale (see discussion in Section A.2). (a, b, c) show the same set of
PDFs (a PME inferred for a n = 300 subsample of data from Pullen et al., 2014), plotted on
logarithmic (a) and linear (b) age scales, with a focused view of the 1-10 Ma age range of
the linear age scale (c). The PDFs are inferred using a logarithmic age scale. As discussed
in the text, the random noise visible in the 1-100 Ma range of (a) is increased in amplitude
on a linear age scale (b, c), though these peaks are so narrow that their probability mass (the
quantity of interest in probability distributions) is very small. For comparison, we add a
set of synthetic young ages (2.7, 2.8, 2.9, 3.0, 3.1, 3.2, and 3.3 Ma, analytical uncertainties
equal 1% of value) to a random subsample (n = 60; Pullen et al., 2014) and plot the 1-10
Ma age range (linear scale) of the inferred PME (d). It can be seen that when there are
young observed ages, the young age peaks become higher in amplitude than when there






















Figure A.2: Our problem setup greatly simplifies the distributions of likelihood, posterior,
and prior ensuring MCMC convergence is adequately achieved. (a) Because each basis
function is fixed on the x (Age) axis, the value of each coefficient controls the likelihood
of a specific and fixed set of age observations (black dots). (b) The likelihood and prior
distributions the parameter bolded in (a) will each have one peak, leading to a posterior
distribution with a single peak. See text for discussion.
PDF (Eqn. 2.5, Fig. A.2b). Because the prior will have a single peak and the likelihood
has at most a single peak, the posterior distribution for each parameter will have a single
peak. This is true for all model parameters, so the multivariate posterior distribution will
have a single peak.
Examination of typical Markov chains indicates straightforward behavior and efficient
convergence (Fig. A.3). The walker begins at the point of maximum posterior value, but
quickly moves to explore the surrounding region of more moderate posterior (Fig. A.3a).
Over the length of the Markov chain, both log posterior and log likelihood vary randomly
about a central value (Fig. A.3a, b). Model parameters are distributed in a nearly symmetric
fashion about a central point (Fig. A.3c). Our routine saves the likelihood, posterior, and
model parameter data for each PME so that users are free to examine the Markov chains in
more detail.
A.4 Priors for accurate scaling of probability masses
As discussed in Section 2.2.3, the typical variation in each model parameter θi is tuned
such that modeled PDFs have an appropriate level of fit for their sample size n. Here, we
use a longer and more rigorous analogy to substantiate the reasoning presented in the text
for why the probability mass outside of recognized age peaks should be ∼ 1
2n
, where n is
sample size. Consider an urn with blue balls and green balls, where xb is the proportion of
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Figure A.3: Markov chain for typical PME inference. The sample is a n=300 random
subsample of the dataset of Pullen et al. (2014) and the Markov chain has 77,687 steps.
(a) Log posterior plotted against Markov chain step number (offset slightly to the right so
that the initial high posterior values are visible). (b) Log likelihood plotted against Markov
chain step number. Righthand panels of (a, b) show histograms of log posterior and log
likelihood values. (c) Distribution of two representative model parameters (out of 100
total). The parameters chosen for the plot are the most variable parameter (θ1) and the least
variable parameter (θ72). Contours show the density of MCMC steps in each region, and
1,000 (θ72, θ1) pairs were randomly chosen for plotting.
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balls that are blue and xg is the proportion of balls that are green. All the balls are blue or
green, so xb+xg = 1, and balls are selected at random so the probability of selecting a blue
ball, P(b), equals xb, and the probability of selecting a green ball, P(g), equals xg. If a single
ball is drawn at random and it is blue, then it is reasonable to expect that there are more




, or equivalently P(b) is likely to be greater than 1
2
. However, most would agree that
there are limits on what we might reasonably conclude from a single draw. For instance,
it would be unreasonable to conclude that xb & 910 on the basis of this single observation.
Thus, the inequality P(b) > 1
2
represents the limit of our constraint on the likely value of
P(b). Concomitantly, P(g) < 1
2
represents the limit of our constraint on the likely value of
P(g). This constraint can be generalized to other sample sizes. Consider a situation where
n balls are drawn and all are blue. Based on the above logic, we can assert that given this
observation, it is reasonable to expect that the probability of drawing one or more green
balls over n samples, P(g over n samples), is less than 1
2
:




P(g over n samples) can be independently expressed in terms of P(b) and P(g), the probabil-
ities of observing a blue or green ball on a single draw. If n balls are drawn independently,
then the probability of observing only blue balls is P(b)n. Then, the probability of observ-
ing one or more green balls over n independent draws, P(g over n samples), is 1 − P(b)n.
Thus we can rewrite the above:
1− P(b)n < 1
2
(A.2)







To reiterate, this is the limit of reasonable constraint on the likely value of P(b) if n in-
dependent random draws all produce blue balls. Applying this logic to detrital zircon age
distributions, we can treat blue and green balls as equivalent to two age peaks, which we
term age peak A and age peak B. If a sample of n grains contains only grains of peak A,
we conclude that the integrated area underneath peak A in the resulting age distribution




by very much, because this is the limit of the constraint on P(A), or






indicates that the two values, which we conclude are two estimates of the probability mass
234
that should be left unassigned to any recognized age peak in a probability distribution, are
similar.
A.5 Effect of sample size and KDE method on established
zircon correspondence metrics
The sample size bias of existing metrics is well established (Satkoski et al., 2013; Saylor
and Sundell, 2016). Sample size biasing is undesirable in a metric of detrital zircon popu-
lation correspondence because the relative effects of population characteristics (the desired
signal) and sample size on a single metric value are unclear.
Here, we use the same set of resampling experiments that show the lack of sample size
biasing in BPC (Fig. 2.7) to further test the effects of sample size on published detrital zir-
con correspondence metrics. Random synthetic samples are drawn from real detrital zircon
datasets (Pullen et al., 2014; Thomson et al., 2017) and compared using existing metrics.
Cases of both identical and distinct parent populations were used: in the first case, both
random subsamples in each experiment were drawn from the zircon age dataset of Pullen
et al. (2014), and in the second case, one random subsample was drawn from the dataset of
Pullen et al. (2014) and the other was drawn from Thomson et al. (2017). In order to gener-
ate random synthetic samples, we modeled PDF curves for the two complete datasets using
the KDE method of Botev et al. (2010) and sampled zircon ages directly from these PDFs.
These synthetic ages were assigned analytical uncertainty values of 1% of their age for ages
<1 Ga, or 10 Ma for ages >1 Ga, roughly consistent with the analytical uncertainties that
arise from laser ablation ICP-MS analyses of detrital zircons (Gehrels et al., 2008). For
both of these tests, the parent populations remain constant across all sample sizes, meaning
any observed metric variation is solely a function of sampling effects and has no implica-
tions for earth processes. We test sample sizes from n = 60 to n = 400, a representative
range of typical detrital zircon sample sizes, with twenty experiments conducted for each
tested sample size in order to estimate the standard deviation of each metric. Tested metrics
include the test statistics and p-values of the Kologorov-Smirnov (K-S) and Kuiper tests,
which are functions of empirical cumulative distribution functions (CDFs; e.g., DeGraaff-
Surpless et al., 2003; Lawrence et al., 2011; Vermeesch, 2013; Saylor and Sundell, 2016),
as well as Similarity (Gehrels, 2000), Likeness (Satkoski et al., 2013) and Cross Correla-
tion (Saylor et al., 2012, 2013), which are functions of PDFs inferred for detrital zircon
age samples using KDE methods (e.g., Botev et al., 2010; Shimazaki and Shinomoto, 2010;
Vermeesch, 2012). PDF-based metrics calculated using the popular KDE method of Botev
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et al. (2010) are shown in the main text (Fig. 2.7). Here, we test the effect of KDE method
choice on metric value by calculating Similarity, Likeness, and Cross Correlation using two
other KDE methods (Hurford et al., 1984; Shimazaki and Shinomoto, 2010).
For the K-S and Kuiper tests, the test statistics appear to be biased with respect to sam-
ple size in some cases, depending on whether samples are drawn from identical or different
parent populations (Fig. A.4). Such biasing is undesirable for the reasons discussed above.
Test p-values vary uniformly between 0 and 1 for samples drawn from identical parents and
for samples drawn from different parents, p-values decrease with increasing sample size.
The high scatter of p-values suggests that p-values do not scale in a way that makes the
degree of parent population correspondence interpretable. Other authors have found that
p-values are correlated with sample size (Vermeesch, 2017).
PDF-based metrics used to compare detrital zircon data have an added complication,
which is that these metrics, though they are functions of KDE curves, do not specify which
KDE method should be used in their calculation. Therefore, we investigate the effect of
sample size and KDE method on these metrics.
When samples are drawn from identical parent populations (Fig. 2.7b, A.5a), values
of existing PDF-based metrics increase with increasing sample size. Because these sam-
ples are drawn from identical parent populations, metric values closer to 1 are more desir-
able from the perspective of estimating the correspondence between detrital zircon parent
populations. Of the three existing metrics compared, Cross Correlation shows the greatest
change in mean metric value with increasing sample size, regardless of KDE method. Like-
ness consistently shows a somewhat greater sample size dependence than Similarity, and
the values of Similarity are significantly closer to 1 than are the values of other methods,
regardless of sample size and KDE method. For all three metrics, sample size dependence
is most pronounced when calculated using the probability density plot (PDP) method. The
locally adaptive (LA-KDE) method (Fig. A.5a; Shimazaki and Shinomoto, 2010) produces
results that are slightly less dependent on sample size (less change in metric value from
n = 60 to n = 400) than the diffusion based (D-KDE) method (Fig. 2.7b; Botev et al.,
2010). However, the values of the metrics calculated using the D-KDE method are typi-
cally greater and less scattered than the values calculated using the LA-KDE method. To
summarize the case of identical parent populations, the D-KDE method yields less scat-
tered metric values that are closer to 1, but the LA-KDE method results in metric values
less dependent on sample size. Similarity is the metric whose values are closest to the ideal
value of 1 and are the least biased according to sample size of the three metrics (though
some bias is visually apparent).
When samples are drawn from two different populations (Fig. 2.7c, A.5b), the behav-
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Figure A.4: K-S test statistic Dk and Kuiper test statistic V are biased according to sample
size in some cases. (a) For samples drawn from identical parent populations, the K-S
and Kuiper test statistics are biased according to sample size. Resulting p-values (shown
in lower panel for selected sample sizes) are uniformly distributed between 0 and 1, as
expected because in this case the null hypothesis is true for both tests. (b) For samples
drawn from different parent populations, K-S and Kuiper tests appear to be less biased
or unbiased with respect to sample size, and p-values are increasingly less than 0.05, the
cutoff for a significance test at 95% confidence, with increasing sample size. p-values were
calculated using 1,000 experiments per sample size to adequately characterize the uniform
distribution. Subsample sizes used for p-value calculations differ from one another by 4 to
avoid a quantization we observed in Dk and V values from samples with similar size that
lead to spurious p-values distributions.
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Figure A.5: Resampling experiments with PDF-based metrics show that behavior of exist-
ing metrics Similarity, Likeness, and Cross Correlation is influenced by sample size and
choice of KDE method. BPC results (from Fig. 2.7) are shown for reference. (a) Metric
results are shown for when two subsamples of a single population (the dataset of Pullen
et al., 2014) are compared. (b) Results are shown for when subsamples are drawn from two
different populations (the datasets of Pullen et al., 2014; Thomson et al., 2017). Figure 2.7a
shows the parent population datasets. The key shows the plotted metrics, and each panel
has written which method of kernel density estimation is used. Figure 2.7 shows results for
the KDE method of Botev et al. (2010). Where KDE method is indicated, it only applies
to the previously published metrics; BPC does not use a KDE method and is shown for
reference. In (b), note the broken vertical axis, where Cross Correlation plots near zero but
other metrics are shown on a scale of 0.1 to 0.7.
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ior of existing PDF-based metrics is markedly different from the case of identical parent
populations. In the case of different parent populations, values of Cross Correlation are
near zero across the board. Likeness and Similarity both have non-zero value, but Likeness
shows a lesser dependence on sample size than Similarity for all KDE methods. Of the
three tested KDE methods, the PDP method produces the greatest sample size dependence
in Similarity and Likeness, and the D-KDE method minimizes the sample size dependence
of these two metrics. To summarize this case of two different populations, Cross Correla-
tion values are the least sample size dependent because they are uniformly near zero. Of
metrics with non-zero value, Likeness is the least sample size dependent, and the D-KDE
method minimizes the sample size dependence of Similarity and Likeness.
Comparing the results of resampling experiments on identical and different populations
(Fig. 2.7, A.5) yields several insights into the effects of sample size and KDE method
choice on metric values. The fact that Cross Correlation values are near zero for the case
of different parent populations is problematic for the use of Cross Correlation as a met-
ric of degree of correspondence. There is significant overlap between the different parent
populations (Fig. 2.7a), yet this comparison yields the lowest possible values of the Cross
Correlation metric. Therefore, Cross Correlation could not be used to distinguish between
the case of different, but overlapping, parent populations explored here and a case of two
parent populations with no overlap at all. Where parent populations are identical, Sim-
ilarity is the least dependent on sample size of existing metrics and shows the desirable
characteristic of being close to an ideal value of 1. However, in the case of different par-
ent populations, Likeness is the least sample size dependent of the tested existing metrics.
Therefore, there is no single metric that shows the least sample size dependence in the
cases of both identical and different parent populations. The results of our numerical ex-
periments show that there is no single existing correspondence metric and no KDE method
that minimize sample size dependence across all tested scenarios. For a more thorough and
generalized review of these metrics, the reader is directed to Saylor and Sundell (2016).
A.6 Calculation of expected BPC values
Expected BPC values can be calculated, similarly to Λmin (Section 2.3), as a function of
sample size (n1, n2) and the shared proportions of parent populations (f1, f2; defined as
in Fig. 2.8). We consider simplified categorical models in developing the formula for
expected BPC, but the predictions of this formula agree closely with BPC values observed












, n = n1 + n2 (A.4)
Consider detrital zircon samples to be random draws from 3 categories (A, B, C; similar
to the young, middle, and old categories of Fig. 2.8): sample 1 is from a population
containing zircons of categories A and B; sample 2 is from a population that contains
zircons of categories B and C. Category B is the only category of zircons that may be
part of both populations. The respective proportions of populations 1 and 2 drawn from
category B are labeled f1 and f2, and the proportions of both populations that fall into all
categories are as follows:
Category A B C
population 1 1− f1 f1 0
population 2 0 f2 1− f2
Table A.1: Set-up for simplified categorical model for calculating expected BPC. Rows
correspond to two compared populations and columns represent 3 distinct age categories
(similar to Fig. 2.8). Table values show the proportion of each population that falls into
each category.
Assuming that samples are large and parent populations well characterized, simple
probability functions can be constructed for each sample. Because this example is cat-
egorical rather than continuous, probability mass functions are used rather than density
functions. Each category is assigned a probability mass for a particular sample, and for a
single sample the masses must sum to 1. Because the likelihood of observing multiple in-






where P1(A) is the probability mass of category A in population 1, nA1 is the number of
data in sample 1 that are from category A, etc. Because we assume that each sample is large
and therefore reflects the underlying statistics of its parent population, the probability mass
of each category (P(A),P(B),P(C)) is the proportion of data that falls into that category,
such that P1(B) is equal to f1, etc (see Table A.1). Recognizing that P1(A) = 1 − f1,
nA1 = nx1(1− f1), P1(B) = f1, and nB1 = nx1f1, L1 can be restated:
L1 = (1− f1)nx1(1−f1)fnx1f11 (A.6)
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The likelihood of observing sample 2 can be found by replacing P1(B)
nB1 with P2(B)
nB2 ,
etc., and their respective values (see Table A.1).
BPC is based on a comparison of the likelihood that two samples are taken from a joint
distribution with the likelihood that they are taken from two individual distributions (see
Eqn. 2.8). In this categorical model, if we assume that each sample reflects the underlying
statistics of its parent population, then the hypothetical joint population distribution is the
sum of the two sample distributions each weighted by the relative size of the sample, similar









= [x1(1− f1)]nx1(1−f1)(x1f1 + x2f2)n(x1f1+x2f2)[x2(1− f2)]nx2(1−f2)
(A.7)
where LJ is the likelihood of all data of samples 1 and 2 under the joint distribution. Re-







This expression, combined with Eqns. (A.6) and (A.7), can be expanded and some














It can be seen that in the case where there are no zircons in the overlapping age category
(f1 = f2 = 0), Λideal = ln [xnx11 x
nx2
2 ], defined as Λmin, equivalently to Eqn. (2.12).























where all instances of n cancel when evaluating Λideal/Λmin, indicating that BPCideal does
not depend on sample size. The lack of sample size bias shown by BPC in resampling
experiments (Fig. 2.7) corroborates this theoretical finding. It should be noted that Eqn.
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(A.10) will become less accurate as either n1 or n2 becomes small because of the assump-
tion in Eqn. (A.10) that each sample accurately represents its underlying parent popula-
tion. In such cases BPC uncertainties will be large, as well. Additionally, we note that
Eqn. (A.10) makes no prediction about BPC uncertainties, only the expected BPC value,
BPCideal.
As noted above, resampling experiment results are consistent with expected values from
Eqn. (A.10) in virtually all cases. Due to this correspondence between expected and ob-
served values, we suggest that observed BPC values can be used to find ranges of possible
f1 and f2 values by numerical solution of Eqn. (A.10). If the value of f1 or f2 can be as-
sumed, the value of the other can be solved for uniquely. Given a single fluvial system with
two samples collected such that the contributing catchment of the upstream sample is com-
pletely contained within the catchment of the downstream sample, the portion of zircons
in the downstream sample that originated in the upstream catchment can be expressed by
zrd. In this situation, f1 is 1 because any zircons in the upstream sample could theoretically
be passed to the downstream sample, and f2 is mathematically equivalent to zrd, allowing












Estimates of zrd can be obtained from this equation by substituting a calculated BPC
value for BPCideal and solving numerically for zrd, though such an estimate is subject to
many assumptions. This estimate of zrd assumes that the upper and lower catchments
contain zircon sources of entirely distinct age. In practice, this is not true in many cases,
so BPC-derived zrd estimates should usually be taken as upper bounds on the proportion
of zircons in the downstream sample that originated in the upper catchment. It is also
important to note that these zrd values are agnostic as to the physical process responsible
for the transmission or lack thereof of zircons through a sedimentary system. For instance,
a low zrd value may indicate that zircons from the upstream catchment became trapped in a
swamp or other low energy environment on their way to the downstream catchment sample
locality. In this case, the zrd value would not have any implication for factors such as zircon
fertility, catchment erosion rates, or distance from the upstream to the downstream sample.
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APPENDIX B
Supporting information for Chapter 4. Field
Estimate of Paleoseismic Slip on a Normal Fault
Using the Schmidt Hammer and Terrestrial
LiDAR: Methods and Application to the Hebgen
Fault (Montana, USA)
B.1 Use of BIC vs. AICc in Schmidt hammer data
In addition to the Bayesian Information Criterion, we considered using AIC/AICc (Akaike,
1998, with correction by Sugiura (1978)). However, we prefer the BIC for model selection
in this situation due to the slightly different uses of the criteria and our aims. Burnham and
Anderson (2004) note that models selected by AIC tend to reflect the activity of a multitude
of processes of decreasing, but still finite, importance. In contrast, BIC is preferred when
data are determined by a small number of processes, all of which have substantial influence.
In some situations AIC may be seen as over-fitting, while in other situations BIC may
under-fit data. We choose to use BIC because we want to distinguish between first-order
processes shaping Schmidt hammer R-values, rather than develop a comprehensive model
that can predict R-values.
B.2 Exponential curve-fitting
All possible combinations of break points were examined. The attenuation length λ for
all exponential functions was taken to be constant and was calculated to be ∼1.1 m. This
calculation reflects the assumptions that cosmic rays influencing the samples of Zreda and
Noller (1998) were traveling through a colluvial wedge with density 1.5 g cm−3 adjacent
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to a fault scarp dipping at 65◦. The apparent attenuation length in terms of g/cm2 was
taken from (Schlagenhauf et al., 2010, their Figure A2d), using a flat colluvial wedge for
simplicity. Our analysis assumes that the height of the colluvial apron on the fault scarp
has not changed over time. Topography is ignored on the side of the valley opposite the
fault scarp, which is estimated to have blocked cosmic rays of incidence angle far less than
30◦ from the sample site, and would have had a negligible effect on attenuation length at
the sample site. Our analysis also ignores the effects of cosmic rays penetrating from the
top of the fault scarp.
For a given exponential ‘step’, there are two parameters to estimate: the age offset y0
and the coefficient of the exponential function A. For a given age offset and set of observed
ages, the maximum likelihood value of A can be calculated by an analytical expression that
weights each observed age according to the inverse of its analytical uncertainty, as reported
in Zreda and Noller (1998) (Fig. 4.8A). The best-fit coefficient A is subsequently modified
in order to ensure that the overall function is both continuous and monotonically increasing.
The modified best fit coefficient A is then used to calculate L2 misfits for the given observed
ages, incorporating weighting by the inverse of each analytical uncertainty. L2 misfit is
therefore a function of age offset y0 for a given set of apparent ages. Candidate values
for the age offset y0 of each exponential step are perturbed simultaneously, minimizing the
possibility of an erroneous result arising from the modification of A. The set of y0 values
that minimizes the L2 misfit is found by a pattern search algorithm, regardless of whether
or not weighting by analytical uncertainty is incorporated into the model (Fig. 4.8B).
We used both Bayesian and Corrected Akaike Information Criteria (BIC and AICc;
Akaike, 1998; Sugiura, 1978; Schwarz et al., 1978) to assess the best-fitting stepwise ex-
ponential functions. In our models, some slip patches initially contained only a single
observed age, which is geologically unlikely and not statistically robust. When our analy-
sis mandates that each slip patch must contain at least 2 observed ages, BIC and AICc both
suggest that a model with 2-3 slip patches is preferred (Fig. 4.8B).
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Figure B.1: Full-size photograph of the Hebgen fault exposure showing string line and
orange flagging to locate Schmidt hammer sample locations every 0.25 m.
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and N. Solov’eva (2007), Geochemistry and geochronology of the Neoproterozoic Pan-
African Transcaucasian Massif (Republic of Georgia) and implications for island arc
272
evolution of the late Precambrian Arabian–Nubian Shield, Gondwana Research, 11(1-
2), 92–108.
Zhuang, G., Y. Najman, S. Guillot, M. Roddaz, P.-O. Antoine, G. Métais, A. Carter,
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